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The Aleutian arc through and through: 
Subduction dynamics and the generation, storage, 
and eruption of hydrous magmas 
 
Daniel J. Rasmussen 
 
Volcanic arcs are the primary seat of subaerial volcanism and where continental crust is 
created. Since the advent of plate tectonics theory in the last half century, many of the processes 
that govern arc magmatism have been described in detail. However, understanding the 
development and eruption of upper crustal magma reservoirs remains a fundamental challenge. 
Here we develop and implement new geochemical approaches, and combine our results with those 
from other disciplines, to explore the location, formation, and eruption of upper crustal magma 
reservoirs, with the ultimate goal of linking these processes to the underlying process of plate 
tectonics. Our study area is the central-eastern Aleutian arc, one of the most volcanically active 
regions on earth, where significant along-strike variability in subduction parameters, magma 
compositions, and volcanic activity exists. 
 To advance understanding of magma reservoirs, it is essential to hone our tools for gauging 
magma depth. Melt inclusion analysis is the first in the toolbox for petrologists, but recent studies 
have raised questions about the accuracy of this approach. Vapor bubbles commonly form in melt 
inclusions after entrapment. These bubbles may sequester a substantial portion of the total volatile 
contents of the melt inclusion, which is problematic because depth estimates are based on melt 
volatile contents. In Chapter 1, we explore vapor bubble growth in melt inclusions by describing 
the processes, and their timescales, that lead to bubble growth and developing new methods to 
retrieve accurate depth estimates from melt inclusions. Our new methods have situational 
strengths. In concert, they enable extraction of reliable depth information, unlocking the true 
potential of melt inclusions to measure depth. 
 With an improved understanding of melt inclusions, we next investigate eruption run-up. 
During run-up, crustal-scale magmatic systems can be activated, providing a unique opportunity 
to peer into their structure. In Chapter 2, our goal is to study eruption run-up and determine how 
magmas are stored in the months, days, and hours leading to volcanic eruption. As a case study, 
we investigate the 1999 eruption of Shishaldin volcano, of interest because the run-up was months, 
an unusually long duration, and, despite 43 million cubic meters of tephra ejected in the eruption, 
no eruption-related deformation was detected in satellite imagery. We develop a new approach for 
studying run-up that combines diffusion modeling, which gives information on the timing of 
magmatic processes preceding eruption, with melt inclusion analysis, which gives depth 
information. Results are combined with those from shear-wave splitting analysis and other 
geophysical methods. We identify a shallow magmatic system that existed prior to the run-up to 
the 1999 eruption. A substantial fraction of the magma that was erupted was delivered to the 
shallow reservoir ~50 days prior to the eruption. More broadly, our results indicate that open-
system volcanoes, such as Shishaldin, may commonly have long run-up durations. 
 Our work on run-up demonstrates the strength of the forensic approach for studying magma 
reservoirs, but it leads us to question what can be understood in real time. One powerful approach 
for understanding the state and location of magma reservoirs in real time is the study of volcanic 
gas emissions. However, interpretation of gas data is a major challenge. To improve our ability to 
use gas data to understand plumbing systems, and to investigate the shallow magmatic plumbing 
system of an open-vent volcano, we perform a melt inclusion study of the degassing system at 
Cleveland in Chapter 3. We focus on Cleveland volcano, one of the most active volcanoes in the 
US. We develop an empirical degassing model based on melt inclusion data. We use the degassing 
model to interpret gas composition and flux measurements at Cleveland. Our results indicate gas 
emissions are generated in a shallow, convecting magmatic system, which is consistent with 
geophysical observations. 
 After detailing plumbing systems at Shishaldin and Cleveland, we investigate global trends 
in magma storage depth in Chapter 4. Geophysically imaged magma storage depths are mostly ~0-
20 km depths. The reason for the dramatic variability is not well known. We compile geophysical 
estimates of magma storage depth and compare these data to magmatic water contents. The initial 
water content of magma is thought to exert a key control over magma storage depth because as 
magmas ascent, they degas water. Concurrently, melt viscosity increases and crystallization may 
be induced. Both these processes promote slowing of magma ascent. We find a strong correlation 
between magma storage depth and magmatic water contents at the 24 volcanoes that have estimates 
for both. A global compilation of magma storage depths at 97 volcanoes has a distinct mode at 6 
±3 km, which coincides very closely with the average depth at which arc magmas become water 
saturated (6 ±3 km) based on maximum water content estimates from a compilation of 77 
volcanoes. Melt inclusions from the eastern-central Aleutians do not show evidence of degassing 
or diffusive loss of water, indicating that water content is a strong control over magma storage 
depth. The trend exists globally, despite a large range in potential upper crustal controls (thickness, 
age, stress state, etc.). 
 In Chapter 5, we move deeper in the arc to understand the underlying processes of 
subduction and arc magma genesis. Slab depth in the central-eastern Aleutians varies from a near 
global minimum of 65 km in west (near Seguam) to a more common value of 100 km in the east 
(near Shishaldin). The cause for this variability is not well known. The thermal structure of the 
wedge is thought to play a key role in determining where mantle melting occurs, and subduction 
parameters (slab age, dip, velocity, etc.) exert first order controls on wedge thermal structure. 
Therefore, subduction parameters are likely to some extent modulate slab depth. However, the 
mantle-slab coupling depth also has a key influence on the thermal structure of the wedge. 
Therefore, the coupling depth must also play a role in determining slab depth. A potential third 
factor is the extent of lateral melt migration in the wedge. In the central-eastern Aleutians, 
variations in slab depth are reflected in variations in major, trace, and volatile elements. Chemical 
trends are most consistent with a shallow slab-mantle coupling depth of 50 km throughout the 
corridor. Results from slab top thermometry suggest that significant lateral variation is unlikely. 
We speculate that the change in slab depth across the corridor is likely a result of the significant 
decrease in trench fill sediment thickness moving east. 
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The broad strokes of arc magma genesis are well established: hydrated sediment and 
oceanic lithosphere subduct and release fluids and/or solids that drive melting of the overlying 
mantle wedge, generating hydrous arc magmas that ascend to the base of the crust. However, 
understanding the next step of the process, the transport and storage of magmas in the crust, 
represents a fundamental challenge to the study of evolution and eruption of arc magmas. Little is 
known about the relationship between broad scale processes of subduction and the ultimate fate of 
arc magmas in the crust. Here we develop and employ new geochemical tools to address this 
challenge and illuminate the development and eruption of upper crustal reservoirs. This work 
bridges the gap between the origin of volatile-bearing magmas and crustal magmatic processes, 
two big picture problems normally approached separately. We focus on the central-eastern 
Aleutian arc, where there is significant along-strike variability in subduction dynamics, magma 
composition, and volcanism. This work combines analytical, experimental, and numerical 
geochemical approaches, and we integrate our results with those from gas geochemistry and 
earthquake location and source-mechanism analysis. Together these efforts help us address several 
key questions, each comprising a chapter of this dissertation: 
1. What do melt inclusions tell us about magma depth? 
2. How do magmas transit the crust prior to eruption? 
3. Can we determine magma depth in real time? 
4. Where do magma reservoirs form and why? 
5. How do subduction parameters influence melt generation? 
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Slab depth may relate closely to arc magma processes. Variation in slab depth below frontal 
arc volcanoes worldwide (60 km to >150 km; Syracuse and Abers, 2006) leads to profound 
variations in the sub-arc thermal structure of the slab and mantle wedge, controlling H2O flux rate 
from the slab and melt production. For example, increased slab depth leads to progressive slab 
H2O loss (van Keken et al., 2011) and hotter fluids that transport more silicate (Hermann et al., 
2006), if melt transport is predominantly vertical. Thus, slab depth is likely tied to the composition 
of arc magmas, which in turn may control their path through the crust. An ideal location to isolate 
the role of slab depth in arc magmatism is the central-eastern Aleutians (Seguam to Shishaldin, 
172.5-164 °W). Our new work shows that slab depth varies from a near global minimum of ~65 
km (Seguam) to a more typical value of ~100 km (Shishaldin), consistent with earlier work 
(Syracuse and Abers, 2006). Most other subduction parameters (e.g., slab age, velocity) do not 
vary significantly (<10%). Magmas in this corridor have long been known to exhibit a wide range 
of chemical composition, seismicity, and eruptive behavior (Larsen, 2016). How much of this 
variability might originate in the slab?  
 While the Aleutians provide an ideal laboratory for the study of tectonic and magmatic 
processes, a dearth of relevant rock samples and seismic data exist due to the remote locations. 
This motivated our field campaigns in the summers of 2015 and 2016. Our objectives were 
threefold: deploy 12 broadband seismometers in the vicinity of Cleveland volcano for one year, 
collect tephra along the entire corridor, and measure volcanic gas emissions. Cleveland is a focal 
point for our work because it is both highly active and highly understudied. Despite challenging 
weather and field conditions, our fieldwork was an enormous success. We retrieved over 170 rock 
samples, 6 lake cores, gas data from the actively degassing volcanoes, and a year of seismic data 
3 
that spanned multiple eruptive episodes at Cleveland volcano. The majority of the data analyzed 
in this dissertation was derived from these samples. 
 Chapter 1 focuses on improving our ability to probe magma storage depth with melt 
inclusions, which is a widely used approach (Lowenstern, 1995; Danyushevsky, 2002; 
Lowenstern, 2003; Wallace, 2005). However, a fundamental challenge with melt inclusions is that 
they commonly form vapor bubbles. Only in the last few years have studies unequivocally 
demonstrated that the bubbles contain a CO2-rich vapor, and that the vapor likely exsolved from 
the melt inclusion after entrapment (Hartely et al., 2014; Moore et al., 2015; Wallace et al., 2015). 
This issue casts serious doubt on estimates of magma depth derived from melt inclusions that have 
not addressed bubble growth. While methods to correct for bubble formation have been proposed 
(Hartley et al, 2014; Moore et al., 2015; Mironov et al., 2015), the application of each has unique 
challenges and the accuracy of the methods are not well known. Therefore, we explore the 
processes, and their timescales, that lead to bubble growth, and we develop new experimental 
rehomogenization and computational techniques to address this process. As a case study, we 
evaluate melt inclusions from Seguam (Alaska) and Fuego (Guatemala) volcanoes. The results are 
broadly applicable and indicate that a combination of approaches for addressing bubble growth 
should be taken to retrieve the best depth information from melt inclusions. These findings guide 
our subsequent work with melt inclusions. 
 For the remaining chapters, we take a top-down approach to exploring magmatic plumbing 
systems. In Chapter 2, we focus on how magmas transit the crust in the months, days, and hours 
before volcanic eruption. We report on our focused study of the 1999 eruption of Shishaldin 
volcano (Rasmussen et al., 2018), which is compelling for multiple reasons. This sub-Plinian 
eruption had an unusually long phase of seismic activity preceding the eruption, and, despite the 
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43 million m3 of tephra ejected, InSAR data recorded no discernable eruption-related deformation. 
Our study is the first to connect timescale information recorded in chemical zonation patterns in 
crystals with depth information recorded in melt inclusions, which we use along with geophysical 
data to interrogate a previously enigmatic magmatic plumbing system. We established a close 
temporal link between increased seismicity, stress field changes inferred from shear-wave splitting 
analysis, and magma mixing recorded by crystal clocks and a spatial link between earthquake 
locations and melt inclusion depths, confirming that precursory seismicity tracked the priming of 
the magmatic system for eruption by delivery of new magma. We find that a shallow magmatic 
system located largely within the edifice (<3 km below the summit) persists between eruptions. 
Prior to the 1999 eruption, the shallow magmatic system was recharged with deep (>20 km) 
magma. InSAR observations at Shishaldin are insensitive to deformation emanating from the 
shallow and deep parts of the system. This limitation, in part, explains the lack of an observed 
deformation signal because magmas were primarily sourced from outside the region of sensitivity. 
These results improve our understanding of eruption triggers and magmatic plumbing systems. 
 Our work on Shishaldin demonstrated that volcanoes often warn of impending eruption, 
although sometimes the warning signals are subtle and only evident in retrospect. In Chapter 3, we 
follow-up with a study of volcanic gas emissions from Cleveland volcano. Gas emissions are a 
key data stream for monitoring (e.g., Aiuppa et al., 2007) and probing the shallow plumbing system 
(e.g., Werner et al., 2017) of active volcanoes. However, a major challenge is determining what 
gas signals at the surface tell us about magmatic processes at depth. To address this issue, we use 
new melt inclusion data to develop an empirical degassing model that predicts the compositions 
of gases produced from degassing melt at different depths. The model was developed for 
Cleveland, but it can be applied to any volcano with a sufficiently large melt inclusion dataset. 
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Using our new degassing model, we determine that the composition and flux of the gas emissions 
can be explained by degassing a shallow, vertically oriented system that is likely at a depth of 0.5 
to 2.5 km below the summit. Our results attest to the strength of combining gas geochemistry and 
melt inclusion datasets for investigating the depth of magma in real time. 
Broadening our scope, we evaluate magma storage depths globally, with a focus on the 
central-eastern Aleutians, in Chapter 4. Geophysical constraints indicate storage depths vary 
significantly, but most are between 2 and 10 km depth below the surface. The cause of the 
variability is poorly understood. Some have argued for the importance of intrinsic (e.g., buoyancy, 
viscosity) controls (e.g., Annen et al., 2006), while others have emphasized the importance of 
extrinsic (e.g., crustal structure) controls (e.g., Chaussard and Amelung, 2014). We investigate the 
influence of magmatic water content, a key intrinsic variable, on magma storage depth. Water is 
thought to be important because decompression-induced degassing during magma ascent results 
in an increase in melt viscosity and magma crystallinity, both promoting stalling. We estimate 
magmatic water content by measuring large suites of melt inclusions and taking the maximum 
observed water contents, which minimizes the influence of diffusive leakage of water. Water 
contents are variable (~2-5 wt.%) and correlate positively with geophysically determined magma 
storage depths, falling along the water-saturation curve. The maximum water contents of melt 
inclusions often correlate with non-volatile trace elements, indicating diffusive leakage and 
degassing are not major factors. Our data support a model in which intrinsically drier magmas (like 
those that feed Shishaldin) degas and crystallize shallower than wet magmas, resulting in shallower 
storage prior to eruption. These findings leave us with the question: what controls primary water 
content? 
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In Chapter 5, we investigate the cause for variability in the depth of the slab below frontal 
arc volcanoes. In the central-eastern Aleutians slab depth varies from a near global endmember of 
65 km below Seguam in the west, to a more common depth of 100 km below Shishaldin in the 
east. We verify earlier work on slab depth in this region from Syracuse and Abers (2006) by 
performing S-P arrival time analysis. We present major, trace, and volatile element data in melt 
inclusions and bulk rock samples from the eight target volcanic centers in our corridor of the 
Aleutians. These data exhibit systematic trends with slab depth. The trends are most consistent 
with a constant slab-mantle coupling depth of 50 km across the corridor, which is shallower than 
the commonly assumed depth of 80 km. Variation in slab depth may relate to the thickness of the 
trenchfill sediment. 
 The goal of our work was to establish a connection between the broader process of 
subduction and the movement of magma through the crust. We show subduction dynamics, 
importantly slab depth, relate closely to the composition of arc magmas. Our work on magma 




Vapor bubble growth in olivine-hosted melt inclusions 
 
 




Melt inclusions probe the depth of magmatic processes, track magma degassing paths, and record 
volatile budgets of magmas. Extracting this information is a major challenge. It requires 
determining melt volatile contents at the time of entrapment when working with melt inclusions 
tarnished by post-entrapment processes. Several key processes decrease internal pressure, resulting 
in nucleation and growth of a vapor bubble and, time permitting, diffusion of volatiles (especially 
CO2) into the vapor bubble. Several methods exist that attempt to reconstruct the entrapped CO2 
contents, but the methods are difficult to apply and yield inconsistent results. Here, we explore 
bubble growth, evaluate these approaches, and develop improved experimental and computational 
approaches. Piston cylinder experiments were conducted on olivine-hosted melt inclusions from 
Seguam and Fuego volcanoes at the following conditions: 500-800 MPa, 1140-1200 °C for 
Seguam and 1110-1140 °C for Fuego, 4-8 wt% H2O, and run durations of 10-120 minutes. Heated 
melt inclusions form well-defined CO2-S trends that can be described by degassing models. CO2 
contents are enriched by a factor of ~2.5, on average, relative to those of unheated melt inclusions, 
whereas S contents of heated and unheated melt inclusions overlap, indicating insignificant 
amounts of S partition into the vapor bubble. Low CO2 closure temperatures enable CO2 diffusion 
into vapor bubbles during quench, while S has a higher closure temperature and its addition to 
vapor bubbles may be rate limited. We use the results of this analysis to develop a new model to 
restore CO2 contents, which is a part of the Melt Inclusion Modification Corrections (MIMiC) 
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program we present. Heated melt inclusion data are used as a benchmark in the evaluation of the 
results from MIMiC and other methods of CO2 reconstruction. The methods perform variably well. 
Key advantages to our experimental rehomogenization technique are that it enables accurate 
measurements of CO2 contents and allows for large quantities of melt inclusions to be 
rehomogenized efficiently. Our new computational model outperforms other computational 
methods, yields results comparable to those of the Raman approach, and can be applied to the vast 
body of existing melt inclusion data. To obtain the most robust data on bubble-bearing melt 
inclusions, we recommend using both the experimental and computational approaches.  
9 
1. Introduction 
Melt inclusions provide invaluable insights into the physical and chemical structure of 
magmatic systems (Lowenstern, 1995; Danyushevsky et al., 2002; Schiano, 2003; Wallace, 2005; 
Cannatelli et al., 2016). These bits of melt, captured by crystals during imperfect growth, represent 
chemical snapshots of magma differentiation during storage and ascent. A unique strength of melt 
inclusions is their record of magmatic volatile contents (e.g., H2O, CO2, S, Cl, F). Volatile 
solubility strongly depends on pressure (Moore, 2008). Thus, magmas progressively degas 
volatiles upon decompression (Fig. 1a), leaving the bulk eruptive product devoid of most volatiles. 
To varying extent, crystal hosts of melt inclusions preserve the pressure of entrapment, enabling 
direct measurement of pre-eruptive volatile contents. Such measurements are essential for 
developing degassing models that can be linked to real-time gas measurements during unrest (e.g., 
Spilliaert et al., 2006b; Aiuppa et al., 2010; Métrich et al., 2011); Werner et al., in prep), 
characterizing magmatic plumbing systems (e.g., Spilliaert et al., 2006a; Blundy et al., 2008; 
Cashman et al., 2017), evaluating the volatile budgets of magmatic systems (e.g., Saal et al., 2002; 
Wallace, 2005; Plank et al., 2013; Hartley et al., 2014), and investigating the generation and 
differentiation of magmas (Portnyagin et al., 2007; Johnson et al., 2009; Zimmer et al., 2010; 
Métrich et al., 2014; Walowski et al., 2016). 
The utility of melt inclusions depends on their ability to faithfully preserve the chemical 
character of the originally entrapped melt. However, magmas undergo physicochemical changes 
during storage, ascent, eruption, and quench that reverberate through melt inclusions causing post-
entrapment modifications (Anderson, 1974; Roedder, 1979). Common processes (Fig. 1b) include 
post-entrapment crystallization/melting (PEC/PEM) and diffusive Fe-Mg exchange with the host 
(Danyushevsky et al., 2000; Gaetani and Watson, 2000), diffusive water loss (Portnyagin et al., 
10 
2008; Gaetani et al., 2012), and vapor (or shrinkage) bubble formation (Roedder, 1979; Anderson 
and Brown, 1993; Steele-Macinnis et al., 2011; Bucholz et al., 2013; Maclennan, 2017). The first 
two processes are widely known and commonly addressed with established methods 
(Danyushevsky and Plechov, 2011; Lloyd et al., 2013; Walowski et al., 2015). Vapor bubbles have 
long been recognized (Sorby, 1858) but, until recently, largely ignored (Lowenstern, 2015). The 
issue has become unavoidable because significant quantities of CO2, and possibly other volatiles 
(e.g., Esposito et al., 2016), have been discovered inside vapor bubbles (Hartley et al., 2014; Moore 
et al., 2015; Aster et al., 2016). Indeed, analysis of the glass alone yields CO2 contents lower than 
the total CO2 contents by as much as >90% (Aster et al., 2016; Rasmussen et al., 2018), leading to 
underestimates of depth, erroneous degassing paths, and incorrect volatile budget determination. 
Compounding this issue is the observed ubiquity of vapor bubbles (e.g., 80% of the >400 melt 
inclusions observed from the Aleutian arc contain bubbles; Zimmer et al. 2010; Rasmussen et al., 
in prep). Thus, a robust solution to the vapor bubble problem is of paramount importance. Such 
solutions exist (e.g., Anderson and Brown, 1993; Riker, 2005; Shaw et al., 2010; Hartley et al., 
2014; Maclennan, 2017). However, there are unique challenges to applying the methods, and their 
accuracy is under investigation (e.g., Moore et al., 2018). 
Here we explore bubble growth in olivine-hosted melt inclusions with two goals: (1) 
improve our understanding of the processes driving bubble growth and their timescales and (2) 
present new techniques for addressing bubble growth and compare them with existing approaches. 
Olivine-hosted melt inclusions are of particular interest because olivine is ubiquitous in basaltic to 
basaltic-andesite magmas, often the liquidus phase, and well understood in terms of elemental 
partitioning and diffusion. Well-characterized melt inclusion suites from Seguam (Fo81-84) and 
Fuego (Fo74-78) volcanoes are used in this case study as in Moore et al. (2015) and Newcombe et 
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al. (in prep). Melt inclusions from both samples were experimentally rehomogenized, which we 
refer to as heated, using a new piston cylinder technique. Unheated melt inclusion data from the 
literature were corrected for bubble growth using several approaches, including a new 
computational approach packaged in our Melt Inclusion Modification Corrections (MIMiC) 
program. We analyze these CO2 reconstruction methods and establish best practices for working 
with bubble-bearing melt inclusions. 
2. Background I: Understanding bubble growth 
Vapor bubbles originate in olivine-hosted melt inclusions by some combination of bubble 
nucleation and growth and heterogeneous trapping (Anderson, 1974; Roedder, 1979; Lowenstern, 
1995; Maclennan, 2017). Bubble nucleation and growth describes the processes in which a bubble 
forms within a melt inclusion after entrapment, which is thought to result from a decrease in 
internal pressure of the melt inclusion due to several factors including cooling and crystallization 
of olivine (Roedder, 1979; Anderson and Brown, 1993; Schiavi et al., 2016). Such bubbles may 
be termed “shrinkage bubbles”, connoting the formation process. Decrepitation may also play a 
role. This is the cracking of the host mineral adjacent to the melt inclusion, which causes the melt 
inclusion to become open to the exterior melt and often results in melt leakage and growth of an 
oversized bubble (Portnyagin et al., 2005). Heterogeneous entrapment describes the co-entrapment 
of vapor and melt phases (Lowenstern, 1995). The role of each of these processes can be 
distinguished in a suite of melt inclusions using several methods. 
1. Melt inclusions should be inspected for visual cues of decrepitation (wisps of glass, planes 
of fluid/melt inclusions) in the adjacent olivine. Such melt inclusions are typically excluded 
from chemical analysis. 
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2. The distribution of bubble volume fractions within a suite of melt inclusions must be 
examined. The range of volume fractions is usually limited to a few percentage points, with 
a few outliers (e.g., Anderson, 1974; Moore et al., 2015). Bubbles with volumes within the 
locus are commonly assumed to be the result of processes associated with cooling, whereas 
outliers are thought to be the result of other processes such as heterogeneous trapping, 
anomalous cooling, and decrepitation (e.g., Anderson, 1974). 
3. Observed bubble volumes can be evaluated using a bubble growth model that predicts the 
volume. If the observed volume is greater than model prediction, heterogeneous trapping 
or decrepitation likely occurred (Riker, 2005; Moore et al., 2015; Aster et al., 2016). 
Here, we focus on vapor bubbles that have formed by nucleation and growth in olivine-
hosted melt inclusions. Several post-entrapment processes decrease internal melt inclusion 
pressure (Fig. 1), leading to bubble nucleation provided sufficient underpressure is reached 
(Lowenstern, 1995). 
2.1. Processes that lead to bubble growth 
Cooling. All melt inclusions at the surface have undergone cooling, which occurred during quench 
and possibly before. Time permitting, cooling drives post-entrapment crystallization (PEC) of 
olivine (Sobolev and Kostyuk, 1975). Both cooling and olivine crystallization lead to a decrease 
in internal pressure (Anderson and Brown, 1993), which is due to the greater thermal contraction 
of melt relative to host olivine and smaller molar volume of olivine than melt. Over longer 
timescales, diffusive loss of Fe from the melt inclusion, via Fe-Mg exchange, accompanies PEC 
(Danyushevsky et al., 2000). This has the effect of lowering the pressure of the melt inclusion 
because MgO has a smaller partial molar volume than FeO (Lange and Carmichael, 1987). 
13 
Conversely, a melt inclusion can be overheated, which results in post-entrapment melting (PEM) 
and diffusive gain of Fe. These processes increase the internal pressure of the melt inclusion. 
Mass exchange. Diffusion of H+ through the host olivine can happen over rapid (minutes to hours) 
timescales (Portnyagin et al., 2008; Chen et al., 2011; Gaetani et al., 2012; Ferriss et al., 2018). 
Consequently, melt inclusions commonly undergo diffusive loss of H+ (or “water loss”) during 
ascent (e.g., Lloyd et al., 2013; Rasmussen et al., 2017). Diffusive water loss has been associated 
with vapor bubble growth in experimentally dehydrated melt inclusions (Bucholz et al., 2013; 
Schiavi et al., 2016). The reason for this is not well understood. It is possible that melt dehydration 
lowers the solidus, leading to crystallization of olivine. However, some have suggested the 
decrease in pressure associated with process has an equal and opposite effect on the solidus 
(Schiavi et al., 2016). Additionally, reduction of melt mass may play a role in encouraging bubble 
growth. Other elements in a melt inclusion may diffusively exchange with the host and carrier 
melt. However, these elements tend to have prohibitively low diffusivities and/or olivine-melt 
partition coefficients, or low concentrations within melt (e.g., Li, Ca, trace elements), reducing the 
likelihood that they play a significant role in bubble growth. 
Changes to melt fO2. Melt inclusion fO2 may equilibrate with the carrier melt over short 
timescales (Gaetani et al., 2012; Faul et al., 2018), which may happen in response to oxidation or 
reduction of the carrier melt during ascent (Burgisser and Scaillet, 2007; Métrich et al., 2009; 
Kelley and Cottrell, 2012). The resultant change of Fe speciation could have implications for the 
internal pressure of melt inclusions. Fe2O3 has a larger partial molar volume than FeO on a single 
cation basis (Lange and Carmichael, 1987). Therefore, melt inclusion oxidation may lead to an 
increase in pressure. The concurrent shift in olivine-melt equilibrium may also affect pressure. 
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Host deformation. Decompression of the carrier magma during ascent is partially transferred to 
the melt inclusion through elastic deformation of the host (Tait, 1992; Zhang, 1998). Over longer 
timescales, melt inclusion overpressure (i.e., internal pressure of the melt inclusion is greater than 
that of the external environment) likely causes the host olivine to deform plastically, resulting in a 
gradual drop in internal pressure. Such deformation has been inferred from cyclical heating stage 
experiments (Sobolev and Danyushevsky, 1994; Massare et al., 2002; Schiavi et al., 2016) and 
evaluated numerically (Tait, 1992; Zhang, 1998). 
2.2. Addition of volatiles to vapor bubbles 
Volatile exsolution follows melt inclusion decompression and bubble growth if the melt 
reaches volatile saturation and the diffusive timescales are not prohibitive (see discussion). Owing 
to its relatively low solubility, CO2 is thought to be the major volatile component (i.e., H2O, CO2, 
S, Cl) most affected by bubble growth (Anderson and Brown, 1993; Wallace et al., 2015). 
However, if H2O and S are present in the melt, the equilibrium vapor (i.e., vapor bubble) will 
contain H2O and S, which has been observed (Esposito et al., 2016) but may be relatively 
unimportant in some circumstances (see the Discussion). A large fraction of the total CO2 contents 
of a melt inclusion may be sequestered in a vapor bubble (Hartley et al., 2014; Moore et al., 2015; 
Aster et al., 2016), which has led to the development of methods to address bubble growth. 
3. Background II: Addressing bubble growth 
Several methods have been proposed for determining the original dissolved CO2 content at 
the time of entrapment. The methods developed in this study are summarized in the Methods and 
Discussion sections. Detailed descriptions of all of the methods are provided in Appendix 1.  
3.1. Equation of state reconstruction 
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A common method for reconstructing entrapped CO2 contents of a melt inclusion involves 
calculating the mass of CO2 in the vapor bubble using an equation of state (e.g., Ideal Gas Law, 
Redlich-Kwong) and performing a mass balance calculation (e.g., Riker, 2005; Shaw et al., 2010; 
Steele-Macinnis et al., 2011; Sides et al., 2014). This method requires an understanding of the 
appropriate state variables (pressure, temperature, and volume) of the vapor bubble. Two common 
approaches for constraining these variables are described below. In both cases, pressure is 
determined by vapor saturation pressure modeling of the glass composition (e.g., Newman and 
Lowenstern, 2002). The other parameters (temperature and volume) differ in each approach 
because each relies on different assumptions about vapor-melt equilibrium during bubble growth. 
Observed volume approach. The observed volume approach is a commonly applied method (e.g., 
Shaw et al., 2010; Wanless et al., 2014; Colman et al., 2015; Hauri et al., 2018; Tucker et al., 
2019). It requires the assumption that vapor-melt equilibrium exists upon quench, when bubble 
growth ceases. Therefore, the observed volume of the vapor bubble can be used in the calculation. 
Melt inclusion and vapor bubble volumes are typically measured petrographically in 2-D, which 
involves the assumption that melt inclusion is an ellipsoid (with the section-normal dimension 
commonly suggested to be equivalent to the short axis of the measured dimensions, consistent with 
the common technique to polish parallel to the long melt inclusion dimension) and the vapor 
bubble is a sphere (e.g., Rasmussen et al., 2018). More accurate volume determinations can be 
done using 3-D imaging techniques, such as x-ray tomography (e.g., Pamukcu et al., 2015). The 
temperature is the calculated glass transition temperature. This temperature can vary by 100s of 
°C, depending on melt composition and cooling rate (Giordano et al., 2005), underscoring the 
importance of modeling this value for each individual melt inclusions.  
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Calculated volume approach. The final stage of bubble growth, when cooling to the glass 
transition (i.e., quenching), may occur too rapidly for vapor-melt equilibrium to be maintained. 
This would lead to a final stage of bubble expansion without significant addition of volatiles 
(Anderson and Brown, 1993; Aster et al., 2016; Maclennan, 2017). In this scenario, the observed 
bubble volume is inappropriate for CO2 reconstruction. A bubble growth model is used in its place. 
Earlier models (e.g., Riker, 2005) assumed that bubble growth occurs in two stages. The first stage 
occurs in a pre-eruptive storage region. Post-entrapment processes (e.g., cooling and PEC, bubble 
growth) occur slowly, enabling diffusive addition of CO2 to the vapor bubble. The second stage is 
rapid (i.e., final ascent, eruption, and quench), diffusively limiting loss of CO2 to the vapor bubble. 
Therefore, the measured major element composition of the melt inclusion, set in stage one, is 
reflective of the state of the melt inclusion when CO2 diffusion was completed. Bubble growth 
modeling is performed by comparing the measured to the entrapped melt inclusion compositions. 
The temperature used in the equation of state calculation is the olivine-melt temperature of the 
measured melt inclusion composition. Several investigators have employed this approach (e.g., 
Anderson and Brown, 1993; Riker, 2005; Wallace et al., 2015; Rasmussen et al., 2017). In our 
bubble growth model (see the Discussion), CO2 enters the vapor bubble until the CO2 closure 
temperature is reached, similar to the model of Maclennan (2017) for anhydrous melt inclusions. 
This is generally at a temperature higher than the glass transition temperature but lower than the 
temperature reflected by the measured melt composition. In both cases, the bubble growth model 
does not require bubble and melt volume estimates, which are difficult to obtain and uncertain. 
Therefore, a major advantage of these approaches is that they can be applied to the vast quantity 
of melt inclusion data in the literature without morphological data. 
3.2. Experimental rehomogenization 
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The rehomogenization approach involves experimentally heating a melt inclusion with the 
goal of melting the glass, resorbing the bubble, and, ideally, quenching to a bubble-free glass. This 
enables the direct measurement of total volatile content in a single phase. Rehomogenization 
experiments (we use the term “rehomogenization” for experiments that heat initially glassy melt 
inclusions, whereas “homogenization” experiments describe heating of crystallized melt 
inclusions) are generally conducted at atmospheric pressure using a furnace (e.g., Rowe et al., 
2006; Tuohy et al., 2016) or a heating stage (e.g., Sobolev and Danyushevsky, 1994; Massare et 
al., 2002; Wallace et al., 2015; Schiavi et al., 2016); the latter of which allows for visual control 
during the rehomogenization process. During experiments, bubble resorption is driven primarily 
by the greater thermal expansion of the melt relative to the olivine, which has the effect of 
increasing the internal pressure. If the experimental temperature is sufficiently high, and time 
permits, olivine dissolution will occur, which also increases the internal pressure. A challenge for 
conducting experiments using atmospheric pressure apparatus is that several processes decrease 
melt inclusion pressure while at experimental temperature, including the elastoplastic deformation 
of the host grain and diffusive water loss (Schiavi et al., 2016). Often experimental temperatures 
far above (>100 °C) inferred initial trapping temperatures are required to rehomogenize melt 
inclusions. An additional challenge for these types of experiments is that the quench rates may not 
be sufficiently rapid to prevent the reappearance of one or more vapor bubbles (e.g., Wallace et 
al., 2015). These issues can be partly addressed by using a high-pressure (>100 MPa) experimental 
apparatus such as a piston cylinder or internally heated pressure vessel (e.g., Skirius et al., 1990). 
Some of the applied pressure is transferred to the melt inclusion through deformation of the host, 
promoting rehomogenization with less overheating. Mironov et al. (2015) expanded upon the high 
pressure rehomogenization technique by hydrating the matrix (silicate melt in most experiments). 
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This allowed melt inclusions that had undergone diffusive loss of water to rehydrate, facilitating 
rehomogenization without overheating. Our rehomogenization technique builds on that of 
Mironov et al. (2015) by reducing the run duration, employing a piston-cylinder apparatus 
(opposed to an internally heated pressure vessel), and using KBr as a matrix, which improves the 
success rate of our experiments and avoids reliance on specialized experimental facilities. While 
these high pressure rehomogenization techniques have significant potential, they are rarely 
employed. 
3.3. Raman spectroscopy reconstruction 
Raman spectroscopy reconstruction has emerged in the last few years as a promising 
technique for reconstructing entrapped CO2 contents (Esposito et al., 2011; Hartley et al., 2014; 
Moore et al., 2015; Rasmussen et al., 2018). Like the equation of state methods, this is a mass 
balance approach. CO2 density in a vapor bubble is measured by Raman spectroscopy (Fall et al., 
2011; Lamadrid et al., 2017), which is converted to mass using the measured bubble volume. That 
mass is then added to the CO2 concentration of the melt inclusion by mass balance. This requires 
knowledge of the volume and density of the melt inclusion.  
4. Samples 
We evaluate vapor bubble growth in olivine-hosted melt inclusions from the 1977 Seguam 
and 1974 Fuego eruptions, using samples that are well studied and span a range of mafic 
compositions. The 1977 eruption of Seguam volcano, which had a volcanic explosivity index 
(VEI) of 1 and produced basalts (50-54 wt% SiO2; mostly Fo81-85; Zimmer et al., 2010). Melt 
inclusions hosted in olivine (as well as plagioclase and clinopyroxene) were evaluated by Zimmer 
et al. (2010) to investigate the origin of calc-alkaline and tholeiitic differentiation trends. We also 
study melt inclusions from the 1974 VEI 3 eruption of Volcán de Fuego, which produced basalts 
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(47-53 wt% SiO2; Fo72-78; Rose, 1978; Lloyd et al., 2013). Melt inclusions from the October 14 
and 23 phases of the eruption were some of the earliest to be measured for H2O concentration by 
ion microprobe (Sisson and Layne, 1993), and were the subject of several other studies (e.g., 
Roggensack, 2001; Berlo et al., 2012). We evaluate melt inclusions erupted on October 17, which 
were studied by Lloyd et al. (2013) and Lloyd et al. (2014) to understand magma ascent. Lloyd et 
al. (2013) found clear evidence of diffusive water loss from melt inclusions in large lapilli and 
bomb samples; however, melt inclusions in ash samples were less affected by this process (Lloyd 
et al., 2013). Samples from both volcanoes were studied by Moore et al. (2015) and Newcombe et 
al. (in prep). Moore et al. (2015) reconstructed melt inclusion CO2 contents using the Raman 
approach and found significant quantities of CO2 (40-90%) is sequestered in the vapor bubbles, 
with Fuego melt inclusions having a greater percentage of CO2 in the bubble (30-85%) than 
Seguam melt inclusions (3-59%). Newcombe et al. (in prep) studied major element zonation within 
melt inclusions to constrain their cooling rates using the method of Newcombe et al. (2014). The 
rates will be considered further in the discussion. 
5. Methods 
5.1. Experimental rehomogenization 
Melt inclusions lacking crystal inclusions, visual signs of decrepitation, and anomalous 
vapor bubble volumes were selected for experimental rehomogenization. Experiments were 
conducted with a piston cylinder apparatus using a technique modified from Mironov et al. (2015), 
which is detailed in Appendix 1. In brief, olivines containing melt inclusions (4-15 per run) were 
loaded into a 0.2” diameter Pt capsule along with KBr and Mg(OH)2 (water source), which was 
welded shut at the first end and mechanically sealed at the second. The purpose of the KBr is to 
provide a soft surrounding for the olivines to prevent decrepitation when bringing the charge up to 
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experimental pressure. KBr is also water soluble, which helps in retrieving samples, and can be 
used to detect decrepitation, evidenced by extreme enrichments in K2O (see example melt 
inclusions in Table 2). Water is added to reduce the H2O gradient the melt inclusion and matrix, 
leading to less water loss (or water gain in low water melt inclusions, see Appendix 1) during the 
experiment. For most experiments, bulk capsule water contents were set to 4 wt% for Seguam and 
4.5 wt% for Fuego, which is the maximum observed water contents of the unheated melt inclusions 
(Zimmer et al., 2010; Lloyd et al., 2013; Moore et al., 2015). We did not impose an fO2 buffer 
because run durations were too short (up to 2 hours) for significant diffusive equilibration of fO2, 
which has been suggested to occur at the relatively slow metal vacancy rate in olivine (Gaetani et 
al., 2012; Faul et al., 2018). Experimental charges were raised to 500-800 MPa, then heated to 
temperatures 40-110 ºC above the liquidus (~1090 °C for Seguam and ~1070 °C for Fuego, based 
on average unheated melt inclusion entrapment temperatures), quenched after 1-2 hours, and 
slowly decompressed (Table 3). 
There are several advantages to our approach: (1) the rapid quench of the piston cylinder 
(70 ºC/s; Zhang and Behrens, 2000) helps prevent the regrowth of bubble(s); (2) presence of 
dissolved H2O in the matrix prevents or reduces diffusive loss of H
+, avoiding a decrease in internal 
pressure of melt inclusions that may accompany this process; (3) high external pressure (500-800 
MPa) increases internal melt inclusion pressure; (4) large capacity of experimental changes allows 
for efficient rehomogenization of >10 olivines at a time; (5) no requirement for specialized 
experimental equipment (e.g., heating stage, internally heated pressure vessel); and (6) easy 
retrieval of olivines afforded by KBr. The largest disadvantages are the (1) lack of visual control 
during the experiment and (2) application of the same experimental conditions (P, T, H2O) to all 
melt inclusions in a single run. Both issues may lead to overheating of melt inclusions and 
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continued heating after rehomogenization occurs, resulting in partial dissolution of host olivine 
and diffusive Fe-Mg exchange. We show later that these issues can be dealt with effectively and 
have minor effects on incompatible elements, like CO2. However, future experiments should work 
to minimize these effects by determining the minimum temperatures and experimental durations 
to achieve rehomogenization. Additionally, we note this method requires estimates of entrapment 
temperature and maximum water contents. Here, we estimated each by evaluating existing data on 
glassy, unheated melt inclusions. In cases where such data does not exist, we recommend analyzing 
a few (~5) naturally glassy, unheated melt inclusions before conducting experiments. 
5.2. Post-entrapment crystallization/melting and Fe-Mg exchange corrections using MIMiC 
Here we introduce MIMiC (Melt Inclusion Modification Corrections). MIMiC is a program 
that corrects melt inclusions for PEC/PEM and (optionally) Fe-Mg exchange. These corrections 
are fundamentally important to equation of state CO2 reconstructions, which MIMiC also employs 
(see the Discussion). Uncertainty is quantified using a Monte Carlo approach. MIMiC was written 
for Python. The code and further details of the correction are found in Appendices 1 and 2 and are 
available through GitHub (https://github.com/DJRgeoscience). Included in MIMiC as functions 
are several models (Appendix 2), including a complete version of VolatileCalc (Newman and 
Lowenstern, 2002) transcribed to Python (see Appendix 3). The correction for each melt inclusion 
consists of several steps.  
Melt inclusions commonly undergo PEC and, in some cases, PEM (Sobolev and Kostyuk, 
1975). To address this process, MIMiC incrementally adds or subtracts equilibrium olivine from 
the composition of the melt inclusion until equilibrium with the host is reached (Trial 1 in Fig. 2). 
To describe olivine-melt Fe-Mg partitioning, the user may choose between Toplis (2005) and Ford 
et al. (1983) models. Both models depend on pressure and temperature. Pressure is calculated from 
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H2O and CO2 concentrations using VolatileCalc (Newman and Lowenstern, 2002). Temperature 
is calculated using the olivine-liquid thermometer (eq. 4) of Putirka et al. (2007). 
Fe-Mg exchange describes the process of Fe-loss from a melt inclusion following PEC or 
Fe-gain following PEM. See Danyushevsky et al. (2000) for an in-depth examination. Fe-Mg 
exchange is often identified by finding FeOT contents of PEC/PEM-corrected melt inclusions 
higher (“Fe-gain”) or lower (“Fe-loss”) than those along a representative liquid line of descent 
(e.g., compare FeOT and MgO contents of whole rock and melt inclusion data) or by observing Fo 
gradients near melt inclusions (Anderson, 1974; Danyushevsky et al., 2000; Gaetani and Watson, 
2000; Ruscitto et al., 2011). If evidence for Fe-Mg exchange exists, MIMiC users can enable a 
correction. The calculation occurs in two stages. Fe and Mg are first exchanged on an equimolar 
basis. Then, the PEC/PEM correction occurs. The calculation is conducted iteratively until the 
user-input FeOT value is produced (Fig. 2). The method differs from that of Petrolog3 
(Danyushevsky and Plechov, 2011), but if olivine-melt Fe-Mg partitioning is fixed between the 
methods, they yield similar results (Fig. 2). See Appendix 2 for a comparison. 
 Melt inclusions studied here were processed using MIMiC. Heated melt inclusions were 
corrected for PEC/PEM and Fe-Mg exchange. Unheated melt inclusions were corrected for 
PEC/PEM, Fe-Mg exchange where necessary (3 of 99 melt inclusions), and vapor bubble growth. 
Literature melt inclusions were assumed to have 5% uncertainties on all input variables relevant 
to PEC/PEM and Fe-Mg corrections except for olivine Fo (mol%), which was assumed to have an 
uncertainty of 2 mol%. We used Toplis (2005) to calculate compositionally depend Kd values for 
olivine-melt equilibrium. For Fe speciation, we took a value of 0.24 Fe3+/FeT for Seguam (Zimmer 
et al., 2010) and 0.20 Fe3+/FeT for Fuego (Lloyd et al., 2013). 
5.3. Chemical analyses 
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 Chemical analyses are summarized here and detailed in Appendix 4. H2O and CO2 contents 
of melt inclusions were measured using a Thermo-Nicolet Nexus 670 Fourier transform infrared 
(FTIR) spectrometer at the American Museum of Natural History (AMNH) with standard methods 
(e.g., Rasmussen et al., 2018). We performed electron probe microanalysis (EPMA), using a 
Cameca SX-100 at the AMNH, to determine major element contents of melt inclusions and host 
olivines and the S and Cl contents of melt inclusions. Standard protocols were employed (e.g., 
Rasmussen et al., 2018). S and P analyses of check standards were systematically offset (S low by 
a factor of ~0.7, P2O5 high by a factor of ~2). Both were adjusted according to their check standard 
offsets. 
6. Results 
We evaluate 38 reheated melt inclusions from Seguam and 23 from Fuego, along with 
unheated melt inclusions from the literature. Unheated melt inclusions include 37 from Seguam 
(Zimmer et al., 2010; Moore et al., 2015; Newcombe et al., in prep) and 62 from Fuego (Lloyd et 
al., 2013; Moore et al., 2015). 
6.1. Morphologies 
Most heated melt inclusions consist of a single, glassy phase (65% for Seguam, 74% for 
Fuego; Fig. A1, Table 2, Appendix 5). However, some heated melt inclusions contained either one 
or two bubbles (11% for Seguam) or multiple bubbles (24% for Seguam, 26% for Fuego). Melt 
inclusions with bubbles are typically from experiments with high water contents (>4 wt%). Most 
of the Seguam and Fuego melt inclusions from the literature are described as containing vapor 
bubbles (Zimmer et al., 2010; Lloyd et al., 2013; Moore et al., 2015). 
6.2. Major elements 
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Analyses of heated and unheated melt inclusions and check standards are reported in the 
Supplementary materials (Tables 2 and 4, respectively). Heated melt inclusions are significantly 
enriched in MgO (~8-12 wt% for Seguam, 5-7 wt% for Fuego; Fig. 3) relative to unheated melt 
inclusions (~4-8 wt% and most ~3-5 wt%, respectively), reflecting partial melting of the host 
olivine due to overheating (i.e., PEM). This is consistent with the experimental temperatures, 
which were intentionally 40-110 ºC above the calculated entrapment (i.e., initial) temperatures of 
unheated melt inclusions to ensure homogenization (Fig. A2). Heated melt inclusions (measured 
and PEM-corrected) have FeOT contents that are significantly elevated relative to unheated melt 
inclusions and bulk rocks (~8 wt% for Seguam and ~10 wt% for Fuego), indicating diffusive Fe-
gain. We checked for further evidence of this process by evaluating backscatter electron images 
of the olivine surrounding melt inclusions. Dark bands in the olivine encircle melt inclusions (e.g., 
Fig. A3), supporting the interpretation that the Fe offset is due to diffusive gain of Fe. This process 
appears to have happened over the relatively rapid timescales of the experiments (≤2 hours). Most 
unheated melt inclusions have undergone PEC, which is evident when comparing calculated-
equilibrium and measured-host olivine compositions. Three melt inclusions from Seguam (circled 
in Fig. 3a) appear to have undergone diffusive Fe-gain. 
All melt inclusions were corrected for PEC/PEM and, if necessary, Fe-Mg exchange using 
MIMiC. Heated melt inclusions had 13 ±3 wt% PEM for Seguam and 9 ±2 wt% PEM for Fuego 
on average. While this correction has a large impact on MgO and FeOT contents, the shift in 
incompatible elements is smaller (15% and 10%, respectively). Unheated melt inclusions from 
Seguam had 1 ±5 wt% PEC (24 of 37 had PEC, negative values are PEM) and Fuego had 3 ±3 
wt% PEC (47 of 62 had PEC). The corrected compositions of heated and unheated melt inclusions 
overlap, and are consistent with bulk-rock data (Figs. 3, A5, A6; Table 2). 
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6.3. Volatiles 
Volatile contents of heated and unheated melt inclusions are shown in Figure 4. CO2 
contents of heated melt inclusions are greater than those of unheated melt inclusions, both in terms 
of average values (780 vs. 170 ppm for Seguam and 1180 vs. 300 ppm for Fuego) and values at 
given S contents (Fig. 5). H2O contents of heated melt inclusions exhibit a similar range to 
unheated melt inclusions (most 2.5-4.5 wt% for both volcanoes), but some heated melt inclusions 
have higher concentrations (up to 5 wt%). Seguam melt inclusions from experiments with the 
highest water contents (experiments SR04, SR07, SR08, and SR09 had 8.2, 6.4, 6.3, and 6.2 wt% 
H2O, respectively, added to the Pt capsules), tend to have the highest water concentrations and 
contain bubbles. S contents of heated melt inclusions are slightly higher on average (1000 vs. 860 
ppm for Seguam and 1800 vs. 1530 ppm for Fuego), but unheated melt inclusions do not appear 
to have lower S contents when considering S-K2O trends and the range of S contents. Therefore, 
an important finding of this study is that the S content of vapor bubbles in Fuego and Seguam melt 
inclusions is likely minimal. We note that a few heated melt inclusions from Fuego plot 
significantly below the S-K2O (6 inclusions) and H2O-K2O (5 inclusions) trends of the remainder 
of the Fuego melt inclusion data. The reason is not clear. 
Insight into CO2 contents comes from S-CO2 relationships (Fig. 5). The two are strongly 
correlated in heated samples, forming degassing paths consistent with those modeled using an 
empirical approach similar to that of Sisson and Layne (1993) and Johnson et al. (2010), which is 
described in Appendix 6. These degassing paths provide a benchmark for evaluating the CO2 
contents of unheated melt inclusions. Unheated melt inclusions tend to plot below S-CO2 
degassing paths, indicating that they have exsolved CO2 in their vapor bubbles. This is consistent 
with Raman observations of CO2 in vapor bubbles of melt inclusions from the studied samples 
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(Moore et al., 2015). Using the S-CO2 degassing paths, we can estimate the initial CO2 contents 
of the unheated melt inclusions using their S contents. For both samples, this analysis indicates 
that on average ~60 ±20% of the CO2 content of a melt inclusion resides in the bubble. Heated 
melt inclusions with and without bubbles plot on the degassing paths, indicating that the bubbles 
were likely produced during quench and are largely free of CO2 and S. A small amount of H2O, 
which diffuses faster than CO2 in melt (Zhang et al., 2007) and has a large molar volume in the 
vapor (Steele-Macinnis et al., 2011), has entered these bubbles. 
The higher H2O contents of some heated melt inclusions relative to unheated melt 
inclusions could be the result of rehomogenization of H2O-bearing bubbles or diffusive gain of H
+ 
during experiments. H2O contents of vapor bubbles can be estimated by taking the mass of CO2 in 
the vapor bubble (determined using the S-CO2 path, as described above) and calculating the mass 
fraction of H2O in the equilibrium vapor using VolatileCalc (Newman and Lowenstern, 2002). 
Results indicate an insignificant fraction of the total H2O partition into the vapor bubble (1.5 ±1.1% 
for Seguam; 2.8 ±2.4% for Fuego), which is consistent with earlier work (Steele-Macinnis et al., 
2011). Additionally, the mass fraction of H2O in the vapor bubble can be estimated using the mass 
of CO2 determined with the MIMiC vapor bubble model (see Discussion), which also indicates 
the H2O fraction in vapor bubbles is insignificant (1.4 ±1.2% for Seguam and 3.1 ±2.8% for 
Fuego). Therefore, we attribute the H2O offset to a small amount of diffusive water gain (<1 wt%). 
Additionally, five melt inclusions from Fuego appear to have undergone diffusive water loss 
during experiments, indicated by their anomalously low H2O contents (Fig. 4f). 
7. Discussion 
 The goals of this work are to improve understanding of vapor bubble growth and to develop 
new, and evaluate existing, approaches for reconstituting CO2 contents of bubble-bearing melt 
27 
inclusions. Towards those ends, we start the discussion by evaluating the timescales of bubble 
growth. This leads to the development of a new computational approach, which is included in the 
MIMiC program. Our experimental results are used to evaluate the results of our new model and 
previous methods. Finally, we conclude with discussions of best practices and the importance of 
applying such practices. 
7.1. Timescales of vapor bubble growth 
Key to understanding bubble nucleation and growth in melt inclusions, and performing 
CO2 reconstructions, is determining the associated timescales (Figs. 6, 7). This includes those of 
external forcings driving post-entrapment changes (e.g., cooling, decompression) and internal 
responses (e.g., post-entrapment crystallization, Fe-Mg exchange, volatile diffusion). 
External forcings. A vapor bubble grows in a melt inclusion in response to changes in the physical 
(e.g., cooling, decompression) and/or chemical (e.g., degassing, magma mixing, crystallization) 
state of the host magma after entrapment. Such differentiation processes commonly occur during 
(1) storage, (2) eruption run-up, (3) final ascent, and (4) quench. (1) Here we define storage as 
magma stagnation in the crust over longer timescales than those of ascent (i.e., at least days). Some 
melt inclusions may bypass storage if they form upon ascent (e.g., Lloyd et al., 2013). However, 
melt inclusions are commonly interpreted to form in regions of storage, which is one way melt 
inclusions are used to infer magma storage depths (Colman et al., 2015). Little is known about 
melt inclusion storage durations. Minimum timescales come from evaluation of chemical zonation 
patterns surrounding melt inclusions (Danyushevsky et al., 2000) or in the far field olivine 
(Rasmussen et al., 2018; Ruth et al., 2018) and morphologies of melt inclusions (Pamukcu et al., 
2015), which often indicate timescales of days to years. During storage, melt inclusions are 
influenced by magmatic differentiation of the host magma that occurs in several ways, including 
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cooling and crystallization, magma mixing, and crustal assimilation. (2) Eruption run-up is the 
period of magmatic activity preceding eruption (Rasmussen et al., 2018), typically lasting days to 
years (Passarelli and Brodsky, 2012). Magma movement and mixing, which is common during 
run-up (Sparks et al., 1977), likely results in post-entrapment modifications. (3) We consider final 
magma ascent to be the phase of continuous upwards movement of magma prior to and during 
eruption. Final ascent occurs at rates on the order of 10-5-102 m/s, with ~80% of estimates between 
10-3-101 m/s (Cassidy et al., 2018); Barth et al., 2019). Common ascent times are minutes to days, 
assuming magma storage depths of 1-10 km (Chaussard and Amelung, 2014; Chapter 4). Several 
ascent processes drive post-entrapment modification. As a magma ascends, drastic changes in the 
volatile contents and oxidation state occur (Burgisser and Scaillet, 2007; Lesne et al., 2011). If 
magma ascends along an adiabat, cooling will occur, especially if an exsolved vapor phase is 
present (Newcombe et al., in prep). Counteracting adiabatic cooling is heating by latent heat 
released during degassing-induced crystallization (Blundy et al., 2006). (4) Finally, the fastest 
process is quench. Conductive cooling timescales of pyroclast cores depend on clast size: < 1 
second (> 600 °C/s) for ash, 60 s (~10 °C/s) for a 2-cm lapillus, and 10 minutes (~1 °C/s) for a 6-
cm bomb, which are maximum values because quench might occur in a high temperature 
environment (Lloyd et al., 2013). Cooling rates for lavas are slower (Flynn and Mouginis‐Mark, 
1992). During this time, melt inclusions cool 100s of degrees, dramatically altering their physical 
and, possibly, chemical state. 
Internal responses. Post-entrapment processes in melt inclusions (see Background I: 
Understanding bubble growth) respond to external forcings over different timescales. The fastest 
responses are those of elastic relaxation, thermal contraction, and bubble nucleation and growth. 
We assume these processes are not rate-limited. Other processes, such as post-entrapment 
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crystallization/melting and volatile addition to vapor bubbles, have rates largely controlled by 
chemical diffusion. To illustrate the timescale of these processes (Fig. 6b), we calculate the 
characteristic diffusion time (t). 
𝒂 =  √𝟒 ∙ 𝑫 ∙ 𝒕  (1) 
where a is the characteristic diffusion length and D is the diffusivity (Crank, 1979). We calculated 
t for lengths of 10 and 100 µm for melt inclusions and 100 and 500 µm for olivine, and a 
temperature of 1100 °C (Fig. 6). Diffusive loss of water from olivine-hosted melt inclusions occurs 
during magma ascent (Lloyd et al., 2013) and storage (e.g., Rasmussen et al., 2018). The timescale 
of this process has been suggested to be controlled by diffusion along the fast a-axis (Barth et al., 
2019). If so, timescales range from seconds to minutes (Fig. 6). Eq. 31 of Zhang et al. (2007) is 
used to describe S diffusion. We find that S diffusion in melt, which controls S loss to vapor 
bubbles, is relatively slow (Fig. 6a). The rate of H diffusion in olivine along the fast a-axis, which 
may control diffusive water loss in melt inclusions (Barth et al., 2019) is significantly faster (Fig. 
6a). However, S diffusion occurs over a short length scale, approximately the radius of the melt 
inclusion, while H+ diffusion in olivine diffuses the distance between the edges of the melt 
inclusion and host. Taking into account the different length scales, S loss to vapor bubbles and 
diffusive loss of water occur over similar timescales (i.e., seconds to minutes; Fig. 6b). This 
potentially limits S partitioning into bubbles over short timescales. We note that the diffusivity of 
S in natural melts is not particularly well known. Eq. 31 of Zhang et al. (2007) is based on 
experiments conducted with reduced melts. Arc basalts, like our samples may contain more 
oxidized sulfur with a different valence state (Jugo et al., 2005). However, experiments of S 
diffusivity in rhyolite over a range of arc-relevant values of fO2 were conducted by Baker and 
Rutherford (1996), and they found the bulk diffusivity of S is largely independent of fO2, except 
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in highly oxidizing environments. The fastest processes, over their relevant length scales, are loss 
of CO2 to vapor bubbles and PEC/PEM, which are similar at magmatic temperatures (1000-1100 
°C). CO2 diffusion controls the amount of CO2 lost to bubbles. Olivine-hosted melt inclusions are 
typically zoned in MgO (Newcombe et al., 2014), and its diffusion may limit the rate of post-
entrapment crystallization/melting. Both diffuse 10-100 µm over timescales of 1 to 10s of seconds 
in wet basalt. 
 If driving forces are present, timescales of internal responses in melt inclusions allow for 
post-entrapment changes to occur during storage and run-up (Fig. 6). Magma ascent timescales are 
shorter than those of storage and run-up and similar to those of diffusive water loss and S addition 
to bubbles. The extent to which these processes occur during ascent depends on the scenario. 
Alternatively, MgO diffusion, representative of post-entrapment crystallization/melting 
(PEC/PEM), and CO2 addition to vapor bubbles have timescales shorter than those of ascent, 
implying that in many cases both are unlikely to be kinetically limited upon ascent. 
The above forcings were assumed to be isothermal. To explore quench, when melt inclusions cool 
100s of °C, we must take a different approach. A useful construct for exploring processes occurring 
during quench is the closure temperature (Dodson, 1973), which has been applied to melt 
inclusions previously (Maclennan, 2017; Tucker et al., 2019). Closure temperature (Tc) is the 
temperature at which diffusive exchange between two phases effectively ceases, which described 








   (2) 
where EA is the activation energy for the element of interest (i.e., slope on the Arrhenius diagram; 
Fig. 6a), R is the gas constant, A is a constant dependent on geometry (assumed to be spherical for 
melt inclusions) and decay rate (if using the formula for radioactive elements), D0 is the diffusivity 
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at infinite temperature (i.e., y-intercept on the Arrhenius diagram; Fig. 6a), a is the grain dimension 
(i.e., the diffusion length, assumed to be the melt inclusion radius), and τ is the cooling rate. 
Although the equation was not developed for melt inclusions, we use Tc as an approximation of 
processes occurring in a melt inclusion upon quench. Tc for S, CO2, and MgO are evaluated (Fig. 
7). We interpret the closure temperatures as the temperature at which the central concentration of 
the chemical component of interest is no longer affected by the relevant post-entrapment process. 
For example, a hydrous melt inclusion with a diameter of 50 µm and a cooling rate of 10 °C/s will 
have Tc of ~1100 °C, ~1000 °C, and ~800 °C for S, MgO, and CO2, respectively. These are the 
temperatures at which the central melt composition will no longer be affected by loss of S to a 
vapor bubble, PEC/PEM, and loss of CO2 to a vapor bubble, respectively. Importantly, while CO2 
loss to a vapor bubble ceases at 800 °C, bubble expansion will continue until the glass transition 
temperature of ~400 °C is reached. Thus, no change in the central melt inclusion composition will 
occur during cooling from 800 °C to 400 °C. 
The results of our Tc analysis are striking for several reasons (Fig 7). (1) Tc for CO2 and 
MgO are low relative to temperatures commonly inferred for entrapment of basaltic melt 
inclusions (e.g., 1090 °C for Seguam, 1070 °C for Fuego) for all but the highest cooling rates (i.e., 
>50 °C/s). A common assumption is that post-entrapment modifications, such as PEC and CO2 
loss, occur prior to eruption (e.g., Riker, 2005; Aster et al., 2016). However, our results indicate 
that, in many cases, PEC can occur upon quench and melt inclusions with PEC have not necessarily 
cooled prior to quench, but this does not preclude pre-eruptive cooling when PEC is observed. It 
does imply that quench overprints the effects of earlier cooling events. One way to distinguish pre- 
and syn-quench post-entrapment processes is to consider those that occur over longer timescales, 
such as Fe-Mg exchange. If evidence for Fe-Mg exchange exists, PEC/PEM likely occurred prior 
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to quench. (2) For melt inclusions in ash and lapilli, Tc for S approaches common temperatures of 
olivine-hosted melt inclusion formation (>1000 °C). If the majority of the post-entrapment cooling 
occurs upon quench, these melt inclusions are predicted to lose an insignificant mass of S to vapor 
bubbles, potentially explaining the lack of evidence for S addition to vapor bubbles during our 
heating experiments (Fig. 4). In some cases, vapor bubble growth and volatile addition may occur 
pre-eruptively without kinetic limitations. In these cases, the extent of S exsolution depends on the 
mass fraction of the vapor and vapor-melt partition coefficient for S. One way to test the extent of 
S loss to vapor bubbles is to evaluate the relationship between S and indices of crystallization. 
Commonly, the two are observed to correlate in unheated melt inclusions (e.g., Lloyd et al., 2013; 
Rasmussen et al., 2018). This is due to the combined effects of crystallization and S degassing in 
the host magma during ascent. Loss of S to vapor bubbles could erase the correlation, particularly 
if the effects of PEC are addressed. For rapidly quenched samples not predicted to have significant 
S loss during quench (i.e., ash and lapilli samples), a lack of correlation between S and indices of 
crystallization may imply that cooling occurred over longer timescales, perhaps prior to eruptively. 
However, other factors could influence S concentration, such has variable sulfide precipitation. (3) 
For all but the slowest quench rates (i.e., >10-2 °C/s), Tc for CO2 is above the glass transition 
temperature. Because vapor bubble expansion is predicted to continue until the glass transition is 
crossed, these calculations demonstrate that the central assumption of the observed volume 
approach for CO2 reconstructions (i.e., vapor-melt equilibrium during the entire history of bubble 
growth) will over-predict CO2 contents in most situations. However, we note that mechanical 
mixing of the melt by movement of the bubble could shorten the diffusive length scale and reduce 
Tc (Tucker et al., 2019). At slow cooling rates (<10
-2 °C/s), perhaps like those found in lava flows, 
bubble-melt equilibrium may be maintained. However, whether a melt inclusion can quench to a 
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glass at such cooling rates is an open question, but glassy melt inclusions have been found in some 
lava-flow samples (e.g., Hartley et al., 2014). These samples are typically associated with 
anyhydrous magmas, whereas those associated with hydrous magmas found in lava flows are more 
commonly crystallized (e.g., Kent and Elliott, 2002; Mironov et al., 2015). 
 The analysis above raises questions about bubble growth in heated melt inclusions. A 
piston cylinder, with a similar set-up to ours, quenches at a rate of ~70 °C/s (Zhang and Behrens, 
2000), slower than maximum cooling rates for melt inclusions from ash samples (up to >600 °C/s; 
Lloyd et al., 2013). Unlike melt inclusions from ash samples studied here, heated melt inclusions 
are either bubble-free, or have bubbles that apparently lack CO2 (i.e., no offset in CO2 contents of 
heated melt inclusions with and without bubbles; Fig. 4). CO2 closure temperatures for cooling 
rates of ~70 °C/s are similar to entrapment temperatures (~1000 °C) for larger (>50 µm radius) 
melt inclusions. Therefore, significant loss of CO2 to vapor bubbles during quench is not predicted, 
consistent with the results of our experiments. Regardless, bubble formation occurs during quench 
if sufficient underpressures occur. The internal melt inclusion pressure was increased above the 
initial (entrapment) pressures due to overheating, PEM and Fe-gain, diffusive water addition, and 
having a high applied pressure. For most melt inclusions, the increased pressure inhibited bubble 
formation, indicating that there is some advantage to overheating and melt inclusions during 
experiments overpressurizing (as opposed to recreating entrapment conditions). CO2-bearing 
bubbles in melt inclusions from ash samples may be explained by slower cooling than the 
maximum rates from Lloyd et al. (2013). Experiments performed on rhyolitic ash, using H2O-OH 
reaction speedometry, indicate that quench rates for 1 mm grains are closer to 20 °C/s (Xu and 
Zhang, 2002). 
7.2. Using MIMiC to model vapor bubble growth 
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Here we present a new calculated volume approach. Like that of Maclennan (2017), our 
model accounts for diffusive limitation of CO2 addition to vapor bubbles. Three different 
physicochemical states of a melt inclusion are considered. The initial state describes the melt 
inclusion upon entrapment (Fig. 1b step I), which is reconstructed by MIMiC. The initial melt 
inclusion is comprised of a volume of melt and, if PEM occurs, olivine that later melts. We note 
that a vapor bubble may occur in the initial state, which would not have a large influence on the 
calculated volume of the melt inclusion, but it would influence the composition of the vapor bubble 
(Steele-MacInnis et al., 2017). The intermediate state describes the melt inclusion at the time its 
CO2 ceases entering the vapor bubble (Fig. 1b end of step II), which is assumed to occur at the 
calculated CO2 closure temperature (TcCO2). The intermediate melt inclusion is comprised of melt, 
an olivine rim (if PEC occurred), and, possibly, a vapor bubble. The final state describes the melt 
inclusion upon quench at the glass transition temperature (Fig. 1b step III), which has the same 
components as the intermediate melt inclusion. The chemical composition of the melt inclusion in 
the final two stages is equivalent to the measured glass composition (except for chemical species 
that close at a lower temperature than CO2), but the physical conditions (e.g., pressure, 
temperature) are likely different, and the bubble likely grew during step III. 
The volume of the vapor bubble used in the equation of state reconstruction is determined 
by comparing calculated initial and intermediate melt inclusion volumes. A volume deficit (i.e., if 
the initial volume is greater than the intermediate volume) is assumed to be taken up by a vapor 
bubble. Alternatively, a calculated volume excess is assumed to have resulted in an increase in 
internal melt inclusion pressure. Similarly, the volume deficit between the initial and final volumes 
is the observed bubble volume, which is currently not calculated by our model. PEC or PEM 
olivine volume is calculated using olivine densities at standard pressure and temperature (Hacker 
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et al., 2003). The initial and intermediate melt volumes are calculated by summing partial molar 
volumes using formulae compiled by Lesher and Spera (2015). The calculations depend on 
composition, temperature, and pressure. Compositions are the measured (intermediate) and 
PEC/PEM- and Fe-Mg-corrected (initial) compositions. Pressures are the vapor-saturation 
pressure of the glass (intermediate) and the vapor-saturation pressure of the glass plus CO2 in the 
vapor bubble (initial), which is determined iteratively. Both are calculated using VolatileCalc 
(Newman and Lowenstern, 2002). Initial temperatures are calculated with measured olivine and 
corrected melt (initial) pairs using eqn. 4 of Putirka et al. (2007). Intermediate temperature is Tc 
for CO2. Temperature and pressure effects on the host olivine, which controls the volume of the 
melt inclusion cavity, are addressed using eqn. 18 of Zhang (1998). If vapor bubble growth is 
found (i.e., initial volume > intermediate volume), the composition and pressure of the vapor 
bubble are calculated using VolatileCalc (Newman and Lowenstern, 2002) with the composition 
of the intermediate melt inclusion. The mass of CO2 in the vapor bubble is calculated using 
modeled volume and the Redlich-Kwong equation of state, taking critical temperature and 
pressures values from Duan and Zhang (2006). The mass of CO2 in the vapor bubble is added to 
the composition of the melt inclusion by mass balance. The calculated mass fraction of H2O is 
negligible (1.4 ±1.2% for Seguam and 3.1 ±2.8% for Fuego). So, no adjustment is made. Notable 
innovations of our model are that the volume of the melt inclusion cavity is not assumed to be 
isochoric, pressure is accounted for in the melt molar volume calculation, and, if PEM has 
occurred, bubble growth in some cases is still permissible. 
The vapor bubble growth model in MIMiC is predicated on simplifying assumptions. (1) 
Diffusive exchange of H+ with the external magma is ignored. Experiments have demonstrated 
that water loss can be associated with bubble growth (Bucholz et al., 2013; Mironov et al., 2015), 
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and some authors have suggested this to be the case in natural samples (Aster et al., 2016; 
Rasmussen et al., 2017). However, the cause of the association is not well known. The effect of 
diffusive loss of H+ on internal pressure depends on the mechanism of H+ incorporation in the host 
olivine and whether fO2 equilibrates or Fe becomes oxidized in the process (increasing the molar 
volume of FeOT in the melt inclusion). Additionally, any diffusive loss of H
+ that occurs below Tc 
for CO2 will not influence CO2 exsolution. Finally, melt inclusions corrected with our bubble 
growth model that appear to have undergone diffusive loss of H+ do not have systematically 
underestimated CO2 contents. (2) Melt inclusions are assumed to be homogeneous in composition. 
Melt inclusions are commonly zoned (Newcombe et al., 2014), and melt inclusions from Seguam 
and Fuego have been shown to be zoned (Newcombe et al., in prep). While this assumption affects 
calculated melt volumes, we note that the temperature difference between the initial and 
intermediate melt inclusion largely controls the CO2 reconstruction (Fig. 9). (3) Vapor-melt 
equilibrium is assumed to occur at Tc for CO2. Most melt inclusions studied here have 100s °C of 
cooling between initial, described by the entrapment temperature, and intermediate, described by 
Tc for CO2, states (Fig 8). Therefore, changes in the intermediate temperature moderately affect 
the volume calculations. For example, if we shift values of Tc for CO2 up 50 °C, reconstructed CO2 
values decrease by 15% on average. We suggest the use of Tc for CO2 is reasonable because our 
CO2 contents reconstructions are not systemically overestimated (Fig. 10), and Tc for CO2 has been 
used previously (Maclennan, 2017). 
If enabled, MIMiC enters a bubble growth routine after the PEC/PEM and Fe-Mg 
corrections (Fig. 8). Three equation of state corrections are performed: observed volume approach, 
the calculated volume approach of Riker (2005), and our bubble growth approach (see Appendices 
1, 2). The observed volume approach requires the user to input volume percent of the observed 
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bubble; otherwise, the correction is skipped. The method of Riker (2005) requires no additional 
data input. Our bubble growth model requires inputs of cooling rate and the radii of the melt 
inclusion and host. Accurate approximations of the cooling rate are important. For example, 
decreasing the input cooling rate from 50 °C/s to 10 °C/s causes a ~60% increase in the 
reconstructed CO2 contents. If no morphological data exist, the host radius is assumed to be 0.5 
mm. The radius of the melt inclusion (rMI) is calculated using the Dodson equation (eq. 2) 
rearranged to solve for the diffusion length (a). This requires the assumption that the closure 
temperature for MgO (TcMgO) is known, and equal to the calculated equilibrium olivine and 
measured melt inclusion temperature (Teqolv). We tested this assumption by comparing TcMgO and 
Teqolv in heated melt inclusions, which have a known cooling rate, and the two agree within 5%. 
This assumption requires that MgO diffusion has reached the center of the melt inclusion. In cases 
where this did not occur, Teqolv is an underestimate of TcMgO, and rMI will be underestimated. A 
second assumption is that a for MgO and CO2 are both equivalent to rMI. The validity of these 
assumptions was tested by restoring the CO2 contents of unheated melt inclusions with and without 
morphological data. With assumed morphological data, restored CO2 contents are 30% offset, on 
average, from corrections using morphological data, which is nearly within the 25% average 
uncertainty of reconstructions. 
We reconstructed CO2 contents of unheated melt inclusions using MIMiC. Cooling rates 
were derived from MgO profiles in melt inclusions from the same samples by Newcombe et al. (in 
prep). For Fuego, we use rates of 4 °C/s for ash and 2 °C/s for bombs, and we assume 3 °C/s for 
lapilli. For Seguam, we use rates of 17 °C/s (all ash). In cases where such data does not exist, we 
recommend using conductive cooling rates calculated by Lloyd et al. (2013) or those from 
experiments (e.g., Xu and Zhang, 2002). Host and melt inclusion morphological data were 
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available for most melt inclusions. However, the vapor bubble diameter is not known for many of 
the samples. So, the observed volume approach was performed on a limited number of melt 
inclusions. 
The results of our bubble growth modeling indicate that the extent of cooling, from 
entrapment temperature to Tc for CO2, is the single most important factor in determining the extent 
of CO2 loss to vapor bubbles, which is evident in the strong correlation between cooling and both 
predicted bubble volume and CO2 loss (Fig. 9). This finding is consistent with earlier 
investigations (Anderson and Brown, 1993; Riker, 2005; Wallace et al., 2015; Aster et al., 2016). 
Scatter in the relationship between CO2 contents of vapor bubbles and cooling is attributed to other 
factors (e.g., decompression, size of melt inclusion and host, composition). The predicted CO2 
contents of vapor bubbles based on S-CO2 trends of heated melt inclusions (black “X” markers; 
Fig. 9) overlap with our results. However, they do not appear to be as strongly controlled by 
cooling. One likely explanation is that our estimated cooling rates, which control the extent of 
cooling, are to some extent inaccurate. Alternatively, the extent to which the factors other than 
cooling play a role in bubble growth may not be fully captured in our model. However, we show 
below that MIMiC produces reasonable results that improve upon many of the existing approaches. 
7.3. Comparison of methods to determine initial CO2 contents 
Here we compare CO2 reconstruction methods, including our new experimental and 
computational approaches. 
Experimentally heated melt inclusions form well-defined CO2-S trends that are consistent 
with modeled degassing paths (Fig. 10), which we use as a baseline for evaluating the results of 
CO2 reconstructions. These results demonstrate that experimental rehomogenization produces 
robust CO2 reconstructions, which is the greatest strength of this approach. However, it does come 
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at a cost. (1) Rehomogenization erases important information stored within the natural state of 
melt inclusions (e.g., chemical zonation, Fe-Mg exchange, H2O contents). (2) While our approach 
enables a large number of melt inclusions to be rehomogenized in a single experiment, this process 
is expensive in terms of time, necessary equipment, and melt inclusions (i.e., not all melt inclusions 
will survive the process). (3) The rehomogenization technique requires data from unheated melt 
inclusions to guide experiments. (4) The method cannot be applied to existing datasets. 
Raman-restored melt inclusion data from Moore et al. (2015) are generally consistent with 
CO2-S trends of heated melt inclusions (Fig. 10). However, Raman-reconstructed melt inclusions 
show significant scatter, and are generally offset to low values of CO2 content (1 of 2 outliers at 
Seguam, and 2 of 2 at Fuego, have low CO2 contents). Aside from the Raman measurements, the 
reconstruction is highly dependent on melt inclusion and vapor bubble volumes, which were 
determined petrographically by Moore et al. (2015). This can be a significant source of uncertainty 
(Moore et al., 2015; Tucker et al., 2019). However, the authors estimated the associated 
uncertainties and propagated it through the CO2 reconstruction. A possible explanation for the 
offset is that small quantities of carbonate on the vapor-melt interface have sequestered some of 
the total CO2 content, and this is not captured by the Raman measurements that only measure CO2 
density in the vapor phase. Moore et al. (2015) noted that some melt inclusions from Fuego contain 
C-bearing phases on the bubbles. The prevalence of such phases has not been well established, but 
they can be difficult to detect optically and are commonly observed. A small volume of carbonate 
on the vapor bubble wall could contain a large hidden portion of the CO2 budget of the melt 
inclusion (Fig. A4), and uncertainty regarding the detection of such phases and their abundance is 
the greatest downside to the Raman approach. Additionally, this approach requires specialized 
analytical facilities and accurate volumetric determinations, and it cannot be applied to melt 
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inclusions retroactively. The advantages of this approach are that analyses are relatively quick, and 
the original features of the melt inclusion are preserved. 
CO2 contents of melt inclusions restored using the observed volume approach are 
drastically overestimated at Seguam (on average 1800% of the values predicted by the heated CO2-
S degassing path) (Fig. 10). We interpret the offset to be clear evidence that CO2 diffusion did not 
keep pace with bubble expansion, which is consistent with closure temperature calculations for 
ash (Fig. 7). At Fuego, observed volume reconstructions are more consistent with heated melt 
inclusions (on average, 15% underestimated). Interestingly, 4 of the 6 melt inclusions have CO2 
contents that are underestimated. For the observed volume approach to work, the samples must 
have undergone an anomalously slow cooling history. If this is the case, the closure temperature 
for S would be low and significant S would be added to the vapor bubble, causing melt inclusions 
to plot further off the trend. A second, more likely, explanation is that the volume uncertainties are 
greater than what was accounted for. 
CO2 contents of unheated melt inclusions restored with MIMiC show scatter about the 
CO2-S degassing paths defined by heated inclusions, but they reproduce the overall shape of the 
trends. Additionally, the distribution of MIMiC-reconstructed CO2 contents overlaps with those of 
heated melt inclusions, particularly when considering predicted CO2 contents of unheated melt 
inclusions calculated using the CO2-S path of heated melt inclusions (Fig. 10). In general, MIMiC 
results are more consistent with heated degassing paths than those of the observed volume 
approach, and they are similar to those of the Raman approach. However, one challenge in 
comparing the datasets is that the MIMiC dataset is significantly larger than the other datasets. 
This is one key advantage of the MIMiC approach. Melt inclusions are inherently heterogeneous, 
a consequence of sampling kilometer-scale magmatic systems at the micron-scale (Kent, 2008). It 
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is essential to maximize the size of melt inclusion datasets, and MIMiC allows this by being quick, 
easy, and applicable to existing data. However, MIMiC does not produce results that are as 
accurate as experimental rehomogenization, which is particularly apparent when considering 
individual melt inclusions rather than a population. Future iterations of the bubble growth model 
in MIMiC should work towards incorporating the effect of diffusive water loss, account for 
compositional zonation in the melt inclusion, and improved estimates of Tc for CO2. Additionally, 
the model could benefit from the application of new vapor-saturation pressure models that 
incorporate more recent experimental data (e.g., Iacono-Marziano et al., 2012; Ghiorso and 
Gualda, 2015). 
7.4. What is the best approach for addressing bubble growth? 
In the previous section, we outlined the strengths and weaknesses of CO2 reconstruction 
methods, which are summarized in Figure 11. In short, there is no bubble panacea. A combination 
of approaches yields the best result. Measuring unheated melt inclusions and applying the 
calculated volume correction will produce important information on the natural state of the melt 
inclusions and initial CO2 contents. Better constraints on CO2 contents result from experimental 
rehomogenization. Regardless of the approach taken, we recommend that studies on the volatile 
contents of melt inclusions take several steps to accurately report their data. 
1. Describe the samples from which melt inclusion hosts are retrieved, including clast size 
and eruptive history. 
2. Publish all melt inclusion and host chemical data, including corrected and uncorrected data. 
Photomicrographs of melt inclusions and morphological data (e.g., size, shape, features) 
must also be provided. 
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3. Indicate the approach taken to address vapor-bubble growth and the associated 
uncertainties. 
7.5. How much do bubbles matter? 
 There is ample evidence for significant quantities of CO2 in vapor bubbles (e.g., Hartley et 
al., 2014; Moore et al., 2015; Wallace et al., 2015), and therefore, this CO2 must be accounted for 
before melt inclusions can be used as reliable indicators of magmatic volatile contents or the depths 
of magmatic processes. Our rehomogenization experiments show ~60% of the total CO2 contents 
reside in vapor bubbles in melt inclusions from Seguam and Fuego. The disparity has implications 
for the depth, degassing, and volatile budget information recorded in melt inclusions. For example, 
the vapor-saturation depths for heated melt inclusions are ~2 times greater than those of unheated 
melt inclusions on average (Fig. 12). Increasingly, melt inclusions are used in conjunction with 
gas emission data (e.g., Aiuppa et al., 2010; Métrich et al., 2011; López et al., 2013)(e.g., Werner 
et al., in prep), which relies on accurate CO2 measurements in melt inclusions in order to constrain 
degassing paths (e.g., Fig. 5). Maximum CO2 contents are used to estimate the volatile budgets of 
volcanoes (e.g., Tucker et al., 2019). Unheated melt inclusions from Seguam and Fuego have 100s 
of ppm of CO2, like most arc melt inclusions globally (Mironov et al., 2015), and yet the heated 
melt inclusions clearly demonstrate that parental melt compositions are 3 times more CO2-rich, 
with >1500 and >3000 ppm CO2 for Seguam and Fuego, respectively (Figs. 4, 5). Therefore, the 
importance of considering vapor bubbles is clear.  
7.6. Bubbles in melt inclusions from other hosts? 
 We have focused our attention on olivine-hosted melt inclusions. Melt inclusions are 
commonly studied with other host phases, such as quartz, plagioclase, pyroxene, and spinel. Vapor 
bubbles have been observed in melt inclusions hosted in these phases. All melt inclusions are 
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subjected to some of the same forcings, but the internal responses could be different for melt 
inclusions in different hosts. Our results indicate cooling is the most important driver of CO2 loss 
to vapor bubbles (e.g., Fig. 9). Bubble growth in olivine-hosted melt inclusions during cooling is 
bolstered by processes that work in concert to change the internal pressure of the melt inclusion. 
Cooling causes thermal contraction. This lowers internal pressure because the thermal expansion 
coefficient for basaltic melt is significantly greater than that of olivine. Cooling also drives post-
entrapment crystallization. Internal pressure decreases because olivine has a smaller molar volume 
than its constituent parts in melt. Therefore, differential host-melt thermal expansion coefficients 
and molar volumes are important considerations when evaluating how melt inclusions in other 
hosts might respond to post-entrapment process. 
8. Implications 
Melt inclusions commonly contain vapor bubbles (Sorby, 1858; Anderson, 1974; Roedder, 
1979). Increasingly, studies have demonstrated many vapor bubbles contain a significant portion 
(up to 90%) of total CO2 budget of the melt inclusion (Hartley et al., 2014; Moore et al., 2015; 
Wallace et al., 2015; Aster et al., 2016), yet the effect of vapor bubble growth is not always 
addressed. We show that experimentally homogenized melt inclusions from Seguam and Fuego 
volcanoes have CO2 contents greater than those of unheated, bubble-bearing melt inclusions by a 
factor of ~2.5, which has significant implications for interpretations of these melt inclusions. 
Future studies must consider vapor bubble growth, and, ideally, take more than one approach for 
addressing its effects. The most accurate CO2 determinations come from experimental 
rehomogenization. The MIMiC program presented here is provides a quick, easy means to model 
CO2 contents while preserving the natural features of melt inclusions. 
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Figure 1. Vapor bubble formation. (a) Evolution of H2O and CO2 contents of a melt inclusion and 
its carrier melt during ascent. Heavyweight lines show an example path for the carrier melt, which 
was calculated using VolatileCalc (Newman and Lowenstern, 2002). Dashed red and blue lines 
show the “ideal case” of melt inclusion ascent, where no vapor bubble growth occurs, and the 
originally entrapped volatiles are preserved. Lightweight lines show one possible path of bubble 
growth. For melt inclusion paths, the pressure and depth axes are external (i.e., not the pressure 
the melt inclusion experiences). (b) Schematic illustration of a magmatic plumbing system and 
melt inclusion formation. I. Irregular crystal growth and melt inclusion entrapment. II. Example 
post-entrapment processes that can lead to a decrease in internal pressure and bubble growth. III. 
Quenched melt inclusion. 
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Figure 2. Iterative method used in MIMiC to correct for post-entrapment crystallization (PEC, a) 
or melting (PEM, b) and Fe-Mg exchange. Examples are shown for two melt inclusions from 
Fuego. The open star (Final) shows the measured melt inclusion composition, and the filled star 
(Initial) is the corrected composition. The gray horizontal line shows the user-defined value of 
initial FeOTi, with the range of values that MIMiC accepts (shaded region). Each trial consists of 
an Fe-Mg exchange correction, which is omitted in the first trial, followed by a PEC or PEM 
correction. The amount of Fe-Mg exchange is adjusted in each trial until the PEC/PEM correction 
yields the input value of FeOTi. The host-inclusion equilibrium (solid black line) is different than 
the host-inclusion equilibrium at constant Kd (dashed black line) because temperature and melt 
composition of host-melt equilibrium vary, which affect Kd. Corrections performed using 
Petrolog3 (Danyushevsky and Plechov, 2011) are shown with blue, dashed lines.  
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Figure 3. Major element compositions of melt inclusions and bulk-rock samples. Plotted are 
unheated bubble-bearing melt inclusions from the literature (Lit.), Lit. melt inclusions that have 
been corrected for PEC/PEM and (in the 3 circled cases) Fe-Mg exchange using MIMiC (Lit. 
Cor.), heated melt inclusions (Heated), heated melt inclusions corrected for PEC/PEM only with 
MIMiC (Heated PEC/PEM), and heated melt inclusions that have been corrected for PEC/PEM 
and Fe-Mg exchange (Heated Cor.). Heated melt inclusions show strong evidence of overheating 










Figure 5. S-CO2 trends of melt inclusions. Heated melt inclusions that are circled contain vapor 
bubbles. Lines are modeled degassing paths (using the method of Johnson et al., 2009) calculated 
for heated melt inclusions (solid lines) and unheated glass data (dashed lines). Heated melt 
inclusions with and without vapor bubbles plot along the same trend, indicating bubbles in heated 
melt inclusions are largely free of volatiles.  
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Figure 6. Timescales of post-entrapment processes and their driving forces. (a) Arrhenius diagram 
showing the diffusivity of chemical species that control the rate of important post-entrapment 
processes. Calculations are for basalt with 4 wt% H2O (wet) or anhydrous (dry) using the following 
diffusion models: [a] Barth et al. (2019) for diffusion along the fast a-axis, [f] Chen and Zhang 
(2008) and [c] a modified version of [f] by Newcombe et al. (in prep), and [b] eq. 32, [d] eq. 30, 
[e] and [g] eq. 31 from Zhang et al. (2007). (b) Timescales of forcings of post-entrapment 
processes and internal responses. Responses are characteristic diffusion times calculated using 
diffusivities from (a) for a basalt at 1100 °C with eq. 1.  
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Figure 7. Post-entrapment processes during quench. Shown are closure (S, MgO, and CO2) and 
glass transition temperatures for (a) hydrous and (b) anhydrous basaltic melts across a range of 
cooling rates. Because melt inclusions undergo diffusive water loss over rapid timescales while at 
the surface (Lloyd et al., 2013), all melt inclusions will approach the anhydrous case at lower 
cooling rates. Post-entrapment crystallization (PEC) and addition of volatiles (CO2, S) to vapor 
bubbles accompany cooling until the closure temperatures are reached or the glass transition is 
crossed. The time to cool from 1100 °C to the glass transition temperature (i.e., cooling time) is 
indicated. Closure temperatures were calculated using the Dodson equation (Dodson, 1973). The 
characteristic diffusion length scale (a) was set to 50 ±25 µm. Diffusivities were the same as those 
in Figure 6. Pressure was set to 100 MPa. Glass transition temperatures were calculated using eq. 
37 of Zhang et al. (2007) and the viscosity model of Giordano et al. (2008) with an average of melt 
inclusion compositions from Seguam. Fields for cooling rates of various samples are approximate 
(e.g., Lloyd et al., 2013). Notably, only at the slowest cooling rates does the observed volume 
approach work. Additionally, the closure temperature for S is typically significantly above that for 




Figure 8. Post-entrapment correction routine in MIMiC. See Figure 2 for details on the PEC/PEM 
and Fe-Mg exchange corrections. The only vapor bubble reconstruction method depicted is our 
method. The vapor bubble routine also reconstructs CO2 using the observed volume and Riker 
(2005) approaches. Intermediate conditionsa are the closure temperature for CO2, calculated based 
on the cooling rate and water content of the melt, and the intermediate pressure, determined using 
the volatile contents of the glass. Initial conditionsb are the initial temperature, calculated using 
the PEC/PEM-corrected melt inclusion composition and the initial pressure, and the initial 
pressure, determined using the initial volatile contents of the melt and initial temperature. See 




Figure 9. Results of vapor bubble growth modeling using MIMiC. Cooling is the change in 
temperature from the initial (entrapment) temperature to the CO2 closure temperature. (a) 
Calculated vapor bubble volume at the CO2 closure temperature. (b) Mass fraction of CO2 in the 
vapor bubble. Plotted are results from MIMiC and values for unheated melt inclusions calculated 
using the heated melt inclusion degassing path in Figure 5 (Predicted values, shown with “X” 
symbols). The error bars for the mass fraction of CO2 in the vapor bubble are the maximum and 
minimum values from Monte Carlo simulations. All other error bars are 1σ standard deviations of 
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the Monte Carlo results. In MIMiC, vapor bubble volume and the mass fraction of CO2 in the 
vapor bubble are strongly dependent on cooling. Predictions for the mass faction of CO2 in the 
bubble based on heated melt inclusion degassing paths are broadly consistent with the results of 




Figure 10. CO2-S trends in heated and unheated melt inclusions for (a) Seguam and (c) Fuego, 
and normalized histograms of CO2 for (b) Seguam and (d) Fuego. Plotted are data for heated melt 
inclusions (Heated) and unheated bubble-bearing melt inclusions from the literature, which 
include Raman reconstructions (Lit. – Raman) from Moore et al. (2015), MIMiC reconstructions 
(Lit. – MIMiC), and reconstructions using the observed volume approach (Lit. – Obs. vol.), which 
is plotted as an inset in (a) and on the main figure in (c). Lines are modeled degassing paths (see 
text for details). Histograms in (b, d) include a histogram of predicted values of CO2 for unheated 
melt inclusions, based on heated melt inclusion degassing paths (solid lines).  
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Figure 11. Summary of the strengths and weaknesses of methods for determining the CO2 contents 
of bubble-bearing melt inclusions.  
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Figure 12. Results of vapor-saturation pressure modeling for individual melt inclusions 
(translucent symbols) and averages with 1σ error bars (black- and white-outlined symbols). 
Predicted depths are depths for unheated melt inclusions that are calculated using CO2 contents 
determined by projecting measured S contents to the CO2-S degassing path defined by heated melt 
inclusions (Fig. 5). Predicted melt inclusions have pressures (and depths) that are as much as two 
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Abstract 
During the run-up to eruption, volcanoes often show geophysically detectable signs of unrest. 
However, there are long-standing challenges in interpreting the signals and evaluating the 
likelihood of eruption, especially during the early stages of volcanic unrest. Considerable insight 
can be gained from combined geochemical and geophysical studies. Here we take such an 
approach to better understand the beginning of eruption run-up, viewed through the lens of the 
1999 sub-Plinian basaltic eruption of Shishaldin volcano, Alaska. The eruption is of interest due 
to its lack of observed deformation and its apparent long run-up time (9 months), following a deep 
long-period earthquake swarm. We evaluate the nature and timing of recharge by examining the 
composition of 138 olivine macrocrysts and 53 olivine-hosted melt inclusions and through shear-
wave splitting analysis of regional earthquakes. Magma mixing is recorded in three crystal 
populations: a dominant population of evolved olivines (Fo60-69) that are mostly reversely zoned, 
an intermediate population (Fo69-76) with mixed zonation, and a small population of normally 
zoned more primitive olivines (Fo76-80). Mixing-to-eruption timescales are obtained through 
modeling of Fe-Mg interdiffusion in 78 olivines. The large number of resultant timescales provides 
a thorough record of mixing, demonstrating at least three mixing events: a minor event ~11 months 
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prior to eruption, overlapping within uncertainty with the onset of deep long-period seismicity; a 
major event ~50 days before eruption, coincident with a large (M5.2) shallow earthquake; and a 
final event about a week prior to eruption. Shear-wave splitting analysis shows a change in the 
orientation of the local stress field about a month after the deep long-period swarm and around the 
time of the M5.2 event. Earthquake depths and vapor saturation pressures of Raman-reconstructed 
melt inclusions indicate that the recharge magma originated from depths of at least 20 km, and that 
mixing with a shallow magma or olivine cumulates occurred in or just below the edifice (<3 km 
depth). Deformation was likely outside the spatial and temporal resolution of the satellite 
measurements. Prior to eruption magma was stored over a large range of depths (~0-2.5 km below 
the summit), suggesting a shallow, vertical reservoir that could provide another explanation for the 
lack of detectable deformation. The earliest sign of unrest (deep long-period seismicity) coincides 
temporally with magmatic activity (magma mixing and a change in the local stress state), possibly 
indicating the beginning of eruption run-up. The more immediate run-up began with the major 
recharge event ~50 days prior to eruption, after which the signs of unrest became continuous. This 
timescale is long compared to the seismic run-up to other basaltic eruptions (typically hours to 
days). Other volcanoes classified as open-system, based on their lack of precursory deformation, 
also tend to have relatively long run-up durations, which may be related to the time required to fill 




 Unraveling the sequence and duration of magmatic events preceding volcanic eruptions is 
central to understanding volcanoes and the hazards they pose. Real-time volcano monitoring 
during unrest provides unparalleled insight into stirrings deep within a magmatic system (Sparks, 
2003). However, translation of the signals into magmatic processes is challenging, and only a 
handful of eruptions are well monitored. Petrology offers powerful tools to study eruption run-up 
that benefit from direct response to magmatic forcings and applicability to most eruptions. 
Diffusion chronometers (or crystal clocks) give insight into crystal residence times (Cooper and 
Kent, 2014), mixing-to-eruption timescales (Costa and Chakraborty, 2004), magma ascent rates 
(Lloyd et al., 2013), and cooling rates (Newcombe et al, 2014). Solubility barometers indicate the 
depths of magmatic processes (Spillieart et al., 2006). Further insight into the timing of magmatic 
events can be gained by applying modern seismological techniques to older datasets to glean new 
information (e.g., stress field analysis; Roman and Gardine, 2013). Developing these tools, and 
tying them to monitoring data, will help identify eruption triggers and understand the significance 
of real-time observations during unrest (e.g., Kahl et al., 2011; Rae et al., 2016). 
 An important goal for combined geochemical and geophysical research is understanding 
the earliest signals of volcanic unrest. In many cases, magma recharge and mixing are thought to 
initiate eruptions (Sparks et al., 1977). Geodetic methods can give insight into the first signs of 
recharge (Lu and Dzurisin, 2014). However, many volcanoes lack measurable deformation signals 
(open-system volcanoes) for reasons that are not well understood (Ebmeier et al., 2013). Deep 
long-period earthquakes (DLPs) may result from magma movement deep within the crust (Power 
et al., 2004), thereby providing another potential early sign of recharge. Interestingly, there have 
only been a few cases where DLPs have been identified as part of a precursory sequence (e.g., 
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Power et al., 2013; Power et al., 2004; White, 1996). To better understand the duration of eruption 
run-up, it is necessary to combine information on magma recharge with extremely subtle indicators 
of stress or deformation (e.g., shear-wave splitting) and the occurrence of DLPs prior to eruptions. 
 As a case study, we examine the 1999 sub-Plinian basaltic eruption of Shishaldin volcano, 
Alaska, one of the few examples where DLPs are suggested to be the earliest precursor to eruption 
(Power et al., 2004). While most basaltic eruptions have run-up durations on the order of hours to 
days (Passarelli and Brodsky, 2012), the earliest detected DLP swarm at Shishaldin occurred ~9 
months prior to eruption, implying an abnormally long run-up. Interferometric synthetic aperture 
radar (InSAR) images that span the DLP swarm lack indication of inflation (Moran et al., 2006), 
which may be related to spatiotemporal limitations of the old dataset and/or the general lack of 
observed inter- and intra-eruptive deformation at Shishaldin over the past 20 years (Lu and 
Dzurisin, 2014; Moran et al., 2006). We focus on this eruption to determine (1) when eruption run-
up began and (2) why there was no readily InSAR-detectable geodetic signal. Both require a 
detailed understanding of the location of magmas in space and time prior to the eruption. A 
comprehensive set of real-time observations chronicle the run-up and ultimate VEI 3 eruption (Nye 
et al., 2002). We build on these observations using geochemical and geophysical tools. Magma 
depths are examined by employing solubility barometry, using measured and reconstructed 
volatile contents of melt inclusions. The timing of magma recharge is investigated using 
compositional gradients in olivine for diffusion chronometry and seismic shear-wave splitting 
patterns as indicators of stress. Finally, we consider Shishaldin in the context of other open-system 
volcanoes and compare our results with seismically defined run-up timescales from the literature 
(Passarelli and Brodsky, 2012). 
2. Eruption timeline 
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 Activity precursory to the 1999 eruption of Shishaldin likely started in July 1998 with the 
occurrence of a swarm of long period (LP) earthquakes, spanning depths of >15 to ~0 km below 
sea level (BSL) (Moran et al., 2002). A second, minor swarm occurred in September-October 
(Moran et al., 2002). Little activity followed until February 1999, when low-level seismic tremor 
initiated (Thompson et al., 2002). On February 9, a thermal anomaly appeared in the summit crater 
(Dehn et al., 2002). Around the same time, vigorous steam plumes were observed, and low-level 
tremor became continuous (Nye et al., 2002). Precursory activity reached a crescendo on March 4 
with a shallow (~0 km BSL), strike-slip M5.2 tectonic earthquake located 16 km west of Shishaldin 
(Moran et al., 2002). Aftershocks followed, causing a significant increase in the rate of earthquakes 
(Thompson et al., 2002). After minor Strombolian activity that began as early as late March (Dehn 
et al., 2002), a sub-Plinian, VEI 3 event occurred on April 19. In only ~80 minutes, ~4.3x107 m3 
of basaltic scoria (or 1.4x107 km3 dense rock equivalent) was ejected in two short bursts, with 
plumes reaching heights of ~9 and ~16 km (Nye et al., 2002). After the initial sub-Plinian 
explosion, the eruption shifted to vigorous, pulsating Strombolian bursts for ~2.5 hours, and 
similar activity continued sporadically into May (Nye et al., 2002). 
3. Sample description 
 We study a tephra fall deposit (SH15DJR63; IGSN: TAP00005C; Fig. 1) associated with 
the sub-Plinian phase of the eruption, the only phase to produce significant deposits (Stelling et 
al., 2002). The deposit was thick (>1 m) and continuous in the area sampled (Fig. 1). Clast sizes 
range from fine ash to coarse lapilli, with rare blocks and bombs. The sample is basaltic (50 wt.% 
SiO2) in its whole rock and matrix glass composition (Tables A3, A4). Plagioclase feldspar is 
moderately abundant (~20% modal abundance) and lesser, subequal portions of olivine and 
clinopyroxene are present (~3% each). Loose olivine (0.5-1 mm) from ash size fraction is studied. 
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It is typically subhedral-euhedral with occasional dissolution textures. Olivine-hosted melt 
inclusions occur infrequently and vary in size (40-180 µm, average 70 µm, diameter). Most lack 
co-entrapped crystal inclusions (>60%) or vapor bubbles (>70%). Vapor bubbles occupy 1-8 vol.% 
(3 vol.% average). Melt inclusions studied here were examined individually, and all are fully 
enclosed, glassy, and lack visual signs of decrepitation (e.g., wisps of glass in the host olivine, 
cracks, oversized bubbles). 
4. Geochemical methods 
Detailed analytical methods are given in Appendix 2, and data are reported in Appendix 3. 
4.1 Analyses of olivine compositional profiles 
A survey of 162 olivines was conducted by laser ablation inductively coupled plasma mass 
spectrometry (LA ICP-MS) using a VG PQ Excell mass spectrometer interfaced with a NewWave 
193nm ArF Eximer laser at Lamont-Doherty Earth Observatory. Of the 162 surveyed olivines, 85 
were selected for further analysis based on the following criteria: presence of adhering matrix 
glass, minimal fractures, relatively simple zonation patterns, and cuts appearing to be on-center 
per criteria in Shea et al. (2015a). For the 85 selected olivines and the 53 olivine hosts of melt 
inclusions, we obtained backscattered electron (BSE) images using a Zeiss EVO60 variable 
pressure scanning electron microscope at the American Museum of Natural History (AMNH). For 
zoned crystals (84 olivines, including 17 inclusion hosts; Appendix 4), we also collected electron 
backscatter detection (EBSD) patterns to determine crystallographic orientation. Quantitative 
measurements of olivine compositions were obtained using a Cameca SX-100 electron microprobe 
(EMP) at the AMNH. BSE grayscale values were fitted to olivine forsterite determined by EMP 
using a linear regression (in most cases, R2 > 0.9).  
4.2 Analyses of melt inclusions and matrix glasses 
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 We examined 53 olivine-hosted melt inclusions, 25 containing vapor bubbles 
(photomicrographs in Appendix 5). CO2 density in the bubbles was measured by Raman 
spectroscopy using a JY Horiba LabRam HR (800 mm) spectrometer connected to a 514 nm Laser 
Physics laser at Virginia Tech, following Lamadrid et al. (2017). H2O and CO2 contents in 49 
inclusions and 12 matrix glasses were measured using a Thermo-Nicolet Nexus 670 FTIR 
spectrometer coupled with a Continuum IR microscope at the AMNH. Major elements and 
volatiles (S, Cl) were measured in inclusions and matrix glasses on the AMNH EMP. 
4.3 Accounting for post-entrapment changes to melt inclusion compositions 
Post-entrapment crystallization (or melting), termed PEC (or PEM), of olivine along the 
melt inclusion-olivine interface is common. The process occurs when the olivine-melt equilibrium 
shifts after inclusion entrapment, primarily due to cooling or heating. We tested for PEC/PEM by 
evaluating the equilibrium host Fo. To calculate the equilibrium host composition, the Fe 
speciation and the Fe-Mg olivine-melt partitioning (KD
Fe-Mg) must be known. To obtain oxygen 
fugacity, the olivine-melt V partitioning oxybarometer of Canil (2002) was applied to matrix-
glass-olivine pairs analyzed by LA ICP-MS. Calculated values of NNO are -1 to +1 that average 
to NNO +0 ±0.5 (or ±0.2 using the standard error of the mean) (Fig. A1a). Fe speciation was 
determined using Eq. 6 of Kress and Carmichael (1991), which yields an average Fe3+/FeT of 0.19 
±0.03 (Fig. A1b). We followed Toplis (2005) to calculate KD
Fe-Mg (avg. 0.32). In many cases (22 
of 53), inclusions were in equilibrium with a host composition that is within 1 mol% of the 
measured host Fo (Fig. A2), reflecting minor PEC/PEM. We corrected for these processes by 
incremental addition (or in the cases of PEM, subtraction) of olivine until equilibrium is satisfied. 
Calculations were performed using a Monte Carlo approach, conducting 200 trials for each 
inclusion in which inclusion and host compositions and Fe speciation were varied over their 
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uncertainties. Most (83%) inclusions without vapor bubbles experienced PEM (avg. 1.5 wt.% 
olivine), whereas bubble-bearing inclusions typically (58%) underwent PEC (avg. 1.5 wt.%). 
Vapor bubbles can form in melt inclusions during cooling and crystallization, diffusive H+ 
loss, and depressurization during ascent. The bubbles typically contain CO2 (Hartley et al., 2014; 
Moore et al., 2015) and possibly other volatile species (Esposito et al., 2016). We accounted for 
vapor bubble formation by adding CO2 in the bubble back into the inclusion following the methods 
of Moore et al. (2015). The density of CO2 in each bubble was calculated using the Raman-
measured Fermi diad splitting and the calibration of Lamadrid et al. (2017). Our results suggest 
97-~100% of the originally entrapped CO2 was lost to the bubble. 
5. Olivine and melt inclusion populations 
5.1 Olivine populations 
 Olivines exhibit significant chemical variability, having an overall range of Fo53-79, 0.05-
0.36 wt.% CaO, 0.29-0.77 wt.% MnO, and 25-566 ppm Ni. Olivine core compositions form one 
dominant and two lesser modes, and rims plot between the high- and low-Fo core modes (Fig. 2). 
The zonation patterns can be binned into four types: nominally unzoned, predominantly normally 
zoned (i.e., Fo decreases toward rim; Fig. 3a), predominantly reversely zoned (i.e., Fo increases 
toward rim; Figs. 3b,c), and irregular (not evaluated). In the 85 evaluated olivines, three distinct 
populations are delineated by olivine core compositions and zonation patterns (Fig. 2). Population 
1 consists of the most evolved olivines (71 crystals with Fo58-69) that are mostly reversely zoned 
(83%); fewer have no zonation (11%) or normal zonation (6%). Population 2 Fo69-76 olivines have 
mixed zonation. Of the 11 crystals, 64% are reversely zoned and 36% are normally zoned. 
Population 3 is comprised of the most primitive olivines (Fo76-80). All 3 are normally zoned. Steep, 
narrow (<5 µm) zonation bands occur in 9 of the 85 evaluated crystals (e.g., Fig. 3b), which we 
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consider to be the product of late stage growth or diffusion and do not consider in classifying 
zonation patterns or diffusion modeling. 
5.2 Melt inclusion and host olivine populations 
Melt inclusion host compositions, which are used for inclusion classification, follow the 
olivine populations described above (Fig. 2). Three populations are also reflected in inclusion 
major element, S, and CO2 compositions (Figs. 4, A3, A5). Most hosts are reversely zoned (57%), 
and fewer lack zonation (23%) or are normally zoned (20%). All but 3 inclusions are in the 
unzoned core. Inclusion major element compositions are largely basaltic (2.8-5.7 wt.% MgO, 46.4-
53.3 wt.% SiO2; Fig. A3). Compositions diverge from the bulk rock array of Shishaldin toward 
elevated FeOT and lower Al2O3, which we ascribe to shallow plagioclase crystallization based on 
compositional similarity between population 1 inclusions and the matrix glass (Figs. A3a,c). 
Population 3 (a single inclusion) plots with the bulk rock compositions, and population 2 is 
intermediate (Fig. A3). In general, population 1 are the most degassed in volatiles, population 3 
the least, and population 2 is intermediate (Figs. 4, A4, A5). H2O (0.1-2.5 wt.%) and CO2 (~0-
2630 ppm) do not follow an equilibrium degassing path. Inclusions with high H2O and negligible 
CO2 concentrations indicate degassing occurred in a relatively open system (i.e., open-system 
degassing curve; Figs. 4, A6). Deviation from the open-system path is likely due to diffusive loss 
of H+, which is supported by the lack of a systematic relationship between H2O and K2O (Fig. 
A5a) (Lloyd et al., 2013). Conversely, S correlates negatively with K2O (Fig. A5c), consistent with 
crystallization driven by decompression and degassing.  
5.3 Evidence for magma mixing 
Olivine composition and zonation provide strong evidence for mixing. End-member 
scenarios are (1) mixing between less- and more-evolved magmas and (2) mixing between an 
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intermediate magma and pre-existing olivine. In the first case, low-Fo (Population 1) and high-Fo 
(Population 3) olivine populations may reflect the end-member magmas, and the mixing reservoir 
is represented by intermediate rim compositions and population 2 crystals that have intermediate 
compositions and mixed zonation patterns (Fig. 2). Similar patterns in olivine compositions have 
been used to infer mixing at Mt. Etna (Kahl et al., 2011) and many other volcanoes (e.g., Kīlauea; 
Rae et al., 2016). Alternatively, crystal populations and zonation profiles could represent cumulate 
entrainment. In this case, a magma, represented by population 2 crystals, would have picked up 
two populations of pre-existing olivine (populations 1 and 3), drawing olivine compositions 
towards that of the intermediate magma. The thermal histories of melt inclusions corroborate both 
scenarios. Eruption temperatures are generally greater than entrapment temperatures for more 
inclusions in population 1, and vice versa in population 3 (Fig. A7). Both cases, collectively 
referred to as magma mixing, have similar implications for the timing of recharge and will be 
explored together. 
6. Geochemical modeling 
6.1 Modeling mixing-to-eruption time with Fe-Mg interdiffusion 
Upon magma mixing, melt-crystal equilibrium is shifted. Crystals respond by some 
combination of crystal growth, dissolution, and diffusion (Streck, 2008). The process of diffusive 
equilibration is often incomplete for certain elements at the time of eruption, leaving a chemical 
gradient frozen into the crystal that can be used to study the time elapsed between the mixing event 
(diffusion starts) and eruption (diffusion effectively stops). Fe-Mg diffusive exchange in olivine 
(i.e., Fe-Mg interdiffusion) is a particularly powerful chronometer because the rate of diffusion is 
well known (Dohmen and Chakraborty, 2007), timescales of days to years can be studied (e.g., 
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Kahl et al., 2011), and profiles can be measured at high spatial resolution via BSE imaging (Streck, 
2008). 
Olivine composition and zonation patterns studied here indicate magma mixing. Therefore, 
we can extract a temporal record of the mixing event(s) by modeling Fe-Mg interdiffusion. Most 
evaluated crystals contain simple zonation patterns (i.e., reverse or normal zonation near the rim 
and a flat chemical gradient near the core). A few crystals (4 of 78) show interior zonation patterns 
that merged into the zonation pattern on the rim. For these cases, we modeled the dominant 
zonation pattern. Modeling was conducted using the DIPRA software (Girona and Costa, 2013), a 
finite difference code that solves Fick’s second law of diffusion. Several parameters went into the 
calculation: 
Initial concentration profile. Following mixing, the olivine zonation can be described as initially 
homogeneous (i.e., no crystal growth; Figs. 3a,b), step-function (i.e., “instantaneous” olivine 
growth; Fig. 3), or initially zoned (i.e., olivine growth, leaving a zoned profile). We did not 
consider the third case (initially zoned) because olivine crystallization, even if rapid, is thought to 
result in a homogenous profile (e.g., Shea et al., 2015b). Additionally, we modeled profiles along 
different crystallographic axes and only consider results with timescales that overlap within 
uncertainty. To distinguish between initially homogenous and step-function cases, we took two 
approaches. First, we evaluated the profile shape of a slow diffusing (>decades) element (P). The 
effective partitioning of P increases when crystal growth rate is high (Milman-Barris et al., 2008). 
Thus, a sharp increase in P2O5 implies rapid olivine growth (step-function) (e.g., Fig. 3c). Second, 
we evaluated the shape of the Fo profile. Where a zoned profile plateaus near the rim or the profile 
is strongly sigmoidal in shape, we assumed rapid olivine growth occurred (e.g., Fig. 3a). If we 
could not distinguish between initial conditions using these criteria, we modeled both initially 
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homogeneous and step function cases. Where both cases yield consistent results for axes along 
different crystallographic directions, we present each as tmin (for step function) and tmax (for initially 
homogenous). Where results for just one of the starting conditions was consistent or the initial 
condition could be inferred, one timescale is provided. 
Crystallographic orientation. Diffusion along the c-axis of olivine is six times faster than along 
the a- and b-axes (Dohmen and Chakraborty, 2007). We used EBSD results to constrain the 
orientation. 
Temperature. We calculated equilibrium temperature of olivine-melt-inclusion pairs using the 
thermometer (eq. 4) of Putirka et al. (2007). To avoid uncertainty introduced by PEC/PEM 
corrections, we evaluated 10 bubble-free melt inclusions without significant PEC/PEM (i.e., 
equilibrium olivine within one Fo mol.% of the host; Fig. A2), which we assume to be 
representative of the mixed magma body. The average temperature, 1093°C, is in good agreement 
with temperature from olivine-matrix-glass pairs (Fig. A7). We consider the standard deviation of 
these temperature measurements (±8°C) as the internal uncertainty and the standard error of 
estimate (SEE) of the thermometer (±29°C) as the systematic uncertainty. We also calculated the 
entrapment temperature, using the measured host composition with the PEC/PEM corrected 
inclusion composition and H2O concentration determined by S-H2O systematics (Fig. A4), and the 
eruption temperature, using measured inclusion composition with the calculated equilibrium 
olivine and measured H2O concentration. These results average to 1072°C and 1095°C, 
respectively, most falling within the SEE of the thermometer (Fig. A7). 
Pressure. Pressure has a minor effect on diffusion. For simplicity, we assumed a value of 90 MPa, 
which is consistent with results of solubility barometry. 
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Oxygen fugacity. We used the average result (NNO +0) from olivine-melt V partitioning 
calculations described above and shown in Fig. A1a. 
Diffusivity. Expressions for the diffusivity of Fe-Mg in olivine derived from DIPRA are based on 
experimentally calibrated models from the literature (Dohmen and Chakraborty, 2007). The effect 
of water on Fe-Mg interdiffusion was assumed negligible because of the low water content (~1 
wt.%) of the system (Costa and Chakraborty, 2008). 
 The DIPRA software calculates error in diffusion time based on uncertainties in 
temperature and composition (i.e., analytical noise). We used both the internal and systematic 
uncertainties in temperature for error analysis. Uncertainty in oxygen fugacity is thought to have 
a minor effect on diffusion times (±5% for the standard error of the mean of NNO measurements) 
and is not considered further. 
We evaluated 148 individual profiles in 78 crystals (including 18 melt inclusion hosts), and 
69 crystals had timescales between multiple profiles overlapping within uncertainty (Fig. 5). 
Crystals without consistent results, likely reflecting growth zonation or sectioning effects (Shea et 
al., 2015a), were excluded. For timescales, typical 1σ internal uncertainty is about 14%, whereas 
systematic uncertainty is 35-50%. 
6.2 Modeling the depth of magma storage with vapor saturation pressure 
Volatile solubility in silicate melt strongly depends on pressure (Moore, 2008). Melt 
inclusions record the volatile content of a differentiating magma, thereby providing a tool to 
examine the depths of magma storage, provided two strict requirements are met. First, the 
entrapped melt was vapor-saturated. Second, H2O and CO2 contents are unchanged since 
entrapment. Inclusions show clear evidence of saturation with a mixed volatile phase. Compared 
to an index of crystallization (e.g., K2O), CO2 does not behave incompatibly (Figs. A5a,b). The 
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second requirement provides a challenge. Inclusions rapidly lose (or gain) H2O by diffusion of H
+ 
through the host when a concentration gradient exists between the external melt and inclusion 
(Gaetani et al., 2012). Diffusive loss of H+ becomes important during magma ascent as water 
degasses, increasingly at shallower depths (Fig. 4). The process can be examined by evaluating 
water contents of inclusions of variable size because small inclusions re-equilibrate more rapidly 
(Chen et al, 2013). No relationship exists between inclusion size and water content, implying that 
water loss during ascent is minor. Additionally, we modeled diffusive loss of H+ from inclusions, 
using the model of Chen et al. (2013) modified by Rasmussen et al. (2017). Negligible water loss 
occurs (<0.1 wt.%), assuming minimum reasonable ascent rates (0.1 m/s; Lloyd et al., 2013) and 
maximum storage depths (3 km; Fig. 6). However, longer term water loss is likely, indicated by 
H2O and K2O scatter (Fig. A5a), which is probably the result of re-equilibration with the shallow 
magma during pre-eruptive storage. 
Taking these observations into account, we calculated two pressures recorded by melt 
inclusions. First, we calculated the last pressure of equilibration (Pequil), reflected in the measured 
H2O contents of the inclusions. The assumption is that the inclusions stalled at this pressure long 
enough (>hours to days) for the inclusions to diffusively equilibrate to the H2O concentration of 
the external magma, and then erupted rapidly from this depth. We have shown that inclusion 
compositions are consistent with open-system degassing (Figs. 4, A6), whereby CO2 is nearly 
completely lost before H2O degasses. Therefore, the measured H2O content and CO2 = 0 ppm was 
used to calculate Pequil. Second, we calculated entrapment pressure (Pentrap), which requires that 
water contents to be corrected for the diffusive loss. Given that S does not diffuse through olivine 
significantly over the ~1 year timeframe of this eruptive system, and there is little evidence that 
significant portions enter vapor bubbles, we used S-H2O systematics (Fig. A4) to restore the initial 
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H2O concentration. Restored H2O and measured CO2 were used to calculate the Pentrap. Vapor 
saturation pressures were modeled using Newman and Lowenstern (2002). Results for Pequil vary 
from 0.1-63 MPa, corresponding to depths of <3 km (for >2.2 g/cm3), which is within the volcanic 
edifice, and Pentrap estimates vary from 10-500 MPa, corresponding to depths of ~0-20 km (Fig. 
6).  
7. Shear-wave splitting analysis 
 In 1998-1999, Shishaldin was monitored by a permanent seismic network comprised of 
three Mark Products short-period seismic stations located within 10 km of the summit (Moran et 
al., 2002). One station (SSLS; Fig. 1) hosted a three-component sensor (MP L22-3D; 1 Hz corner) 
sampled at 100 Hz, enabling analysis of shear-wave splitting (SWS) in regional (tectonic) 
earthquakes using a semi-automated method (Savage et al., 2010), detailed in Appendix 2. 
 From 46 analyzed regional earthquakes during July 1998-December 1999, we obtained 11 
stable SWS measurements that allow us to make broad interpretations of precursory stress changes 
in response to magma mixing and ascent (Fig. 7). The depths of the events are variable (12-65 km 
BSL; Fig. 7, Table A8). Prior to mid-August 1998, fast wavelet orientations (Φ) are subparallel to 
regional maximum compression. From mid-August 1998 until the eruption, Φ measurements 
indicate a spatiotemporally heterogeneous local stress field orientation. In August 1998, delay 
times (dt) increase sharply from 0.1 s to > 0.4 s and Φ changes from subparallel to the regional 
maximum compression to perpendicular, coincident with the July LP swarm. Starting in February 
1999, dt decreases sharply and Φ becomes variable, coincident with the observation of a thermal 
anomaly at the summit. Following the eruption, dt and Φ both return to background levels. The 
depth of the anisotropic region, which existed from August 1998 until the eruption in April 1999, 
is constrained to the depth range between the earthquake depth and the elevation of SSLS (~1 km 
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above sea level). In most cases, the depth range spans the thickness of the crust (41 km; 
Janiszewski et al., 2013). 
8. Discussion 
8.1 Combining geochemical and geophysical observations of eruption run-up 
 Generally considered the earliest precursor to the 1999 eruption of Shishaldin, the July 
1998 LP swarm spanned depths of >20 km to the surface, providing captivating, yet tenuous, 
evidence for magma recharge from the mid crust (Moran et al., 2006; Power et al., 2004). LP 
earthquakes are typically associated with magma movement (Power et al., 2004), although other 
source mechanisms have been proposed (Aso and Tsai, 2014). InSAR images spanning this period 
do not show inflation (Moran et al., 2006). Therefore, the recharge interpretation would benefit 
from crystal clock corroboration. The longest mixing timescales we find form a weak peak at ~350 
(ME-1, Fig. 8e), ±40 days (internal uncertainty) or -120/+175 days (systematic uncertainty). We 
attribute this peak to mixing that followed the July DLP swarm (~290 days) (Fig. 9a). A possible 
reason for the offset is that our temperature estimates are for the magma immediately prior to 
eruption. Temperatures of earlier magmas are less well-constrained. 
A month after the July LP swarm, we observe a change in SWS (Fig. 7). An increase in dt 
was accompanied by a ~90° change in Φ from parallel to regional maximum compressive stress 
(NUVEL-1A; DeMets et al., 1994) to nearly perpendicular. A similar change in SWS observed 
during the run-up to the 2009 eruption of Redoubt volcano was suggested to result from stress field 
reorientation following magmatic intrusion (Roman and Gardine, 2013). Pressurization can result 
from addition of new magma or second boiling of magma already in place. Diffusion chronometry 
does not give a strong indication of mixing during the August 1998 change in dt (Fig. 8e), although 
the first peak in mixing timescales (ME-1) at 350 days could be shifted to this event (260 days) if 
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the temperatures are under-estimated by 20 degrees (within the systematic uncertainty). We find 
it more likely, however, that ME-1 coincides with the July LP swarm, which is closer in time to 
the ME-1 peak. The two earthquakes bracketing the change in SWS occurred at 57 km depth (Fig. 
7), giving a maximum depth for the intrusion. Therefore, the pressurization associated with the 
stress field change could have occurred without mixing (or without a crystal clock record), perhaps 
deep in the system, or as a delayed response to the mixing event (i.e., due to second boiling). 
A second swarm of LP earthquakes occurred in October-November 1998, and after, there 
were few geophysical signs of unrest until February 1999 (Fig. 8). During this time, a few crystal 
clocks, roughly one every five days, were activated (Fig. 8e). One possibility is that there was 
quiescence in the magmatic system during this time, and the few diffusion timescales we see are 
due to sectioning effects (Shea et al., 2015a). However, if this were the case, we would expect to 
see a pseudo-exponential decay in the number of timescales following the true mixing events. The 
observed distribution is more irregular. More likely scenarios include small recharge events or 
mixing during destabilization and rearrangement (Fig. 9b). Winter storms could have increased 
instrument noise and obscured subtle seismic signals of unrest. Additionally, the feeding system 
may have become mechanically weak and less prone to seismicity after repeated intrusion (Sparks, 
2003). 
February and March of 1999 brought signs of impending eruption (Fig. 8). On February 9, 
satellite observations detected a thermal anomaly in the summit crater (Dehn et al., 2002). Around 
this time, LP events were recorded, tremor became continuous, and vigorous steam plumes were 
emitted (Nye et al., 2002). We also observed a concurrent decrease in dt (Fig. 7), suggesting a 
decrease in pressurization below the elevation of station SSLS. There is not strong evidence for 
significant mixing at that time (Fig. 8e). These observations are consistent with upward transfer of 
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magma to a shallower reservoir (Fig. 9c). On March 4, there was a shallow M5.2 tectonic 
earthquake that has been attributed to magmatic intrusion (Moran et al., 2002). Concurrently, the 
thermal anomaly grew in strength and, based on zenith angle widening, apparently ascended in the 
conduit until March 21, when Strombolian activity may have commenced (Dehn et al., 2002; Fig. 
8c). A major peak (ME-2 = ~50 ±7 days) in mixing timescales is coincident with the M5.2 
earthquake (46 days), which gives strong evidence that a large pulse of new magma charged the 
shallow system at the time (ME-2; Figs. 8d). However, the systematic uncertainty could shift this 
peak by ±21 days, leaving some uncertainty on the timing. Also at the time of the M5.2, dt dropped 
to nearly background levels (Figs. 7, 8c), but measurements of Φ were more variable over the next 
few weeks. These observations are most consistent with the upward propagation of the pressure 
source to an elevation above SSLS, but because the depths of the earthquakes are variable during 
this time, the length of the ray path could have some effect on the signal. Taken together, we have 
evidence of upward magma migration in the shallow system in early February (Fig. 9c), and a 
clear indication that a large intrusion that occurred in late February to early March (Fig. 9d). 
Unrest continued after the M5.2 earthquake. Tremor gradually increased in magnitude, 
punctuated by a few spikes and drops, possibly indicating Strombolian activity (Thompson et al., 
2002). There is a lull in crystal clock initiation until approximately a week prior to eruption when 
there is an uptick in mixing timescales (ME-3 = ~10 ±1 days; April 9; Figs. 5, 8d), which is 
coincident with a sharp increase in tremor that occurred on April 7 (Nye et al., 2002). ME-3 likely 
represents a new magma injection or vigorous mixing of heterogeneous domains prior to eruption 
(Fig. 9e). The latter is supported by the irregular nature of the zonation patterns (ME-3 zonation 
patterns in population 1 are both reverse and normally zoned). About a week later (April 17), the 
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first confirmed eruptive activity began, consisting of small Strombolian bursts (Nye et al., 2002). 
On April 19, the sub-Plinian eruption occurred. 
8.2 Why does Shishaldin apparently not deform? 
Despite 43 million m3 of tephra being ejected, interferograms spanning the 1999 eruption 
of Shishaldin (September 1998 to May 1999; Fig. 8c) showed negligible eruption-related 
deformation (Lu and Dzurisin, 2014; Moran et al., 2006), consistent with the long-term lack of 
observable deformation (Lu and Dzurisin, 2014; Moran et al., 2006). Synthetic interferograms 
simulating withdrawal of the appropriate volume of melt from a Mogi source at shallow depths (0 
km BSL) show deformation above detection limit (Lu and Dzurisin, 2014). Evaluating the 1995 
and 1999 eruptions of Shishaldin, Moran et al. (2006) suggest several possible explanations for 
the apparent lack of deformation: (1) deformation took place and was recovered in the time 
between satellite passes (~9 months), (2) deformation was focused in regions where InSAR is 
insensitive to deformation (i.e., >10 km BSL or in the edifice), or (3) there was no deformation. 
They favored the first two ideas, suggesting recharge originates from deep (>10 km BSL) and 
operates on timescales outside the temporal resolution of InSAR, and associated deformation 
occurred in regions where the deformation signal was dampened. Critical to testing this hypothesis 
is understanding the location of magmas in space and time prior to eruption. 
 Geochemical and geophysical observations discussed here provide a detailed pre-eruptive 
history of the magmas. Recharge occurred in July 1998 (ME-1; Fig. 9a) and small intrusions may 
have continued sporadically (Fig. 9b) until February-March 1999 (ME-2), when a substantial 
influx of magma to the shallow storage region occurred (Fig. 9d). The July recharge magma was 
likely derived from >20 km depth, indicated by the maximum depth of LP swarms (Fig. 8a), and 
it resulted in pressurization of an area below the elevation of station SSLS (Figs. 7, 9b). Part of the 
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February-March recharge may have been sourced from a similar depth as the July recharge, given 
the entrapment pressure (equivalent to ~20 km depth) of the single melt inclusion that is associated 
with the recharge magma (Population 3, Figs. 6, 8b). Magma in the pressurization region also 
likely ascended during this time, which resulted in the upward migration of the pressure source 
and causing the decline in dt measured at SSLS (Figs. 7, 9d). Mixing associated with the July and 
February-March recharge events occurred between recharge magma and shallow olivine stored 
within the edifice (Pentrap of Population 1 are nearly all in the edifice; Figs. 6a, 8b). Corroborating 
this notion are mixing timescales in olivines with shallowly entrapped inclusions that might date 
back to the July LP swarm (Fig. 6b). Additionally, population 2 olivines may represent the mixing 
reservoir, with entrapment depths constraining the mixing depth to mostly within the edifice (Fig. 
6a). Together, we have evidence of recharge initiating at depths of ≥20 km, which led to mixing 
at shallow depths (within edifice). 
The volumetric proportion of resident and recharge magmas can be approximated for the 
two end-member mixing scenarios considered: (1) mixing between more- and less-evolved 
magmas (represented by populations 1 and 3) or (2) mixing between an intermediate composition 
magma (i.e., population 2) and pre-existing olivine. In the first case, melt ratios can be 
approximated by evaluating the mixing ratio of the melts in equilibrium with the modes of 
populations 1 (Fo63) and 3 (Fo78) cores required to create the rim composition mode (Fo68), which 
indicates a 3:2 ratio of resident to recharge melt. Alternatively, the second case requires that all 
the melt was delivered during the recharge. In both cases, the recharge magma contributes 
substantially to the volume of erupted magma. 
These results indicate that InSAR images used by Moran et al. (2002) were blind to the 
deformation in both space and time. Magmas feeding the eruption were sourced from depths of <3 
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km (in the edifice) or >10 km BSL, and most of the recharge magma moved between the deep and 
shallow reservoirs in the time between satellite passes. It is unclear if deformation would have 
been detected if measurements were made with modern satellites or ground-based sensors, which 
may offer greater sensitivity or a decreased repeat interval of measurements. 
The long-term lack of deformation at Shishaldin is yet to be explained. One possibility is 
the absence of a permanent shallow storage region at Shishaldin (Moran et al., 2006; Lu and 
Dzurisin, 2014). However, LP swarms during repose intervals are common (Fig. A8), which are 
possibly related to upward melt migration. Shallow, inter-eruption storage has been suggested 
(Cusano et al., 2015). If this occurs, long-term lack of deformation may relate to the geometry of 
magma storage. Vertically oriented reservoirs result in minor surface deformation relative to point-
source approximations (Ebmeier et al., 2013), which could explain the absence of observations of 
significant deformation at Shishaldin. Assuming water loss during ascent is minimal (see 6.2.), 
melt inclusions evaluated here indicate storage at a range of depths prior to eruption (Pequil, Fig. 
6a), supporting a vertically oriented system. One possibility is that shallow magma storage occurs 
in a conduit, which has been suggested for other open-system volcanoes (Chaussard et al., 2013). 
If so, an approximation of the dimensions can be made by taking the volume of erupted material 
(1.4x107 m3 DRE; Stelling et al., 2002) and the vertical extent of pre-eruptive magma storage of 
2.5 km indicated by Pequil (Fig. 6a), which yields a relatively large conduit radius of ~42 m. This 
might suggest the storage region was more extensive than a conduit. 
8.3 When does eruption run-up begin? 
Identifying the timing and nature of magmatic events that precede eruption informs our 
understanding of eruption triggers and improves hazard assessment. For the 1999 eruption of 
Shishaldin, most consider the July LP swarm as the earliest sign of unrest (Nye et al., 2002; Power 
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et al., 2004). However, the role the July LP events played in eruption run-up is neither simple, nor 
direct. Similar LP swarms are common to Shishaldin, and most do not lead to eruption (Fig. A7), 
consistent with studies of crystal residence times that reflect several pulses of magmatic input to 
crustal reservoirs during repose intervals (Cooper and Kent, 2014). Following the second LP 
swarm in November, there was a period of relative geophysical and petrological quiescence (Fig. 
8), with perhaps some small recharge events (Fig. 9b). After this brief repose, signals of unrest 
begin again in January-February 1999, culminating in a high flux recharge event in February-
March 1999 (ME-2; Fig. 8). Interestingly, there were relatively few seismic signs of recharge until 
the M5.2 earthquake except for a few long-period earthquakes (Fig. 8a) and tremor that was first 
recognized in mid-January (Thompson et al., 2002). It is possible that the July recharge “cleared 
the way”, opening a path for magmas to later ascend aseismically. Borrowing terminology from 
Putirka (2017), we might categorize the July LP swarm and mixing event (ME-1) as being the start 
of the “proximal” run-up, whereas the February-March recharge (ME-2) was the start of the 
“immediate” run-up when signals of unrest became continuous, and a final mixing event (ME-3) 
may have led to the onset of eruption. 
Regardless of the event that best marks the beginning of unrest (e.g., ME-1, ME-2, ME-3), 
or whether a discrete event could do so, Shishaldin had a long run-up relative to those defined 
seismically with a similar repose interval, especially compared to other basaltic eruptions (Fig. 
10). Due to the long-term lack of observed deformation, Shishaldin has been characterized as an 
open-system volcano (Lu and Dzurisin, 2014). One interpretation of this behavior is that deeply 
derived magma moves into the shallow system, pressurizing the shallow reservoir immediately 
prior to eruption (Ebmeier et al., 2013; Lu and Dzurisin, 2014). It is possible that the long duration 
of run-up at Shishaldin, and at some other open-system volcanoes (Fig. 10), reflects the time 
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required to transfer erupted mass from a deep reservoir to a shallow staging area. Alternatively, 
closed-system eruptions may be fed from a shallow reservoir (Chaussard et al., 2013). Some other 
open-system volcanoes have been suggested to have similarly deeply rooted plumbing systems 
with minor shallow reservoirs (e.g., Cleveland, Galeras, Pavlof; Lu and Dzurisin, 2014). Others 
show evidence for established shallow reservoirs (e.g., Popocatépetl, Colima, and Merapi; 
Chaussard et al., 2013). Therefore, the process of mass transfer from deep reservoirs may be 
important at only some open-system volcanoes, which might lead to long run-up durations at these 
locations.  
9. Conclusion 
The synergy between geochemical and geophysical observations explored here 
demonstrate the effectiveness of this approach for understanding magmatic activity during unrest. 
We have identified three phases of run-up to the 1999 eruption of Shishaldin volcano. A swarm of 
LP earthquakes that occurred 9 months prior to eruption coincides with magma mixing timescales, 
marking the beginning of the “proximal” run-up. Major mixing events, supported by geochemical 
and geophysical observations, occurred at ~50 and ~10 days prior to eruption, constituting the 
“immediate” run-up. 
We attribute the lack of observable deformation associated with the 1999 eruption to 
inadequate spatial and temporal resolution of the InSAR measurements. Melt inclusion barometry 
and the depth of LP events indicate that most of the erupted magma was sourced from depths 
outside of InSAR sensitivity (<0 km and >10 km BSL), and diffusion chronometry results show 
that most magma movement through the 0-10 km BSL occurred in the time between satellite 
passes. Additionally, inclusion equilibration depths imply storage in a vertical reservoir, providing 
a possible explanation for the longer-term lack of observed deformation at Shishaldin. 
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The run-up duration for the 1999 eruption of Shishaldin (~9 months from ME-1, ~50 days 
from ME-2) is long relative to seismically determined run-up durations (hours to days) for other 
basaltic eruptions (Passarelli and Brodsky, 2012). Some other open-system volcanoes have 
relatively long run-up durations. A possible explanation is that open-system volcanoes require 
significant mass transfer from depth prior to eruption, leading to a longer run-up. Closed-system 
volcanoes may source a greater proportion of magma from shallow reservoirs. 
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Figure 1. Thickness of deposits from the 1999 eruption of Shishaldin volcano (after Stelling et al., 
2002). The total volume of erupted products is 4.3 x 107 m3 (or 1.4 x 107 m3 dense rock equivalent; 
Stelling et al., 2002). Sample SH15DJR63 (IGSN: TAP00005C), located at N54.71895 
W163.98648 (WGS84), was collected in 2015 and is studied here. SSLS is a three-component 
short-period seismic station operated by the Alaska Volcano Observatory. Focal mechanism for 
the M5.2 from Moran et al. (2002). Base map from Google Maps.  
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Figure 2. Kernel density estimate of olivine populations. The y-axis scale is arbitrary. Core (solid 
black) and rim (dashed black) compositions are the average of the first and last 1.5 µm of a core 
to rim traverse of olivines not used for melt inclusion work. Melt inclusion hosts (green) are 
compositions of olivine host adjacent to the melt inclusion. Each vertical line plots a calculated 
equilibrium olivine Fo of a matrix-glass (cyan) or bulk-rock (blue) sample assuming a KD
Fe-Mg of 
0.32 (average of value calculated for melt inclusions). Right hand panels show the same core, rim, 
and melt inclusion host data with different bandwidths used for the kernel density estimates. 
Evidence for magma mixing is demonstrated by high- and low-Fo modes of core compositions 
and intermediate rim compositions.  
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Figure 3. Examples of measured and modeled olivine compositional profiles for three different 
olivine grains. Dashed lines show the initial compositional profile used for modeling diffusion. 
P2O5 concentrations were measured by LA ICP-MS with a 25 µm diameter beam. Uncertainties 
85 
are based on internal temperature uncertainty (see text for details). (a) Both step function and 
initially homogenous models fit the data well, but the plateau near the rim supports the former. (b) 
Small (<6 µm) normally zoned rim assumed to be late-stage overgrowth and was not considered 
during modeling. Data support both step function and initially homogenous initial conditions. (c) 
Spike in P concentration supports a step function initial condition.  
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Figure 4. H2O and CO2 content of melt inclusions and matrix glasses. Holocene data are from 
Zimmer et al. (2010). Melt inclusions showing CO2 concentrations below the detection limit for 
FTIR (3 • std. dev.background = 40 ppm) are plotted along the x-axis (i.e., CO2 = 0 ppm). The detection 
limit is shown in dark gray. CO2 contents of melt inclusions with vapor bubbles that have been 
reconstructed using Raman data are indicated by black dots, and inclusions with vapor bubbles 
that have not been reconstructed are indicated by white dots. Inclusions without a vapor bubble do 
not have a dot. Error bars are 1σ and include uncertainty of FTIR and Raman (when applicable) 
analyses. Isobars and degassing paths were calculated using Newman and Lowenstern (2002), 
assuming SiO2 = 49 wt.% and T = 1093°C. Melt inclusions that plot at high values of H2O and 
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low values of CO2 (i.e., below detection limit) indicate degassing occurs in a relatively open system 




Figure 5. Diffusion modeling results. Where the initial compositional profile could not be inferred, 
tmin is the result for a step function and tmax is for initially homogenous. For cases where the 
initial condition could be inferred, tmin = tmax. Results for both cases are plotted along a single 
row and, within each population, are ordered by tmin. Two 1σ error bars are plotted for each 
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timescale, the shorter error bar represents the internal error (approx. the size of the symbol in most 
cases, ~14%) and the longer represents the systematic error (-35%/+50%; see text for details). 
Note steep gradients in distribution curves (ME1-3) occurring around major geophysical 
precursors (e.g., start of long period earthquakes, magnitude 5.2 earthquake).  
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Figure 6. Melt inclusion entrapment pressures and depths (assuming lithostatic pressures with ρ = 
2.6 g/cm3 at <12 km depth and ρ = 3.0 g/cm3 at >12 km depth). Vapor saturation pressures were 
modeled using Newman and Lowenstern (2002). Only bubble-free or Raman-reconstructed melt 
inclusions are plotted. Pequil uses the measured H2O content and CO2 = 0 ppm, and Pentrap represents 
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a calculated value of H2O based on S content and measured CO2 concentrations (see text for 
details). (b) Mixing-to-eruption times are plotted for individual traverses. For each traverse, 
vertical bars show Pequil (top) and Pentrap (bottom) for the hosted inclusion, horizontal bars show 
tmin (right) and tmax (left), and the colored symbols are the average. Data points without bars indicate 
Pmin ≈ Pmax and/or tmin ≈ tmax.  
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Figure 7. Results of shear-wave splitting analysis. Individual earthquakes are color mapped to 
their located depth. Dashed lines between earthquakes are interpolated. The 1σ uncertainty in 
measured delay time for each earthquake is shown with vertical black bars, which are smaller than 
the scatter markers in most instances. For each event, the orientation of the regional maximum 
compression (NUVEL-1A; DeMets et al., 1994) is shown in black, and the orientation of the 
polarized fast wavelet is shown in green (with the 1σ error in light green). Significant changes in 
the delay time and polarization of the fast wavelet occurred on August 15, 1998 and March 9, 




Figure 8. Run-up to eruption. (a) Earthquake locations are from the AVO catalog (Jolly et al., 
2001). No events are obscured by the legends. (b) Melt inclusion (MI) entrapment depths from 
this study. Histograms have a 1 km bin and each population has a maximum density normalized 
to the same arbitrary value. (c) Summit observations include visually observed steam/ash plumes 
(Nye et al., 2002), a thermal anomaly detected in the summit crater (Dehn et al., 2002), and InSAR 
observations (Moran et al., 2006). (d) Shear-wave spitting results from this study. (e) Mixing-to-
eruption timescales from this study. High confidence mixing events (ME-#) are indicated by green 
stars, and representative internal and systematic uncertainties are given for each mixing event (see 
text for details).  
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Figure 9. Possible sequence of events leading to the 1999 eruption of Shishaldin volcano (see text 
for details). ME-1, ME-2, and ME-3 are mixing events identified in Figs. 5 and 8. (a) Recharge 
event in July 1998 causes swarm of long-period earthquakes. Some mixing between deeply (>10 
km) derived recharge magma (~Fo78) and shallowly (<3 km) stored resident magma (~Fo63), 
starting some crystal clocks. (b) A period of sporadic intrusions and/or destabilization and 
rearrangement of the shallow plumbing system, creating some crystal zonation patterns. 
Geophysical signals of unrest are weak until January-February 1999 when a thermal anomaly 
occurs in the summit crater coincident with emission of steam plumes and seismicity increases, all 
of which may indicate destabilization and rearrangement of the shallow plumbing system. (c) 
Destabilization and rearrangement of (and possibly intrusion into) the shallow reservoir creates 
thermal anomaly and triggers steam plumes. (d) A recharge event delivers a large volume of 
magma to the shallow system, changing the local stress state and triggering the M5.2 earthquake 
and starting many crystal clocks. (e) A relatively small mixing event triggers the eruption within 
a few days.  
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Figure 10. Relationship between eruption run-up (time between the first signal of unrest and the 
eruption) and repose (time since the previous eruption) modified from Passarelli and Brodsky 
(2012). ME-1, ME-3, and ME-3 are mixing events preceding the 1999 eruption of Shishaldin 
volcano, indicated in Fig. 8. Circled are eruptions that occurred at volcanoes characterized as 
“open-system” due to lack of apparent precursory deformation (Chaussard et al., 2013; Ebmeier 
et al., 2013), which tend to have relatively long run-up durations. Violet and cyan fields distinguish 





Linking subsurface to surface using gas emission and melt inclusion 
data at Cleveland volcano 
 
 




Observations of gas emissions from active volcanoes have the potential to yield invaluable insights 
into the state and depth of magmatic systems. Melt inclusions record magmatic degassing paths, 
enabling the interpretation of gas data. Here we study melt inclusions, in conjunction with existing 
gas data, from Cleveland volcano to constrain the depth, geometry, and flux of magma feeding the 
ongoing eruption of an active volcano. Cleveland is one of the most active volcanoes in the US 
and a prime example of an open-system volcano. We study melt inclusions from a bomb erupted 
in 2016, along with melt inclusions from other Holocene tephras. Melt inclusions span a wide 
range of compositions (basalt-dacite). Volatile contents vary significantly (1-4 wt% H2O, ~0-500 
ppm CO2, ~0-2400 ppm S). Observed gas emissions have a high H2O/SO2 ratio (~600, molar) and 
a moderate SO2 flux (324 t/d). To understand these observations, we present a method to 
empirically model degassing of H2O-CO2-S using melt inclusion data. Based on model results, we 
suggest the measured vapor is produced by degassing a column of magma, at approximately 0.5-
2.5 km depth (below the summit). The measured S flux (324 t/d) requires the entire column to 
degas at least once a day if a simple cylindrical conduit geometry is assumed, with a diameter 
equal to vent diameter observed at the surface (5-23 m). A more realistic scenario is that storage 
occurs either in a conduit of a larger diameter or the storage system has a different geometry. These 
results demonstrate the great potential of combined melt inclusion and gas geochemistry studies 
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to understand the relationship between real-time gas-emission data and the volume, location, and 




Connecting observations of volcanoes at the surface with magmatic processes occurring in 
the subsurface is of fundamental importance for accurate volcanic hazard forecasting. Gas 
emissions and chemistry are key data streams at the surface that document the behavior of volcanic 
systems during quiescence (Werner et al., 2000; Kelly et al., 2008), run-up (Aiuppa et al., 2007; 
De Moor et al., 2016), and eruption (Burton et al., 2005; Aiuppa et al., 2010). Recent advancements 
in gas measurement capability, including the advent of Multi-component Gas Analyzer System 
(MultiGAS) instruments (Aiuppa et al., 2005; Shinohara and Witter, 2005), has enabled the first 
measurements of volcanic H2O and unlocked great promise for probing the inner workings of 
volcanic systems (Allard et al., 2016). 
A major challenge in understanding volcanic gas emissions is linking these observations at 
the surface with magmatic processes occurring at depth. Concurrent with advances in gas 
measurements have been improvements in our ability to extract accurate records of magmatic 
volatile contents from melt inclusions (Métrich and Wallace, 2008). Melt inclusions record 
magmatic differentiation processes, including crystallization, mixing, and, most importantly, 
degassing (Lowenstern, 1995; Danyushevsky et al., 2002). Therefore, they provide important 
context for the interpretation of gas data. The solubility of a mixed H2O-CO2 vapor is largely 
dependent on pressure, with weaker dependences on temperature, composition, and possibly fO2 
(Moore, 2008). Models exploit this simple behavior to effectively predict degassing paths of H2O 
and CO2 (e.g., Newman and Lowenstern, 2002; Papale et al., 2006; Iacono-Marziano et al., 2012). 
Alternatively, saturation of S-bearing phases and vapor-melt partitioning of S are less well-
understood. Models to predict S degassing exist (e.g., Witham et al., 2012; Burgisser et al., 2015), 
although their accuracy is unclear. This is a major shortcoming given that S is the most commonly 
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measured gas because it can be sensed remotely; indeed, for many volcanoes, it is the only 
measured volcanic gas species that is possible from space (Carn et al., 2017). This is true prior to 
2015 for the volcano studied here, Cleveland. 
Here we use melt inclusions to understand observed S emissions at Mount Cleveland 
volcano in Alaska, one of the most active and remote volcanoes in the Aleutians. We investigate 
melt inclusions from several Holocene tephra samples, including a juvenile bomb erupted in the 
dome-clearing eruption of 2016 (AVO online database). Melt inclusions record a range of depths 
(<1 to ~10 km below the summit) and span the complete compositional spectrum observed at 
Cleveland (basalt-dacite). We evaluate melt inclusion volatile contents in comparison with 
observations of gas flux and chemistry measured in 2015 and 2016. To explain the gas data, we 
developed an empirical degassing model for H2O-CO2-S based on mass balance. We show that the 
high H2O/SO2 of the vapor (~600, molar) is most consistent with degassing of a shallow conduit 
(~0.5-2.5 km, below the summit), which leads to an exploration of the physical aspects of the 
conduit system required to explain the level of SO2 emissions observed. 
2. Background 
Open-vent volcanoes are ideal localities for studies that combine gas and melt inclusion 
data. Such volcanoes, generally characterized by persistent gas and thermal emissions and frequent 
mild eruptive activity, by definition produce strong, near-continuous gas signals (Burton et al., 
2000; Palma et al., 2008; Aiuppa et al., 2011). These comprise many of the world’s most active 
volcanoes, several of which have been measured using MultiGAS techniques. Examples include 
Stromboli (Italy, Aiuppa et al., 2010), Villarrica (Chile, Aiuppa et al., 2017), Masaya (Nicaragua, 
Aiuppa et al., 2018), and Ambrym (Vanuatu, Allard et al., 2016). 
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Mount Cleveland volcano is a prime example of an andesitic, open-vent volcano. One of 
the most active volcanoes in the US, Cleveland has been in a nearly continuous state of eruption 
since 2005 (Herrick et al., 2014; Cameron et al., 2017). Due to its remote location, much of what 
we know about the long-term behavior of Cleveland comes from satellite data (e.g., Werner et al., 
2017) and Alaska Volcano Observatory annual reports (e.g., Herrick et al., 2014; McGimsey et 
al., 2014; Cameron et al., 2017).  Phases of dome growth, drain back, and explosions are 
intermittent, while heat and gas flux are persistent. The magnitude of lava extrusion is small, as 
discussed below. The flat “pancake” or axisymmetric morphology of the domes and observations 
of drain back both suggest that the shallow magma has a low viscosity (Fink and Griffiths, 1998). 
Emplaced domes are more often removed by small explosive activity than through drain back, but 
both types of behavior leave an open vent in the central crater region, sometimes in the center of 
the previously emplaced dome. Estimates of the vent diameter have been between 10-45 m as 
determined from multiple observations from satellite imagery (Werner et al., 2017). 
3. Methods 
 We evaluated 22 melt inclusions and 2 matrix glasses (Table A1). Most of the melt 
inclusions (n = 15) and matrix glasses were recovered from the outer 2 cms of a <10 cm andesitic 
bomb (sample 16IPE1B) erupted in May 2016, except 1 melt inclusion that is from the interior. 
These melt inclusions are hosted in olivine (n = 2), clinopyroxene (n = 8), and plagioclase feldspar 
(n = 5). The other studied melt inclusions (n = 7) are hosted in olivine and are from two more mafic 
samples. One is ash and lapilli deposited on top of a lava talus slope on the west flank of the 
volcano (CL15PS06); this likely includes material from the recent eruptive history of Cleveland. 
The other (CV15DJR09E) is a weathered, dark ash layer in an extensive Holocene tephra section 
on the east flank of the volcano described by Neal et al. (2015). H2O and CO2 contents of melt 
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inclusions were measured using a Thermo-Nicolet Nexus 670 Fourier transform infrared 
spectrometer coupled with a Continuum IR microscope at the American Museum of Natural 
History (AMNH). Analyses followed established procedures (e.g., Rasmussen et al., 2018). Major 
element and volatile (S, Cl) contents of melt inclusions and major element contents of host 
minerals were analyzed using a Cameca SX-100 electron microprobe at the AMNH over 4 
sessions. Glass 892-1 and San Carlos olivine were used as check standards (Table A2). Results 
were typically within 5% of accepted values, except for P and S. P analyses of 892-1 in the first 2 
sessions yielded concentrations too high by a factor of ~2, likely due to an inference issue that was 
resolved in other sessions. P measurements from these sessions have been corrected by this factor. 
S concentrations were 70-75% of accepted values, which is likely an effect of measuring off peak 
(e.g., Zimmer et al., 2010; Lloyd et al., 2013). We adjusted the S contents of sample analyses by 
the standard offset (e.g., Chapter 1). This correction has a negligible effect on the salient aspects 
of the degassing modeling (H2O/SO2 and S flux) because the correction factor was similar for all 
melt inclusions. We also report new major element analyses, collected via Inductively Coupled 
Plasma Emission Spectrometry at Lamont-Doherty Earth Observatory, for a range of bulk rock 
samples from Cleveland, including those that host the melt inclusions (Table A5), using the 
methods reported in Wade et al. (2005). 
Melt inclusions hosted in olivine were corrected for post-entrapment 
crystallization/melting (PEC/PEM) and vapor bubble grown using MIMiC (Chapter 1). Only the 
PEC/PEM-and bubble-corrected compositions are discussed in this paper. Uncorrected data are 
presented in Table A4. Melt inclusions in pyroxene and plagioclase were not corrected for 
PEC/PEM. These samples do not appear as outliers on major element plots (e.g., Fig. 2a), 
indicating that it is unlikely that PEC/PEM had a significant influence on melt composition. These 
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melt inclusions were also not corrected for bubble growth because the CO2 contents of the glass 
were below detection limits (for both CO3
2- and CO2), implying the CO2 content of the co-existing 
bubble would also be negligible. Significant exsolution of H2O into bubbles is not expected 
because of the large molar volume of H2O in a vapor phase (Steele-Macinnis et al., 2011). 
One challenge is that melt inclusions commonly experience diffusive loss of water during 
storage, ascent, and/or post-eruptive cooling (Portnyagin et al., 2008; Gaetani et al., 2012; Lloyd 
et al., 2013). The melt inclusions studied here show clear evidence of diffusive water loss, 
demonstrated by the lack of a coherent relationship between H2O and SiO2 that is expected for 
magmas undergoing ascent, degassing, and crystallization (Fig. 2b). We addressed this by 
modeling crystallization upon ascent using rhyolite-MELTS (Gualda et al., 2012; Ghiorso and 
Gualda, 2015) and adjusting the H2O contents of melt inclusions that experienced diffusive loss of 
H+ to the modeled trends (e.g., Lloyd et al., 2013; Rasmussen et al., 2018). A two-stage model best 
fits the melt inclusions least affected by diffusive water loss (Fig. 2b). For a starting composition 
we used the most mafic, basaltic melt inclusion (CL06MI01). Melt fO2 was set to NNO + 0.5 
(Table A3). We set dP/dT to 8 bar/°C in the first stage and 6 bar/°C in the second, which was 
selected to fit the melt inclusions and also to reflect a magma undergoing greater cooling during 
ascent as it becomes more silicic and viscous. 
4. Results 
The studied melt inclusions are naturally glassy and fully enclosed, without clear evidence 
of decrepitation (photomicrographs in Appendix 1; morphological data in Table A4). Vapor 
bubbles occur in all olivine-hosted and most plagioclase-hosted melt inclusions. Clinopyroxene-
hosted melt inclusions lack vapor bubbles. Crystal inclusions are absent from most (18 of 22) melt 
inclusions. Olivine-hosted melt inclusions in the 2016 sample have small crystals that nucleated 
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on a crystal inclusion and/or vapor bubble. None of the melt inclusions with crystal inclusions 
have unusual major element compositions (e.g., Fig. 2a, Table A4). Therefore, we suggest that the 
crystals are either co-entrapped (e.g., large, opaque crystals), corrected for with PEC/PEM (e.g., 
rapid-growth crystals in olivine-hosted melt inclusions in the 2016 sample), or minor in effect. 
Major element contents of melt inclusions occupy a wide compositional range, spanning 
from basaltic and basaltic andesitic compositions (48-56 wt% SiO2, Mg# 68-48) in olivine-hosted 
melt inclusions to andesitic and dacitic compositions (60-68 wt% SiO2, Mg# 49-32) in 
clinopyroxene- and plagioclase-hosted melt inclusions (Table A4). The complete compositional 
spectrum occurs in the 2016 sample. Melt inclusion compositional trajectories coincide with those 
of bulk-rock samples (Fig. 2a) but extend beyond bulk rock measurements to more silicic 
compositions. Volatile contents of melt inclusions are significantly variable. Olivine-hosted melt 
inclusions are typically more volatile-rich (700-2300 ppm S; ≤500 ppm CO2), than melt inclusions 
in other hosts (35-560 ppm S; CO2 b.d.l.), and overall, S is anticorrelated with K2O, providing 
evidence for degassing (S loss) during crystallization (K2O increase), demonstrating compositional 
stratification of the magmatic system (Fig. 2c). Corrected H2O varies from 2-4 wt%, corrected CO2 
from 0-500 ppm, and S from ~0-2300. All three covary, forming trends consistent with degassing 
(e.g., Figs. 2,3). 
5. Discussion 
5.1. Degassing model 
 Here we describe our degassing model. The model was developed for Cleveland volcano, 
but it can be applied elsewhere. The approach is to use melt inclusions to constrain the H2O, CO2, 
and S contents of the melt along a degassing path, and to calculate the composition of the vapor 
released at each degassing step by mass balance. Melt inclusions provide a robust means for 
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reconstructing magmatic degassing paths because they are entrapped over a range of pressures, 
providing direct insight into magmatic volatile contents at different depths. The model builds on 
earlier work (Sisson and Layne, 1993; Spilliaert et al., 2006; Johnson et al., 2010) that used a 
constant vapor-melt partition coefficient to model S degassing. Our approach is similar but uses 
the melt inclusion data to define the S degassing path and applies a Monte Carlo approach to assess 
uncertainty. 
 H2O and CO2 degassing is well understood (Dixon, 1997), and experimental work has 
shown that models, such as VolatileCalc (Newman and Lowenstern, 2002), produce reliable 
degassing paths (Lesne et al., 2011). Therefore, we describe variations in melt H2O-CO2 contents 
by fitting a degassing path modeled using VolatileCalc to melt inclusion data. This establishes a 
theoretical basis for the modeled H2O-CO2 path, and it enables H2O and CO2 contents of a melt to 
be linked with pressure through the solubility model in VolatileCalc, and then depth using a crustal 
density model (Fig. 4). An open-system degassing path produces an excellent fit to our data (Fig. 
3). In this style of degassing, exsolved vapor is instantaneously removed from contact with the 
melt upon exsolution without any subsequent chemical interaction with melt. Additional evidence 
for open-system degassing comes from S flux measurements (Werner et al., 2017). S emissions 
are persistent and greater than can be explained by the eruptive magma flux. The excess S is 
thought to be derived from unerupted melt, indicating that vapor can move through the system 
independent of melt movement, consistent with open-system degassing. Additionally, Cleveland 
has been classified as an open-system on the basis of a lack of surface deformation apparent in 
satellite imagery (Lu and Dzurisin, 2014). While this type of behavior is not directly related to 
degassing, many volcanoes that are geodetically open also have persistent gas emissions consistent 
with open-system degassing (e.g., Shishaldin; Rasmussen et al., 2018). 
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 S degassing is difficult to model because its vapor/melt partitioning is highly dependent on 
oxidation state, melt composition, and temperature (Burgisser et al., 2015). Models exist that can 
predict S degassing (Witham et al., 2012; Burgisser et al., 2015). However, their reliability depends 
on having accurate vapor-melt partition coefficients for S. These are not well constrained because 
experimental data show very large variations in DS
vap-melt from <20 to >200 (Fiege et al., 2015). 
We take an alternative approach to modeling S degassing. Our data show strong relationships 
between S-K2O and H2O-K2O contents of melt inclusions (Figs. 2c,d). We build on the H2O-CO2 
degassing model by linking H2O to K2O and K2O to S using melt inclusion data. As we discuss 
below, K2O is used as a proxy for melt fraction, which is necessary for the mass balance 
calculations of the vapor. 
 The composition of the vapor is calculated by mass balance. This involves calculating the 
change in volatile contents of the melt at each step in the degassing model and using the difference 
to determine the composition of the vapor released. Over the depth range recorded by melt 
inclusions (~10 to 2 km below the summit), melt composition evolves from basaltic to dacitic at 
shallower depths. This demonstrates that significant differentiation occurs during ascent. To 
account for differentiation in the mass balance calculation, we use K2O as a proxy for melt fraction. 
K2O is assumed to be perfectly incompatible in both the vapor and crystal fractionating 
assemblages. Volatiles of interest (H2O, CO2, S) are treated as perfectly incompatible in the crystal 
assemblages. Both assumptions are reasonable because the observed crystal cargo did not contain 
minerals with significant amounts of K2O or volatiles (i.e., only olivine, pyroxenes, plagioclase, 
and magnetite).  
5.1.1. Calculations 
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 The degassing calculation steps through a range of depths input by the user. The step 
interval is an arbitrarily small number. In our case, we model degassing from depths of 10 to 0.1 
km, over ~50 m depth intervals. At each step, several tasks are performed. 
Task 1: Depth is converted to pressure through the use of a general density model that assumed 
lithostatic pressure of the rock overburden (Fig. 4). We note that for the case of an open-vent 
volcano, such as Cleveland, the pressure-depth relationship could also be calculated using a 
magmastatic pressure. However, as discussed in the following sections, most of our interest is 
within the upper ~2-3 kms of the system, which is where the density of the overburden (~2400 
kg/m3 on average) is similar to that of the magma (~2300 kg/m3; based on MELTS modeling). 
Task 2: H2O and CO2 contents of the melt are determined using the P-H2O-CO2 path from 
VolatileCalc. 
Task 3: The K2O content of the melt is determined using a linear regression of the H2O-K2O data 
(Figs. 2d, 5a). 
Task 4: The S content of the melt is calculated using a log-linear regression of the K2O-S data 
(Figs. 2c, 5b). 
Task 5: The melt fraction (F) is determined using a reordered Rayleigh fractionation equation. It 
compares the current mass fraction of K2O, assumed to be perfectly incompatible in solid and 
vapor, in the melt (XK2O,melt) with the mass fraction of K2O at the previous depth interval 
(XK2O,meltp). 
𝐹 =  
𝑋𝐾2𝑂,𝑚𝑒𝑙𝑡𝑝
𝑋𝐾2𝑂,𝑚𝑒𝑙𝑡
 (1)  
Task 6: The mass fraction of H2O, CO2, and S in the melt, relative to an initial condition of 100% 
melt, (Xi,vap) are calculated based on F and the concentration of each volatile in the melt at the 
current depth (Xi,melt) and the previous depth (Xi,meltp). 
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𝑋𝑖,𝑣𝑎𝑝 =  𝐹 ∙ (𝑋𝑖,𝑚𝑒𝑙𝑡𝑝 ∙
𝑋𝐾2𝑂,𝑚𝑒𝑙𝑡𝑝
𝑋𝐾2𝑂,𝑚𝑒𝑙𝑡
− 𝑋𝑖,𝑚𝑒𝑙𝑡)  (2) 
Task 7: The mass fraction of each H2O, CO2, and S in the vapor (imf,vap) is determined by dividing 
the volatile of interest by the sum of the mass fractions. 
𝑖𝑚𝑓,𝑣𝑎𝑝 =  
𝑋𝑖,𝑣𝑎𝑝
𝑋𝐻2𝑂,𝑣𝑎𝑝+𝑋𝐶𝑂2,𝑣𝑎𝑝+𝑋𝑆,𝑣𝑎𝑝
  (3) 
Task 8: The mole fraction of H2O, CO2, and S in the vapor (iMf,vap) is determined by dividing 
each volatile by its molecular mass (iMM). 











  (4) 
5.1.2. Uncertainty 
To assess uncertainty, we took a Monte Carlo approach. The degassing model ran 200 
times, each time randomly resampling melt inclusion data over their uncertainties (13%, 16%, and 
4% on average for K2O, S, and H2O, respectively). This had the effect of altering the H2O-K2O 
and S-K2O regressions in each simulation (Fig. 5), which resulted in variability in the calculated 
ascent paths for the melt and vapor (Fig. 7). 
5.1.3. Assumptions 
 Our model includes several simplifying assumptions. First, the model is reliant on H2O-
CO2 solubility modeling of basalt. The system ranges from basalt to at least dacite in melt 
composition. However, we stress that solubility models for melts spanning the compositional 
spectrum observed converge at low pressure (<100 MPa; Fig. 6), which is where our study is 
focused. Additionally, melt inclusion data show an inverse relationship between volatile content 
and melt evolution. Therefore, the greatest disparity between the modeled and actual melt 
compositions exists at shallow depths, where the saturation models are relatively insensitive to 
magma composition. Second, K2O is assumed to behave incompatibly. As melt evolves into dacitic 
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compositions, MELTS models predict that K2O partitioning into feldspar becomes significant. 
However, feldspars measured from the 2016 sample have very low K2O contents (D = ~0.03-0.07; 
Table A4), suggesting that K2O can be approximated as perfectly incompatible. Third, the 
modeling performed here is very sensitive to the method of regressing the melt inclusion data. We 
used a linear regression to describe H2O-K2O trends in melt inclusion data and log-linear 
regression to describe S-K2O trends. While other methods for regressing the data exist, our 
approach produces the best fits to the data. Finally, we assume all S in the vapor exists as SO2. 
This is a simplification because other S-bearing volatile species could exist (e.g., S2, H2S). 
However, SO2 is the only S-bearing vapor that has been detected in Cleveland gases (Werner et 
al., 2017).  
5.1.4. Model results 
 The results of the degassing model are shown in Fig. 7. The H2O-CO2 degassing path 
modeled in VolatileCalc fits our data closely, and at depths of 2-5 km, where our model is well 
constrained by data, the Monte Carlo results for S degassing are stable and fit the data well. For 
comparison, we also show a degassing path for S modeled using SolEx (Witham et al., 2012), 
which produces a very poor fit to our data. This can likely be due to SolEx being based on a very 
limited experimental dataset over a limited fO2 range. The vapor that is produced, throughout the 
range of depths we examine, is dominated by H2O (>93 mol%). CO2 and SO2 contents of the vapor 
are roughly at equal at 10 km depth (~3 mol% each). At a depth of ~5 km, CO2 is no long present 
in the vapor, and completely degassed from the melt. At this depth, the solutions for the S ascent 
path for the melt and vapor stabilize, yielding relatively consistent Monte Carlo results. 
5.2. The magmatic plumbing system 
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 The framework for tying our degassing model to gas emissions comes from understanding 
the magmatic plumbing system. Important constraints on the magmatic plumbing system come 
from melt inclusions. H2O and CO2 contents in melt inclusions can be related to depth by modeling 
vapor saturation pressures and applying a crustal density model (Fig. 4). Saturation pressure is 
predominantly a function of melt H2O and CO2 contents (Moore, 2008). As discussed in the 
Methods section, melt inclusions studied here have experienced post-entrapment processes that 
modified H2O and CO2 contents. Using the approach of Rasmussen et al. (2018), such post-
entrapment modifications can be leveraged to derive two depths from melt inclusions. The first is 
entrapment depth, which indicates the depth of melt inclusion formation. This is calculated using 
inferred values for the originally entrapped H2O and CO2 contents, obtained by correcting melt 
inclusions for diffusive loss of water and vapor bubble growth.  Entrapment depths can reflect 
either regions of magma storage (Colman et al., 2015) or simply where degassing-induced 
crystallization occurred upon ascent (Lloyd et al., 2013). The second is equilibration depth, which 
describes the last depth of storage prior to eruption. This depth is derived from the measured H2O 
contents of a melt inclusion, determined by finding the pressure at which those H2O contents fall 
on a modeled degassing path. This is typically the H2O saturation pressure for open systems 
because in open-system degassing CO2 completely degasses before significant degassing of H2O 
occurs (Newman and Lowenstern, 2002). Diffusive water loss is assumed to have occurred mostly 
during shallow storage, instead of during magma ascent or post-eruptive cooling. Here, the basis 
for this assumption is the shallow entrapment depths of the melt inclusions, suggesting the 
maximum path length for ascent is short and thus ascent times are minimal. Additionally, the 
dacitic host has a cool magmatic temperature,  implying slow diffusion of H+ (Ferriss et al., 2018). 
Furthermore, some of the hosts are plagioclase feldspar, which equilibrates H+ over timescales of 
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days or more (Johnson and Rossman, 2013).  Therefore, we suggest the equilibration depths reflect 
the region where melt inclusions were stored for days to weeks prior to eruption. 
 Both entrapment and equilibration depths of melt inclusions erupted in 2016 point to a 
shallow depth of magma residence, while melt inclusions from more mafic samples record 
somewhat greater depths. Most of the 2016 melt inclusions were entrapped at <3 km depth (below 
the summit), except for the two olivine-hosted melt inclusions, which formed at ~5 km depth. The 
other olivine-hosted melt inclusions have entrapment depths between 2 and 10 km. In both cases, 
more mafic melt inclusions have greater entrapment depths. The 2016 melt inclusions have 
equilibration depths that range between 0.5 and 2.5 km depth (excluding an outlier at 3 km depth), 
consistent with the existence of a shallow magmatic system over this depth range. Indeed, the 
seismic expression of volcanic explosions in 2016 have a source depth of ~1 km below the surface, 
consistent with the existence of a shallow magmatic system at this depth (Haney et al., in prep). 
The large range of equilibration depths implies a vertically extensive plumbing system, which 
could be consistent with a conduit. The melt inclusions from the more mafic samples have variable 
equilibration depths, which are mostly 2-6 km. The greater equilibration depths relative to 2016 
melt inclusions may indicate differences in pre-eruptive magma storage. 
5.3. Understanding the composition of gas emissions 
 In July 2016 airborne MultiGAS measurements were conducted at Cleveland (Werner et 
al., in prep), which were similar to measurements conducted in 2015 (Werner et al., 2017). The 
MultiGAS included a relative humidity sensor, used to detect H2O. Dry background air enabled 
the detection of volcanic H2O, and both H2O and SO2 volcanic emissions were measured. The 
average H2O/SO2 composition was 600 ±50, a relatively high value. Here, we explore two 
endmember scenarios that could produce a vapor of this composition (Fig. 8). 
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 First, we consider the possibility that the vapor was produced at a single depth, perhaps at 
the location of a magma reservoir (scenario 1; Fig. 8). The depth can be found by determining the 
depth at which a vapor with this composition is produced using the degassing model (Fig. 7c). Our 
results indicate the depth is 1.2 ±0.2 km, well within the edifice (elevation 1730 m). A common 
cause of degassing is magma ascent, which is a process captured by our melt inclusions. However, 
in this scenario, magma is stored at a single depth. So, degassing would not be caused by ascent. 
Degassing likely would be driven by second boiling, or the release of volatiles from a crystallizing 
magma body. If this process were occurring, we would expect to see a range in major element 
compositions of melt inclusions at a single depth. We do not observe this, and in fact, melt 
inclusions do not record any crystallization (i.e., entrapment) at depths <2 km. We take this as 
evidence against scenario 1. However, we note it is possible that melt inclusions do not form in 
this part of the system, or this shallow system did not exist when the melt inclusions we study were 
formed. 
 Our preferred scenario is that the vapor emitted at the surface is a mixed vapor produced 
by combining gas released over a range of depths (scenario 2; Fig. 8). In the previous section, we 
suggested that a vertically extensive plumbing system may exist, based on melt inclusion 
equilibration depths. One way to evaluate the location and depth range of such a vertical system is 
to perform an inverse calculation, where we determine the depth ranges over which the observed 
H2O/SO2 of 600 can be produced. To do so, we assume the volume of magma degassing at each 
depth step is equivalent (e.g., cylindrical geometry). The calculation cycles through different start 
and stop depths for the degassing model. For each start and stop depth combination, the 
composition and vapor mass fraction at each depth step is calculated and summed. Only 
combinations that produce a cumulative H2O/SO2 of 600 are accepted. The result is a number of 
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permissible scenarios (Fig. 9). The minimum column height occurs where the vapor released is 
equivalent to the observed vapor (i.e., scenario 1). The maximum column height extends from the 
surface to an ~8 km (200 MPa) depth. Interestingly, this depth is where an earthquake cluster 
occurs (Power et al., in prep), and our deepest, most primitive melt inclusions originate at roughly 
this depth. Both lines of evidence could be consistent with the presence of a deep reservoir at ~8 
km depth, and the vapor observed at the surface is the vapor released when magma transits from 
the deep reservoir to the surface. Alternatively, a potentially better way to constrain the location 
of magma degassing is to use depth observations from melt inclusions. As discussed in the 
previous section, melt inclusion observations suggest a magmatic system exists at 0.5-2.5 km depth 
below the summit. The vapor produced from degassing this region is remarkably consistent with 
the measured vapor (Fig. 10), providing robust support for this model. 
5.4. Understanding gas flux 
 During field campaigns in 2015 and 2016 airborne and ground-based measurements of S 
flux were conducted using a differential optical absorption spectroscopy (DOAS) system and a 
UV camera, respectively (Werner et al., 2017; Werner et al., in prep). Emission rates varied over 
a limited range (166-482 t/d), with an average flux of 324 t/d. Fluxes were similar in 2015 and 
2016, and they were consistent from day-to-day during each trip. Therefore, we assume the 
emission rate is approximately continuous. These observations provide important constraints on 
the degassing scenarios outlined in the previous section. We assume the configuration of the 
magmatic system that produced gas emissions was the same throughout this time, but we note that 
H2O/SO2 was not measured in 2015. Therefore, we cannot test this assumption. 
 In scenario 1, S is produced by crystallizing a shallow magma body. Each day ~10 million 
m3 (0.01 km3), a vast quantity, of melt would need to completely crystallize and degas to explain 
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the observed flux, which was calculated by taking melt density from the MELTS modeling (2300 
kg/m3) and melt S concentration from the degassing model (~23 ppm). For context, this volume is 
approximately equivalent to that of a volcanic explosivity index 3 eruption (Newhall and Self, 
1982). If the body only partially crystallized, the required volume would increase. While this 
volume is small relative to the 17 km3 total volume of the edifice (Grosse et al., 2009), the large 
magma flux required may be difficult to maintain over months or years. Werner et al. (2017) used 
thermal emission rates to constrain magma supply rates over 2011-2015. Their results indicated a 
supply rate of 0.055 m3/s, far less than the required 0.01 km3/day (116 m3/s), but the thermal 
emissions give a minimum estimate for magma flux, in part because the calculation assumes 
magma is located near the surface (instead of at a ~1.2 km depth). However, in light of evidence 
discussed here and in the previous section, we suggest intrusion of new magma that undergoes 
second boiling at ~1.2 km depth (scenario 1) is an unlikely explanation for the flux. 
 In scenario 2, gas emissions are produced by magma undergoing ascent, degassing, and 
crystallization in a vertically extensive system, perhaps a conduit. In order to determine S flux 
from this system, the volume of melt must be known. In the previous section we outlined two 
methods for constraining the height of the degassing magma column. In the first, we performed an 
inverse calculation, finding all possible solutions that produce a vapor with an H2O/SO2 of 600. In 
the second, we used melt inclusion observations to constrain the source region to 0.5 to 2.5 km 
depth. To calculate volume, we assume cylindrical geometry (i.e., “conduit” geometry), which is 
generally assumed for shallow systems feeding lava domes (Sparks, 1997; Melnik and Sparks, 
1999; Johnson et al., 2008), and we use our column heights, summit observations of vent diameter 
(assumed to be equivalent to the cylinder diameter), and a constant crystal fraction of 0.5 
(equivalent to the volume fraction of macrocrysts in the 2016 bomb). For a column height 
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consistent with melt inclusion equilibration pressures (0.5-2.5 km; “MI conduit”), the entire 
column would need to degas at least once a day to maintain the S flux (Fig. 11). The magma flux 
would be on the order of 50 m3/s, which is independent of the column diameter because both 
degassing rate and volume scale by column radius. For the maximum column height from the 
inverse calculation (8 km; “Max conduit”), the column would need to degas at least once every 20 
days and the flux would be 6 m3/s (Fig. 11). In both cases, the calculated magma flux is 
significantly greater than the flux inferred from thermal emissions (0.055 m3/s; Werner et al., 
2017). However, the offset is less than that of scenario 1, and other lines of evidence converge on 
this scenario. Therefore, the most consistent models in which gas emissions at the surface are 
produced by degassing a column of magma that likely extends to a depth of 2.5 km below the 
surface, but could extend as deep as 8 km (i.e., scenario 2). 
5.5. A degassing model for Cleveland 
 Several lines of evidence point to an active magmatic system at Cleveland at shallow 
depths: dome growth, drain back, and explosion events (Herrick et al., 2014; Cameron et al., 2017); 
persistent gas emissions (Werner et al., 2017; Werner et al., in prep); thermal emissions (Werner 
et al., 2017); shallow source depth for explosions (Haney et al., in prep); generally slow seismic 
velocities in the edifice (Power et al., in prep); high H2O/SO2 of gas emissions (Werner et al., in 
prep); and melt inclusion equilibration pressures (Fig. 7c). Melt inclusion equilibration pressures 
(Fig. 7c) indicate the shallow magma storage region is vertically extensive, which is consistent 
with our model to produce the H2O/SO2 of the gas emissions (scenario 2) and the spread of slow 
seismic velocities throughout the edifice (Power et al., in prep). However, the plausibility of 
previous assumptions of cylindrical storage geometry and the high magma flux remains uncertain. 
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We have modeled the shallow storage system as a conduit, which is a widely assumed 
geometry for a shallow magmatic reservoir feeding a dome eruption (Sparks, 1997; Melnik and 
Sparks, 1999; Johnson et al., 2008). However, as discussed in the previous section, gas emission 
rates require a higher magma flux than suggested by thermal emissions, and the rate of convective 
overturn required is high. For a conduit diameter equivalent to the largest vent diameter observed 
at the surface, magma must ascend the length of the column at a rate of 0.03 m/s for the “MI 
conduit” case and 0.005 m/s for the “Max conduit” case (Fig. 11). Both are similar to convection 
rates of ~0.01 m/s determined for basaltic andesites at Popocatépetl (Witter et al., 2005). However, 
the shallow melt composition at Cleveland is dacitic, significantly more silicic and viscous. 
Shallow conduit convection and drain back are more commonly suggested at basaltic volcanoes 
(Dixon et al., 1991; Harris and Stevenson, 1997; Witter et al., 2004), but it has been suggested that 
more silicic systems can undergo conduit convection (e.g., Rose et al., 1982). In this case, larger 
conduit radii are required (Kazahaya et al., 1994). For example, Sakurajima is an andesitic volcano 
where conduit convection is thought to occur in a conduit with a 20-50 m radius (Kazahaya et al., 
1994), significantly greater than the largest observed vent radii at Cleveland.  Therefore, it is likely 
that our volume estimates for the shallow system are underestimated. If we use a conduit radius of 
20-50 m, the required convective overturn rate would decrease to days to weeks (“MI conduit”; 
Fig. 11) or weeks to months (“Max conduit”; Fig. 11). Regarding the geometry of the storage 
region, we note it has been suggested that a cylindrical conduit develops is the shallowest feature 
of the magmatic feeder system for dome eruptions (e.g., <1 km depth), and at greater depths, the 
geometry may change to be an ellipsoidal dike (Costa et al., 2007). A different geometry of the 
magma storage region would not change our calculations if the volume of melt at different depth 
intervals remains constant. 
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6. Conclusions 
We use melt inclusions observations to build a model to describe magmatic degassing of 
H2O-CO2-S. We use the model to understand gas emissions at Cleveland volcano, but the approach 
we present can be applied to any volcano with a large melt inclusion dataset. Model results for 
Cleveland indicate that the gas emitted at the surface is likely the product of mixing gases derived 
from a range of depths. Melt inclusion equilibration depths indicate that pre-eruptive magma 
storage occurs at 0.5-2.5 km depth below the summit. The vapor produced from degassing a 
column of magma spanning from 0.5 to 2.5 km depth has an H2O/SO2 ratio approximately 
equivalent to the observed value (~600). The observed S flux (324 t/d) requires rapid conduit 
convection to explain if we assume a cylindrical conduit geometry with a diameter equivalent to 
the vent diameter observed at the surface. A more plausible scenario is that the observed vapor is 
produced from a larger volume of melt, which might imply a larger conduit diameter or a different 
geometry. 
 The results of this study demonstrate the strong potential for combining gas and melt 
inclusion data. Specific information of the location, volume, and dynamics of the shallow 
magmatic system at Cleveland were discussed. In a monitoring scenario, magmatic processes 
associated with monitored variations in gas composition or flux could be understood with the 
degassing model we have provided. However, as demonstrated by this work, many of the solutions 
are nonunique. The best way to implement this model is to combine it with other datasets (e.g., 
seismic, geodetic, thermal). 
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Figure 1. Map of Cleveland volcano with locations of samples evaluated in this study. 16IPE1B 
is the location of the 2016 juvenile andesitic bomb, and CL15PS06 and CV15DJR09E are the 
locations of the tephra samples that yielded the more mafic melt inclusions. Samples were 
collected during the 2015-2016 GeoPRISMS field campaigns.  
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Figure 2. Major element and volatile compositions of melt inclusions hosted in olivine (MI-olv), 
clinopyroxene (MI-cpx), and plagioclase (MI-plag) and matrix glass (MG). (a) SiO2 vs. K2O 
showing consistent liquid lines of descent in melt inclusions, matrix glasses, bulk rocks, and 
MELTS models. “MELTS-1” is modeled with a cooling rate of 8 bar/°C. “MELTS-2” is modeled 
using 6 bar/°C. (b) H2O and SiO2 contents of melt inclusions, matrix glasses, and MELTS models. 
The lack of correlation between H2O and SiO2 contents of melt inclusions is clear evidence for 
diffusive loss of H+. A few melt inclusions follow the expected trend for ascent, degassing, and 
crystallization. A regression of the MELTS model results is shown, which was used to calculate 
the initial (entrapped) H2O contents of melt inclusions. (c) S and K2O contents of melt inclusions 
with an example log-linear regression. (d) H2O and K2O contents of melt inclusions, matrix 
glasses, and MELTS models. Melt inclusions corrected for diffusive loss of H+ using the equation 
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Figure 3. H2O and CO2 contents of melt inclusions. Plotted are melt inclusions uncorrected 
(Uncor.) and corrected (Cor.) for diffusive water loss. The black line shows the degassing path for 
H2O-CO2 calculated using VolatileCalc (Newman and Lowenstern, 2012).  
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Figure 4. Density model derived from a generic seismic velocity profile at Seguam volcano (M. 
Zimmer, pers. comm.). “Average overburden” is the averaged density of the overlying material.  
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Figure 5. Degassing model results for 200 Monte Carlo simulations. Input melt inclusion data 
(black circles) and resampled melt inclusion data (gray circles), which were randomly generated 
based on compositional uncertainties, are shown. Red lines in (a) and (b) are regressions of the 
resampled melt inclusion data for each of the 200 Monte Carlo simulations. Violet lines in (c) are 
the results of the degassing model.  
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Figure 6. Water solubility calculated for basalt-rhyolite melt compositions using several different 
solubility models: VC (Newman and Lowenstern, 2002), MS (Ghiorso and Gualda, 2015), and L 
(Liu et al., 2005). Melt compositions used in modeling are from the MELTS modeling results in 
Fig. 2.  
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Figure 7. Degassing model for melt and vapor showing results for 200 Monte Carlo simulations. 
(a). H2O, CO2, and S contents (by mass) of the modeled melt (lines) and melt inclusions (scatter 
points). The H2O and CO2 contents of melt inclusions are corrected for diffusive loss of H
+ and 
vapor bubble growth, respectively (Fig. 2). H2O and CO2 degassing are described by VolatileCalc 
(Fig. 3; Newman and Lowenstern, 2002), and S degassing is described by our regressions of melt 
inclusion data (Fig. 5). See text for details. (b). H2O, CO2, and SO2 contents (molar) of the modeled 
vapor. (c) H2O/SO2 (molar) of the modeled (black lines) and measured (red line) vapor. (c, inset) 
Histogram of entrapment and equilibration pressures of melt inclusions erupted in 2016. A region 
of possible magma storage in a conduit is indicated. See text for details.  
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Figure 8. End-member conceptual models of the magmatic plumbing system at Cleveland 
volcano. In scenario 1, degassing occurs at a discrete depth. In scenario 2, degassing occurs over 
a range of depths, and the observed vapor is a mixture of vapor degassed throughout the column. 
Persistent thermal emissions, repeated periods of small dome growth and drainage events, the large 
range of melt inclusion equilibration pressures, and the “open-system” nature of Cleveland 




Figure 9. Magma column locations that produce a vapor with an H2O/SO2 equivalent to that of 
the observed vapor. Each of the 200 Monte Carlo simulations are plotted individually as black 
lines. The column height is shown with blue lines. The star (“MI Peq”) is plotted at the top and 
bottom of the range of equilibration pressures recorded in the 2016 melt inclusions, and therefore 
represents the potential location of a magma column. The pressure at which a vapor with the 
observed H2O/SO2 ratio occurs at a column height of 0 km, and the average of the modeled values 





Figure 10. Modeled H2O/SO2 composition of a mixed vapor degassed over the melt inclusion 
equilibration pressure range (10-60 MPa) for 200 Monte Carlo simulations. The red line and 
shaded area are the average and standard deviation of the measured H2O/SO2 ratio. The black 
diamond indicates the average modeled H2O/SO2, and the uncertainty is the 1σ standard deviation.  
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Figure 11. Modeled degassing rates, for magma columns of different heights and diameters, 
required to explain the observed S flux (324 t/d). The degassing rate is the number of times per 
day an entire column of magma must be degassed. Plotted are results from 200 Monte Carlo 
simulations for 2 different pressure ranges (i.e., column heights). MI conduit is for a pressure range 
of 10-60 MPa (i.e., 0.5-2.5 km depth), which is defined by melt inclusion equilibration pressures. 
Max conduit is for a pressure range of 1-200 MPa (i.e., 0-8 km depth), which is the maximum 
pressure range that produces the measured H2O/SO2 of the vapor in some Monte Carlo results (see 




Magmatic water content controls magma storage depth 
 
 




Magma storage depth is fundamental to continent formation, crustal structure, and volcanic 
eruption. Consequently, a profusion of studies over the last several years have detailed the storage 
systems at individual arc volcanoes. However, the physical controls on storage depth are poorly 
understood. Some have argued for the importance of intrinsic controls (e.g., magma buoyancy and 
viscosity), while others have emphasized the importance of extrinsic controls (e.g., crustal 
structure and stress). Here we investigate the influence of magmatic water content, a key intrinsic 
control, on the storage depth of arc magmas. Degassing of water during magma ascent increases 
magma viscosity and crystallinity, which may promote stalling and establishment of storage 
regions. We leverage a large body of work, evaluating geophysical estimates of storage depth at 
97 volcanoes and estimates of magmatic water content from melt inclusions at 77 volcanoes, which 
includes our new melt inclusion data on 8 volcanoes in the central-eastern Aleutian arc. Storage 
depths vary from ~0 to 20 km below the surface but form a distinct mode with an average value 
of 6 ±3 km. Water contents vary between 2 and 7 wt.%. Water saturation, an approximation for 
where H2O degassing commences, averages to 6 ±3 km, consistent with geophysical estimates of 
storage depth. At 24 volcanoes, we combine depth and water data. Storage depths (~2-15 km below 
the surface) and maximum melt inclusion water contents (~2-7 wt.%) form a strong positive 
correlation that directly coincides with the water saturation curve. The relationship is unlikely due 
to degassing or diffusive water loss from melt inclusions because water contents of our new melt 
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inclusions from the Aleutians correlate with trace element proxies for water. We model ascent 
degassing, and crystallization, and the results indicate that storage occurs where there is a change 
in viscosity, rather than where a viscosity threshold is crossed. Together our results support a 
model in which intrinsically wetter magmas degas and crystallize deeper than dry magmas, 
resulting in deeper storage prior to eruption. The trend exists globally despite the wide range of 




1. Main text 
 Recent improvements in geophysical and geochemical methods have enabled the study of 
magmatic systems at an unprecedented level of detail (Waldhauser and Ellsworth, 2000; Aiuppa 
et al., 2007; Hansen and Schmandt, 2015; Moore et al., 2015; Rasmussen et al., 2018). This has 
led to a dramatic increase in our understanding of the plumbing systems below individual 
volcanoes (e.g., Métrich et al., 2009; Lu et al., 2010; Tarasewicz et al., 2012; Kiser et al., 2016). 
More broadly, this work has led to a fundamental shift in our view of the structure of magmatic 
systems. The notion of singular melt-rich pools (i.e., “magma chambers”) has been left behind in 
favor of more complex models. Now magmatic systems are most commonly thought of as dynamic 
environments with multitiered networks of crystal-rich mushes (Marsh, 1996; Bachmann and 
Bergantz, 2004; Annen et al., 2015; Bachmann and Huber, 2016), which may span the crust 
(Cashman et al., 2017) and undergo reorganizations over timescales of volcanic unrest (Sparks and 
Cashman, 2017). In this new paradigm, we are left to consider whether there is order in these 
complex systems. 
The evidence points to yes. Geophysical studies often find evidence for discrete regions of 
magma accumulation that are, despite resolution limitations, limited in their vertical extent to a 
few kilometers (e.g., Chaussard and Amelung, 2014). This attests to order within magmatic 
systems. In contrast to the often proposed dynamic nature of plumbing systems, some geophysical 
observations are consistent with regions of storage that may persist for years at a particular depth 
throughout multiple phases of unrest and eruption (e.g., Elsworth et al., 2008; Lu and Dzurisin, 
2014). While understanding of the locations of these preferred regions of magma storage is 
growing, we lack a general understanding of what controls the locations. 
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Several potential controls over storage depth have been identified, which can be grouped 
into two endmember categories. First are the extrinsic controls, which are based on properties of 
the crust. Crustal thickness, age, rheology, and stress state are commonly suggested to be key 
extrinsic controls (Chaussard and Amelung, 2014). If these controls are important, magma storage 
is expected to occur at rheologic boundaries (Mazzarini et al., 2010; Huber et al., 2019), levels of 
neutral buoyancy (Ryan, 1994), or where faulting has not opened pathways for magma ascent 
(Gudmundsson, 2007). Second are the intrinsic controls, which are based on the properties of the 
magma, such as density and viscosity. Magma density influences the buoyant force for magma 
ascent (Weinberg and Podladchikov, 1994), for a given crustal density structure. Magma viscosity 
relates to dike propagation (Spence and Turcotte, 1985; Lister and Kerr, 1991). Melt density and 
viscosity are strong functions of magmatic water content (e.g., Zhang et al., 2007; Lesher and 
Spera, 2015), in addition to other compositional and physical parameters (e.g., temperature, 
pressure). The solubility of water in melt is predominantly controlled by pressure (Moore, 2008). 
During magma ascent and decompression, water solubility decreases, and water progressively 
degases. This leads to increases in melt density and viscosity. In many cases, water degassing also 
results in undercooling and crystallization (Blundy and Cashman, 2001), which leads to further 
increases in melt viscosity. Such increases in melt viscosity may slow magma ascent, potentially 
triggering a positive feedback loop where degassing slows magma ascent, and, as a result, magma 
ascent becomes increasingly slowed by increased extents of conductive cooling and crystallization 
that result in further increases in viscosity. To describe this process, Annen et al. (2006) coined 
the term “viscous death”. “Viscous death” may be an important control of magma storage depth, 
and indeed, some have found regional evidence for a relationship between water and magma 
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storage depth (Zellmer et al., 2016). However, the global significance of magmatic water content 
in controlling magma storage depth has not be tested. 
To elucidate the role of water in the storage depth of arc magmas, we compare new and 
compiled observations of magmatic water contents with compiled geophysical observations of 
magma storage depth. Arcs are an ideal location for this study because magmatic water contents 
are variable between volcanoes (Plank et al., 2013) and arc volcanoes are common targets for 
geophysical studies of magmatic plumbing systems (Chaussard and Amelung, 2014). The most 
robust estimates of magmatic water content come from melt inclusion data. We consider new melt 
inclusion data for the central-eastern Aleutian arc and compiled data from arcs globally. Large 
suites of melt inclusions were evaluated. The maximum water content melt inclusion from each 
volcano was focused on in order to minimize the influence of processes that affect water, such as 
degassing and post-entrapment diffusive loss of water. Magma storage depth estimates are 
compiled from geophysical studies, which are mostly those that employed geodetic or seismic 
approaches. Many geochemical approaches for determining magma storage depth are highly 
dependent on magmatic water content, either directly through vapor saturation pressure modeling 
or indirectly through geothermometry. Therefore, to avoid circular logic in comparing magmatic 
water content to storage depth, we restrict our estimates of magma storage depth to those 
determined using geophysical data. 
Water contents of magmas from frontal arc volcanoes vary from ~1-7 wt%, with values 
averaging to 4 ±1 wt% (Plank et al., 2013). Geophysical observations of magma storage are mostly 
constrained to the upper ~20 km of crust. We test the relation between water and magma depth by 
evaluating volcanoes with both water and depth estimates. Indeed, the two are strongly correlated 
and plot on the water saturation curve (Fig. 1a). However, we note some of the studied volcanoes 
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have had more than one storage region identified. In all of the cases, one of the identified storage 
regions falls on or near the water saturation curve, while the other does not. These results 
demonstrate that at least one important region for magma storage globally is along the water 
saturation curve. We test the water-depth relationship with a larger dataset by comparing our entire 
compilation of storage depth and magmatic water content estimates. A distinctive mode in storage 
depths occurs at 6 km (6 ±3 km on average) below the surface (Fig. 1b). We note that the 
observations are likely biased to shallow depths because many geophysical techniques have the 
better resolution at shallower depths. However, the data unequivocally suggest that shallow storage 
of magmas (~2-8 km depth below the surface) is an important location for the storage of arc 
magmas. One way to compare geophysical magma storage depth and magmatic water contents is 
to consider the depth at which the magma would saturate with a pure H2O vapor, which we term 
the “petrological depth”. This depth is an approximation for the depth at which H2O degassing 
occurs. We note that the solubility of a mixed H2O-CO2 fluid is more relevant for arc magmas than 
a pure H2O fluid, and the introduction of CO2 would cause the onset of H2O degassing at slightly 
higher pressures, with the extent dependent on the degassing scenario (e.g., open vs. closed 
system). Simplifications aside, our results show the “petrological depth” (6 ±3 km below the 
surface on average) coincides closely with the average geophysical magma storage depth, further 
attesting to the link between magma storage depth and water content. 
 The observation that magmatic water content correlates with storage depth is clear (Fig. 1), 
but the interpretation requires careful consideration. Two plausible explanations exist: magmatic 
water contents control magma stalling (“mantle control”; Plank et al., 2013) or melt inclusion 
water contents re-equilibrates at the storage depth (“crust control”; Plank et al., 2013). If the 
“mantle control” were the dominant control, then the water content of melt inclusions would 
137 
correlate with other non-volatile tracers of slab and mantle melting processes (e.g., Nb/Ce and 
Ba/La). If instead the “crustal control” were dominant, melt would degas or melt inclusions 
diffusively equilibrate to reflect their stalling depth. This would destroy any correlations that 
existed in the parental magma between water and non-volatile tracers. Central-eastern Aleutian 
volcanoes show systematic relationships between water and trace elements (Fig. 2, see also Plank 
et al., 2013), and melt inclusion studies have found similar correlations at other arcs, such as the 
Cascades (Walowski et al., 2015; Walowski et al., 2016) and Central America (Sadofsky et al., 
2008). Such systematics support the “mantle control”, where intrinsically wetter magmas degas 
and crystallize deeper than dry magmas, resulting in deeper storage prior to eruption. This trend 
exists globally despite a wide range of extrinsic variables, demonstrating the global importance of 
water as an intrinsic control on the depth of reservoir formation. 
We have presented evidence that magmatic water content exerts an important control on 
magma storage depth. To better understand the mechanism by which water influences storage 
depth, we modeled magma ascent, degassing, and crystallization using rhyolite-MELTS (Gualda 
et al., 2012; Ghiorso and Gualda, 2015). For examples of high and low water content magmas, we 
consider those from Akutan (5 wt.% H2O) and Fisher (2 wt.% H2O). As expected, the results 
indicate that Akutan magma has a lower viscosity than Fisher magma before the onset of water 
degassing. Because Akutan magma is stored deeper than Fisher magma, this result demonstrates 
that the absolute viscosity of the magma is not an important control. The likely reason is that any 
barrier to magma ascent imposed by viscosity must have been overcome for magmas to move out 
of the lower crust in the first place. Instead, changes in viscosity, rather than absolute velocity, 
appears to be the dominant control. Degassing of water initiates at a greater depth at Akutan than 
at Fisher (Fig. 3a), which coincides with increases in magma viscosity (Fig. 3b). In the case of 
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adiabatic ascent (solid lines, Fig. 3b), increases in melt viscosity are primarily due to the effect of 
water. If conductive cooling is imposed (dashed lines, Fig. 3b), crystallization occurs causing more 
dramatic increases in magma viscosity with depth. The results show viscosity increases in the 
observed region of storage. The small change in viscosity at the onset of water degassing may be 
important in slowing magma ascent. We posit magma ascent is slowed by the small increase in 
melt viscosity, which enables conductive cooling and crystallization and leads to a positive 
feedback and the “viscous stalling” of arc magmas. 
The depth of “viscous stalling” may be different than the hypothesis of “viscous death” 
(Annen et al., 2006). Some of the geodetic observations used to infer magma storage depth are 
measurements of deflation contemporaneous with an eruption, consistent with the emptying of a 
magma reservoir (see several examples in Lu and Dzurisin, 2014), and melt inclusions samples 
used in this work require eruptions. Therefore, many of the reservoir systems studied here are 
eruptible. This is in contrast to the model of “viscous death”, where magmas stall and form plutons. 
It has been suggested that the balance of reservoir growth and eruption depends on the depth of 
the transition between brittle and ductile behavior of the crust, which relates closely to the presence 
of exsolved volatiles (Huber et al., 2019). Exsolved volatiles dampen pressure increases due to 
injection of new magma, enabling reservoir growth (Degruyter et al., 2017). Our results indicate 
that an important control for initial reservoir formation is the depth at which water degassing 
commences and subsequent increases in melt viscosity and crystallinity occur. The eruptibility of 
reservoirs formed in this way may depend on whether exsolved volatiles buildup or ascent in an 
open system occurs, and also the on the volume of the reservoir and recharge rate (Huber et al., 
2019).  
2. Methods summary 
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H2O and CO2 contents of melt inclusions from the central-eastern Aleutian arc were 
obtained using a Thermo-Nicolet Nexus 670 Fourier transform infrared spectrometer (FTIR) 
spectrometer with a Continuum IR microscope at the American Museum of Natural History 
(AMNH). Major elements, S, and Cl were measured by electron microprobe (EMP) analysis on a 
Cameca SX-100 at the AMNH. Both FTIR and EMP analyses were conducted using methods 
described by Rasmussen et al. (2018). Trace elements in select inclusions were analyzed using a 
PQ ExCell inductively coupled plasma mass spectrometer (ICP-MS) interfaced with a NewWave 
193nm ArF Eximer laser at Lamont-Doherty Earth Observatory. The methods followed those 
described in Chapter 5 of this dissertation. 
Our compilation of magmatic water contents includes those compiled by Plank et al. (2013) 
and other references that we have found. Our storage depth estimates include those compiled by 
Chaussard and Amelung (2014) and additional references we have found. Magma storage depths 
estimated using geophysical techniques are often reported relative to sea level. We have converted 
all magma storage depth estimates to the depth below the surface. In most cases, magma storage 
regions are suggested to occur below the volcanic edifice, in which case our depths are referenced 
to the summit elevation. In some cases, the storage region is suggested to be off axis. In those 
cases, we estimated the surface elevation using Google Maps. 
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Figure 1. Relationship between magmatic water content and magma storage depth. (a) 
Geophysical estimates of magma storage depth and magmatic water content determined from melt 
inclusions (24 volcanoes). See Appendix 1 for a discussion of the plumbing systems of individual 
volcanoes and Appendix 2 for data. Water content and storage depth are strongly correlated and 
plot along the water saturation line (modeled for basalt with 49 wt.% SiO2 at a temperature of 1100 
°C using Newman and Lowenstern, 2002), which represents the depth where significant water 
degassing begins. Some volcanoes have multiple storage regions that have been identified, which 
are shown with both dark and light samples, indicating that magma storage at water saturation is 
an important, but not the only, depth of magma storage. Volcanoes from the central-eastern 
Aleutians include Fs – Fisher, Sh – Shishaldin, Ok – Okmok, Mk – Makushin, Wd – Westdahl, Cl 
– Cleveland, Sg – Seguam, and Ak – Akutan. (b) Histogram of geophysical estimates of magma 
storage depth (GD, 97 volcanoes) and petrological depth (PD, 77 volcanoes). GD are a larger 
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compilation of storage depth estimates than are shown in (a). Petrological depth is the calculated 
water saturation depth for a volcano based on the maximum water contents of melt inclusions, 
which is approximately the depth of the onset of water degassing. The similarity between GD and 
PD further supports the observations from (a) that storage depth relates to magmatic water content 
inferred from melt inclusions. Vapor saturation pressure modeling was done using Newman and 
Lowenstern (2002), and pressure was converted to depth using a general arc crustal density model 




Figure 2. Correlations between H2O/Ce of melt inclusions and trace elements for the central-
eastern Aleutians. Trace-element data for the highest water melt inclusions does not exist. So, the 
values used are calculated using average bulk rock compositions that have MgO concentrations 
within 1 wt.% of the MgO concentration of the melt inclusions. High H2O/Ce and high Ba/La are 
generally associated with the addition of a fluid or melt of the slab (CITE). Nb/Ce is mantle 
component. Therefore, anti-correlation between H2O/Ce and Nb/Ce is thought to be mixing 
between mantle and slab derived components. The correlation between H2O/Ce and La/Ya is 
thought to be controlled by variable additions of a slab component. H2O/Ce ratios are unaffected 
by fractional crystallization. However, degassing or diffusive loss exchange of water in melt 
143 
inclusions would change H2O alter the H2O/Ce ratio and destroy any correlation. We observe 




Figure 3. Models of ascent, degassing, and crystallization performed using rhyolite-MELTS 
(Gualda et al., 2012; Ghiorso and Gualda, 2015). The gray shaded areas enclose the maximum and 
minimum estimates of magma storage depth determined using geophysical observations, and the 
lines are the average estimated storage depths. The dashed lines show MELTS results for adiabatic 
ascent, and the solid lines show MELTS results with cooling imposed (3.5 MPa/K). The onset of 
water degassing at Akutan and Fisher volcanoes coincides with increases in melt viscosity and the 




How slab depth is reflected in Aleutian arc magmatism 
 
 





The depth to the slab at frontal arc volcanoes worldwide varies from 60 km to >150 km. 
The cause of this variation is not well known. An ideal location to investigate slab depth is the 
central Aleutians (Seguam to Shishaldin, 172.5-164 °W). Slab depth beneath the volcanic front 
varies from a near global minimum of ~65 km (Seguam) to a more typical value of ~100 km 
(Shishaldin), while other subduction parameters (e.g., slab age, dip, velocity) show small 
variations. Our own analysis of seismic S-P times for earthquakes measured using local stations 
confirms the variation in slab depth published previously using global catalogs. We investigate 
new major, trace, and volatile elements in melt inclusions and bulk rock samples from 8 volcanoes, 
which exhibit systematic trends with slab depth. Maximum water contents of inclusions vary from 
~2 wt.% (Fisher) to ~5 wt. % (Akutan), spanning most of the global range for mafic arc magmas 
(1-7 wt.%). Correlation between maximum water and trace elements (e.g., Nb/Ce, Ba/La) gives 
strong evidence that maximum water content melt inclusions preserve undegassed concentrations. 
Higher water content magmas follow calc-alkaline differentiation trends, and those with lower 
water contents are increasingly tholeiitic, consistent with earlier work. H2O/Ce (500-3500) and 
H2O/K2O (2-7), both proxies for slab-surface temperature, are negatively correlated with slab 
depth. The ratios indicate that slab temperatures are 50 °C above the H2O-saturated sediment 
solidus at 65 km depth and 200 °C above the solidus at 100 km depth. The temperatures of melt 
equilibration range from 1200 °C near Seguam to 1450 °C at Shishaldin, which are relatively 
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consistent with temperatures predicted for the core of the mantle wedge if the commonly assumed 
slab-mantle coupling depth (80 km) is instead ~50 km. Greater temperatures of the slab would 
predict melting deeper into the slab, which might explain the observed increase in Dy/Yb with slab 
depth. These results indicate that slab depth is reflected in the composition and differentiation of 
arc magmas.  
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1. Introduction 
In the early 1950s, Marie Tharp drafted profiles of the seafloor across the Atlantic, giving 
us our first extensive view of the mid-Atlantic ridge and providing one of the key datasets that led 
to the advent of plate tectonics theory (Barton, 2002). In the half century that followed, 
understanding of plate tectonics and its link to arc magmatism has advanced momentously – see 
review by Stern (2002). Oceanic lithosphere becomes hydrated during hydrothermal circulation 
along faults, which occurs predominantly near ridge axes (Gregory and Taylor Jr, 1981; Cocker et 
al., 1982; Mével, 2003) and then later at the trench outer rise (Ranero et al., 2003; Contreras‐Reyes 
et al., 2007; Naif et al., 2015). As the slab descends into the mantle, increasing pressure and 
temperature trigger the expulsion of water through metamorphic dehydration reactions (Peacock, 
1990; Peacock and Wang, 1999; Hacker et al., 2003). As the slab approaches subarc depths, fluids 
and/or melts (Pearce and Peate, 1995; Cooper et al., 2012) or mélange diapirs (Behn et al., 2011; 
Marschall and Schumacher, 2012) are released from the slab, which interact with hot mantle in the 
core of the mantle wedge to generate hydrous arc magmas (Schmidt and Poli, 1998). A nearly 
complete view of subduction zone fluids traveling the path from subarc depths to the surface can 
now be seen with geophysical imagery (Syracuse et al., 2008; McGary et al., 2014). 
 While the processes at play in the production of arc magma are well established, a 
fundamental problem remaining is the cause for variability in slab depth. Below frontal arc 
volcanoes, slab depth varies from 60 to >150 km (Syracuse and Abers, 2006). The thermal 
structure of the mantle wedge plays a key role in determining where mantle melting occurs 
(Schmidt and Poli, 1998; Wada and Wang, 2009) and possibly determining the compositions of 
arc magmas (Turner and Langmuir, 2015). Wedge thermal structure is modulated by the depth of 
coupling between the slab and the mantle and subduction parameters, including slab age, 
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convergence rate, and dip (van Keken et al., 2002; Kelemen et al., 2004; Syracuse et al., 2010). 
Therefore, interplay between coupling depth and subduction parameters sets the thermal structure 
of the wedge, which in turn controls the location of the arc relative to that of the slab (i.e., slab 
depth) if melt transport is primarily vertical. However, the extent to which the coupling depth may 
vary and the controls on the variability are not well known (Syracuse et al., 2010). Additionally, 
melt transport might not be vertical (Spiegelman and McKenzie, 1987). Therefore, the cause for 
variability in slab depth below frontal arc volcanoes is not well understood. A powerful approach 
for understanding variation in slab depth is to investigate magma compositions, which are sensitive 
recorders of the chemical and physical characteristics of the source, in an arc segment with 
significant variations in slab depth. Here we take such an approach. 
We perform a multidisciplinary investigation of the central-eastern Aleutian arc in order to 
determine causes for variability in the depth of the slab below the volcanic front. Slab depth in the 
central-eastern Aleutians transitions from a near global minimum of 65 km near Seguam (west) to 
a more common slab depth of ~100 km below Shishaldin (east), while other subduction parameters 
(e.g., slab age, dip, convergence rate) have limited variability. Several of the volcanoes in the 
corridor have been the subject of limited geochemical work (e.g., Cleveland, Westdahl, Fisher), 
likely due to their remote location, but those that have been studied have large compositional 
variations (Zimmer et al., 2010; Larsen, 2016). Together these characteristics make the central-
eastern Aleutians a prime location for determining the causes for variability in slab depth. Accurate 
estimations of slab depth are of first order importance for this objective. Therefore, we test depths 
provided by Syracuse and Abers (2006), who used a global earthquake catalog of teleseismic 
events, by performing S-P arrival time analysis on local earthquakes and stations. We present new 
geochemical data for a large suite of melt inclusion and bulk rock samples across our study area, 
149 
and these data are combined with a compilation of published data. Our new dataset includes a large 
number of measurements of water concentration, which is essential for estimating mantle 
temperatures and tracing slab signatures in arc magmas. If variation is due to a range of slab-mantle 
coupling depths, we expect the coupling depth to be shallow in the west (near Seguam), resulting 
in hotter wedge temperatures at shallower depths, and a greater coupling depth to the east (near 
Shishaldin). Comparison of geochemical indicators of slab and mantle temperature to thermal 
models can be used to test variability in wedge thermal structure. Alternatively, if slab depth 
largely relates to the extent of lateral melt transport, we expect melt compositions to reflect 
relatively uniform wedge thermal structures. Results from our analysis inform our understanding 
of the location of volcanic arcs and have implications for the compositions of arc magmas 
2. The Aleutian arc 
2.1. Geologic setting 
 The Alaska-Aleutian subduction zone spans 3500 km, stretching from the Kamchatka 
peninsula to Alaska (Fig. 1). The oldest rocks in the Aleutians are found in the Komandorsky 
block, where U/Pb zircon and 40Ar/39Ar ages indicate magmatism was continuous from 69-11 Ma 
(Hoernle et al., 2018). The arc likely formed in the late Cretaceous or early Paleogene when 
convergence of the Kula plate migrated southward (Scholl et al., 1975), and through time 
magmatism propagated eastward (Hoernle et al., 2018). Today the Pacific oceanic plate subducts 
beneath the North American plate, which transitions from continental to oceanic west of the 
terminus of the Alaska Peninsula (Fliedner and Klemperer, 2000). For the most part, seismic 
velocities in the upper crust of the overriding plate are fast, consistent with crustal compositions 
that are more mafic than average continental crust, and lower crustal velocities are particularly 
fast, implying the presence of ultramafic cumulates or granulites (Shillington et al., 2004). The 
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North American plate in the Aleutians is broken into several mechanical blocks for which there is 
geologic evidence of rotation (Eberhart‐Phillips et al., 2006; Freymueller et al., 2008). 
Convergence is orthogonal near the Alaska mainland and becomes increasingly oblique to the west 
until the plate boundary becomes transform west of Buldir island (McCaffrey, 1992).  Despite the 
large change in the characteristics of subduction across the arc, the crustal thickness is relatively 
constant at 38.5 ±2.9 km in the Aleutian island arc (Janiszewski et al., 2013), as well as in 
continental crust comprising the peninsula (Fliedner and Klemperer, 2000). The arc is moderately 
volcanically active, with over 40 volcanoes having had historical activity (Table A1).  
2.2. Along-arc geochemical studies 
Several studies have explored how along-strike variations of subduction characteristics in 
the Aleutians may influence primary magma compositions (Yogodzinski et al., 1994; Kelemen et 
al., 2003; Jicha et al., 2004; Singer et al., 2007). Efforts have largely focused on two features of 
the arc. First, studies have investigated the westward increase in the obliquity of convergence and 
decrease in the convergence rate and sediment flux. Primitive magmas (Mg# > 0.6) show a 
corresponding westward increase in SiO2, Na2O, and K2O concentrations, and Pb and Sr isotopes 
become progressively less radiogenic and Nd becomes more radiogenic moving west (Kelemen et 
al., 2003). The trends have been explained by an overall decrease in a sediment signature and 
increase in ocean-crust-melt signature (Yogodzinski et al., 1994; Yogodzinski et al., 1995; 
Kelemen et al., 2003). George et al. (2003) also found evidence that sediment tracers (e.g., Th/Nb, 
Ce/Ce*, and 10Be/9Be) in Aleutian magmas are closely linked to convergence rate. Second, studies 
have assessed the role of the subduction of the Amlia Fracture Zone (AFZ; Fig. 1). Eruptive 
products of Seguam island have anomalously high values of B/La, U/Th, 87Sr/86Sr, and 207Pb/204Pb, 
which has been interpreted as significant melting of a metasomatized mantle modified by slab fluid 
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and sediment melt components and addition of fluid released from serpentinized crust in the AFZ 
(Jicha et al., 2004; Singer et al., 2007).  
2.3. Central-eastern Aleutian arc 
 We focus our attention on the corridor of the arc between Seguam island (172.5 °W) and 
Shishaldin volcano (164 °W) (Fig. 1). Some refer to this region as the central Aleutians  (e.g., 
Kelemen et al., 2003), whereas other classifications suggest this corridor also includes the eastern 
Aleutians (e.g., Jicha et al., 2004; Larsen, 2016). For simplicity, we refer to the region as the 
central-eastern Aleutians. The main historically active volcanoes in the corridor are shown in Fig. 
1, many of which have been active in the last decade. Crustal thickness estimates for this region 
vary between ~34 and 41 km and all overlap within uncertainty (Janiszewski et al., 2013). A 
transition in the velocity structure occurs at Unimak (Fig. 1), where upper crust velocities are faster 
to the west and slow to values more consistent with continental crust to the east (Fliedner and 
Klemperer, 2000). Additionally, the bathymetry changes significantly moving westward as the arc 
extends beyond the Bearing Shelf, which occurs in the vicinity of Umnak Island (Fig. 1). The 
convergence rate (6.9 to 7.3 cm/a; Fig. 1), age (54.9 to 56 Ma), and convergence angle (N37W to 
N31W) show small variations (Syracuse and Abers, 2006). Dip varies more significantly (42° to 
55°), decreasing eastward (Syracuse and Abers, 2006). Slab depth show the greatest variability, 
ranging from a near global minimum of ~65 km (Seguam) to a more typical value of ~90 km 
(Shishaldin) according to the analysis of Syracuse et al. (2010) (Fig. 1). There is also an eastward 
decrease in the thickness of trench fill sediments (Plank et al., in prep.). The extent to which these 
sediments are subducted vs. accreted is not well constrained, but early studies suggest ~15-25% of 
the trench fill is accreted (Von Huene and Scholl, 1991). 
3. Methods 
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3.1. Rock samples 
We evaluate new bulk-rock and melt-inclusion data for 73 samples from 8 volcanoes, 
which were mostly collected in 2015 and 2016 (Fig. 1, Table A2). Most samples are tephras 
associated with summit eruptions, cinder cones, or ridge features interpreted as fissure eruptions. 
Sample preparation is described in Appendix 1. Our new data are supplemented with bulk-rock 
data from the Alaska Volcano Observatory (AVO) online database and published melt-inclusion 
data (Zimmer et al., 2010; Larsen et al., 2013; Moore et al., 2015; Rasmussen et al., 2018; 
Newcombe et al., in prep.). We consider bulk rock samples classified as volcanic in the AVO 
database, and we exclude any samples described as cumulates.  
3.2. Bulk rock analysis 
 We analyzed 73 bulk-rock samples from eight volcanoes (Cleveland, Vsevidof, Okmok, 
Makushin, Akutan, Westdahl, Fisher, Shishaldin). Most are pyroclastic, necessary for the study of 
H2O in melt inclusions as slow-cooling in lava flows leads to diffusive water-loss (Lloyd et al., 
2016). Fresh lapilli-sized fragments were handpicked from crushed samples, powdered using an 
alumina–ceramic ball mill, and digested using the method described by Kelley et al. (2003). 
Solutions were analyzed by inductively coupled plasma mass spectrometry (ICP-MS) for trace 
elements, on a PQ ExCell ICP-MS, and inductively coupled plasma emission spectrometry (ICP-
ES) for major elements, on an Agilent 700-series ICP-ES, at Lamont-Doherty Earth Observatory 
(LDEO). An exception is SiO2, which was volatilezed during digestion in HF, and so is measured 
by difference (with accuracy of ~0.5 wt.%; Wade et al., 2005). Instrumental protocols and data 
reduction procedures for both methods are described Kelley et al. (2003) and Wade et al. (2005). 
3.3. Melt inclusion analysis 
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 A total of 221 naturally glassy, fully enclosed olivine-hosted melt inclusions in 34 samples 
from 8 volcanoes were analyzed. Loose olivines in the ash-size fraction of pyroclastic samples 
were handpicked and prepared as doubly polished wafers. H2O and CO2 contents were obtained 
using a Thermo-Nicolet Nexus 670 FTIR spectrometer with a Continuum IR microscope at the 
American Museum of Natural History (AMNH), using procedures described by Rasmussen et al. 
(2018), Chapter 2. Major elements, S, and Cl were measured by electron microprobe analysis on 
a Cameca SX-100 at the AMNH using the methods of Rasmussen et al. (2018). Check standard 
analyses were performed using ND70 and ALV892-1 to assess inter-run precision. S and P2O5, in 
a few sessions, contents of check standards are systematically offset from accepted values. 
Therefore, we adjust all microprobe data according to the check standard offset. In most cases, the 
correction is small (<5 %). Trace elements in select inclusions were analyzed using a PQ ExCell 
inductively coupled plasma mass spectrometer (ICP-MS) interfaced with a NewWave 193nm ArF 
Eximer laser at LDEO using methods in Lloyd et al. (2013). 
 Melt inclusions were corrected for post-entrapment crystallization/melting and vapor 
bubble growth using MIMIC (Chapter 1). We use the compositionally dependent Fe-Mg olivine-
melt partitioning model of Toplis (2005). CO2 concentration reconstructed using the bubble growth 
method of Rasmussen et al. (in prep) is reported for melt inclusions that have CO2 contents in the 
glass above detection limits. Melt inclusions with CO2 contents in the glass below FTIR detection 
limits are assumed to have negligible CO2 contents in the vapor bubble. 
3.4. S-P analysis 
To test the variability in slab depth below the volcanic front in the central-eastern 
Aleutians, we repicked and calculated S-P times for all events in the NEIC COMCAT located 
within 50 km of a vent and with catalog depth below the Moho defined by Janiszewski et al. 
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(2013). Picks were made on stations CLCO, OKFG, MNAT, AKRB, WEBT, and SSLS for 
Cleveland, Okmok, Makushin, Akutan, Westdahl, and Shishaldin, respectively. This analysis 
assumes that the smallest S-P interval represents the top of the slab. The results should be 
considered as maxima because the existing dataset is somewhat limited in size. 
4. Results 
4.1. Bulk rock data 
Bulk-rock data are presented in Appendix Tables A5 (new data) and A6 (compiled data). 
The majority of bulk-rock compositions range between basaltic and andesitic compositions, but a 
small number of samples reach rhyolitic compositions. In general, the major-element 
concentrations of bulk-rock samples form arrays on major-element diagrams that we interpret as 
liquid lines of descent (Appendix 2). Shishaldin, Fisher, and Westdahl exhibit iron-enrichment 
trends, indicating tholeiitic differentiation. Their tholeiitic index (THI) values, a measure of Fe-
enrichment during differentiation (Zimmer et al., 2010), are ~1.2, 1.0, and 1.1, respectively. The 
remainder of the volcanoes follow the calc-alkaline differentiation path of Fe depletion with THI 
values of ~0.9 (Okmok, Makushin, Cleveland, Seguam) and ~0.8 (Akutan) (Fig. 2). We observe 
an overall correlation between water contents and THI, which has previously been discussed in 
detail (Zimmer et al., 2010). 
4.2. Melt inclusion data 
Melt inclusion data are presented in Appendix Tables A7 (new data) and A8 (compiled 
data). The major element compositions of melt inclusions tend to fall on bulk rock arrays 
(Appendix 2), but there are a few notable exceptions. A number of melt inclusions exhibit high 
CaO concentrations (>12 wt.%). These melt inclusions are mostly from side cones, and many of 
which are hosted in high-Fo olivines (>Fo86). Such melt inclusions have been previously 
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documented in many volcanic systems (Schiano et al., 2000; Danyushevsky et al., 2004), and they 
are likely the product of dissolution-reaction-mixing processes (Danyushevsky et al., 2004). These 
melts are not considered further here because they are rare and the result of localized processes. A 
small number of melt inclusions record significant diffusive loss or gain of Fe (Danyushevsky et 
al., 2000). Water concentrations of melt inclusions vary from below detection limits to ~5 wt.% 
(Fig. 2). Several processes lower water concentrations observed in melt inclusions, such as 
degassing and diffusive water loss. Therefore, it is helpful to focus on maximum water contents. 
Maximum water contents of melt inclusions for summit eruptions vary from ~2 wt.% (Fisher) to 
~5 wt.% (Akutan), spanning a large portion of the global range of 1-7 wt.% (Fig 2b) (Plank et al., 
2013). There is no direct relationship between the maximum water contents of melt inclusions and 
the depth of the slab below the volcano, but notably, Shishaldin and Fisher, which have the greatest 
slab depth, have the lowest water content. There is an overall anticorrelation between maximum 
water contents and THI (Fig. 2c), consistent with previous findings for the Aleutians and globally 
(Zimmer et al., 2010). H2O/Ce ratios determined using maximum water concentrations correlate 
with Nb/Ce and Ba/La (Fig. 3), following predicted relationships (Sadofsky et al., 2008; Ruscitto 
et al., 2012; Plank et al., 2013) that are considered further in the discussion. Trace element data for 
most of the melt inclusions studied here was not collected. To calculate H2O/Ce, Nb/Ce, and Ba/La 
for melt inclusions in Fig. 3, we averaged bulk rock trace element compositions from a given 
volcano with MgO contents that overlap with those of the melt inclusion with maximum water to 
within 1 wt.%. 
4.3. Depth to the slab 
Our analysis of S-P times indicates that minimum S-P times systematically increase from 
west to east, with a minimum S-P time of ~7 seconds at Cleveland increasing to ~10 seconds at 
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Shishaldin (Fig. 4). Assuming a crustal VP of 6.8 km/s (Shillington et al., 2004) throughout the 
corridor, it is possible to establish the VP/VS ratio for each volcano (and thus derive VS) using 
Wadati diagrams. Wadati diagrams for all six corridor volcanoes indicate a constant slab-to-
surface VP/VS of 1.77 throughout the corridor. 
We examine three endmember scenarios for the observed westward decrease in S-P: (1) 
variable mantle VP given estimated slab depths of Syracuse and Abers (2006), (2) variable slab 
depth given a fixed mantle VP of 7.85 (Shillington et al., 2004), and (3) variable mantle VP given 
a fixed depth-to-slab of 50 km throughout the corridor. Scenario 3 is found to be highly unrealistic 
as it would require unreasonably high mantle VP (11.21 km/s) to explain the observed S-P at 
Cleveland. Scenarios 1 and 2 are consistent with reasonable mantle VP. Estimated depths-to-slab 
in Scenario 1 and 2 are similar (Fig. 1b), and show an increasing slab depth to the east, consistent 
with the initial findings of Syracuse and Abers (2006). However, a mantle VP of 7.85 is more 
realistic than required mantle velocities in Scenario 1 (which are as low as 6.56), leading us to 
favor Scenario 2 and use these slab depths. 
4.5. Geochemical variations with slab depth 
Major element concentrations and trace-element ratios in bulk-rock samples exhibit 
systematic trends with slab depth (Fig. 5). To calculate trace-element ratios and Si5 values plotted 
in Fig. 5, we averaged the chemical species of interest (Th, La, Ba, Dy, Yb, SiO2) for all bulk rock 
samples from a given volcano with 5 ±1 wt.% MgO. Common tracers of subducted sediment (e.g., 
Th/La) and slab fluids (e.g., Ba/La) correlate negatively with slab depth (Figs. 5a, 5b). Dy/Yb, 
which may be an indicator of the presence of garnet in the source, correlates positively with slab 
depth (Fig. 5c). There is a negative correlation between melt silica contents and slab depth (Fig. 
5d). We investigate these trends in the Discussion. 
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5. Discussion 
5.1. Estimates of magmatic water contents 
In recent years, the ability of olivine-hosted melt inclusions to record original magmatic 
water contents has come under question. It is possible for melt inclusions to entrapped melt that 
has degassed water. Additionally, melt inclusions can diffusively exchange water with their 
exterior environment. This has long been known (e.g., Sobolev et al., 1989). However, it has only 
been recently that we have quantified the rapid rates of water (as H+) diffusion in olivine (i.e., 10-
10 to 10-12 m2s-1, depending on the crystallographic direction, at 1100 °C), which varies depending 
on the mechanism (Ferriss et al., 2018). Experimental studies have shown that olivine-hosted melt 
inclusions re-equilibrate their water contents over timescales of ~hours (Portnyagin et al., 2008; 
Gaetani et al., 2012), and natural samples often show evidence of this process (e.g., Lloyd et al., 
2013; Rasmussen et al., 2017). However, there is evidence that some melt inclusions escape this 
process, especially those that are large in size and hosted in magmas that decompress and cool 
rapidly (Sadofsky et al., 2008; Plank et al., 2013; Walowski et al., 2016). 
A powerful approach for determining whether melt inclusions have been affected by 
diffusive water exchange or degassing is to look for correlation with nonvolatile incompatible 
elements (Sadofsky et al., 2008; Plank et al., 2013; Walowski et al., 2015; Walowski et al., 2016). 
To do so, we focus our attention on the melt inclusions with the highest water content, which are 
those least likely to have been affected by degassing and diffusive loss of water. We consider the 
H2O/Ce  ratio because Ce exhibits similar partitioning to H2O during mantle melting and magmatic 
differentiation (Michael, 1995). Therefore, variations in magmatic water content due to those 
processes will not change H2O/Ce, whereas degassing or diffusive exchange of water would affect 
H2O/Ce. H2O/Ce in central-eastern Aleutian melts correlates strongly with Nb/Ce, as previously 
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observed by Plank et al. (2013), and Ba/La (Fig. 3). Such trends are not well understood. It is 
thought that they may reflect mixing relationships (e.g., Plank et al., 2013). H2O/Ce-Nb/Ce may 
indicate mixing of a high H2O/Ce, low Nb/Ce component derived from the slab and a low H2O/Ce, 
high Nb/Ce component derived from the mantle. Ba/La is a commonly used tracer of slab fluid 
because Ba has a higher fluid-melt partition coefficient under most relevant slab circumstances 
(Kessel et al., 2005), and increased Ba/La has been associated with greater water content of arc 
magmas (Sadofsky et al., 2008; Ruscitto et al., 2012). Therefore, H2O/Ce-Ba/La may reflects the 
presence of a slab-fluid component. However, we note that trends demonstrated in Fig. 3 could 
arise by a number of different processes including variable mixing ratios between the same mixing 
endmembers, or the endmember compositions could be different (see 5.3). Additionally, mixing 
trends for H2O/Ce vs. Nb/Ce are linear because the ratios have a common denominator. However, 
the shape of the mixing relationship between H2O/Ce and Ba/La is not known. Regardless, 
degassing and diffusive loss of water would alter the H2O/Ce ratio and change H2O/Ce-Nb/Ce and 
H2O/Ce-Ba/La relationships. The correlations we observe are evidence that these processes have 
not affected the maximum water content melt inclusions. 
5.2. Sediment and fluid signatures 
We observe a strong relationship between sediment tracers and slab depth, demonstrated 
with Th/La in Figure 5a. Th/La is a common tracer of subducted sediment in the source, which has 
previously been shown to form strong mixing relationships in Aleutian lavas between local mantle 
and local subducting sediment end-members (Plank, 2005). The progressive increase in Th/La to 
the west could be the result of a change in the composition of subducting sediments. However, this 
is unlikely because the composition of sediment subducted across our corridor of the Aleutians is 
thought to be relatively uniform (Plank et al., in prep.). Alternatively, elevated Th/La could be due 
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to fractionation by allanite during partial melting (Hermann, 2002). Accessory phases, such as 
allanite and monazite, likely control the Th and light rare earth element budgets in the slab. If 
allanite is present in the solid residue, Th/La of the fluid/melt will be increased (Hermann and 
Rubatto, 2009). However, the low pressure end of the allanite stability field extends to only 2.5 
GPa (Hermann, 2002), or about 80 km depth. Therefore, allanite is not predicted to be stable in 
the slab beneath the western most volcanoes (Seguam, Cleveland, Okmok, etc.), which are the 
volcanoes that show the highest values of Th/La (Fig. 5a). Therefore, unless significant trenchward 
migration of melt is occurring, increased Th/La of western volcanoes is unlikely due to allanite. A 
likely explanation is that the westward increase in Th/La is a reflection of the westward increase 
in trench fill sediment thickness (Plank et al., in prep.). Seguam volcano is located near the 
subducting Amlia fracture zone (Fig. 1), which is a bathymetric low where sediment collects. 
Seguam lavas have been noted to have a pronounced sediment signature (George et al., 2003; 
Singer et al., 2007). Moving east, trench fill sediment thins, decreasing the sediment mixing 
component. 
Fluid tracers (e.g., Ba/La) follow the same trend as sediment tracers, both decreasing to the 
east (Fig. 5b). Ba/La is a commonly used fluid tracer because Ba strongly partitions into an aqueous 
solution under most relevant conditions, whereas La does not partition into fluids as strongly 
(Kessel et al., 2005; Hermann and Rubatto, 2009). Therefore, high Ba/La is typically attributed to 
an increased aqueous component released from the slab (Sadofsky et al., 2008), which is 
traditionally distinguished from ocean-crust melt or sediment signatures. However, in the 
Aleutians, it has been shown that fluid tracers broadly correlate with sediment tracers (Kelemen et 
al., 2003), which is also the case for our corridor (Fig. 6). The link between sediment and fluid 
160 
tracers can be understood through considering slab top temperatures and whether sediment melting 
is predicted.  
5.3. Slab geothermometry and slab depth 
We employ slab-surface thermometers based on the temperature-dependent solubilities of 
accessory minerals in the slab (Hermann and Spandler, 2007; Plank et al., 2009). The solubility of 
allanite or monazite controls the addition of Ce to fluids or melts released from the slab (Plank et 
al., 2009), and the K additions are controlled by phengite solubility (Hermann and Spandler, 2007). 
The solubilities of allanite, monazite, and phengite strongly vary positively with temperature. H2O 
is the most important solvent for these phases and also decreases in the concentration of 
fluids/melts with increasing temperature. Therefore, the H2O/Ce and H2O/K2O ratios of fluids or 
melts released from the slab decrease by orders of magnitude as the temperature rises from sub-
solidus to super-solidus conditions (Hermann and Spandler, 2007; Plank et al., 2009). High-
temperature fluids or melts are expected to have low values of H2O/Ce and H2O/K2O, due to 
significant amounts of Ce and K released from accessory phases, while low temperature fluids or 
melts have high values of H2O/Ce and H2O/K2O, due to the accessory phases holding back Ce and 
K. 
Before applying the H2O/K2O and H2O/Ce slab thermometers, two steps must be taken. 
First, the composition of the slab fluid must be determined. The observed H2O/K2O and H2O/Ce 
are likely the product of mixing between slab and mantle derived components. To determine slab 
derived component, we take the approach of Cooper et al. (2012). We assume that the mantle 
component is described by E-MORB (Gale et al., 2013), consistent with previous work in the 
Aleutians (Plank, 2005; Cooper et al., 2012). To determine the slab component, we back project 
from the mantle component, though the measured ratios at a given volcano, to a Nb/Ce value of 
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0.04 and Nb/K2O value of 1 (Figs. 7a, 7b). The Nb/Ce value is from Cooper et al. (2012), and the 
Nb/K2O value is an arbitrarily low number. In both cases, the assumption is that insignificant Nb 
is sourced from the slab (Plank, 2005). H2O/Ce of the slab component determined in this way can 
be compared to Nb/Ce and Ba/La, and in doing so, the previously observed trends still exist (Figs. 
7c, 7d). The second step to applying the slab thermometer is to perform a pressure correction. This 
is necessary because the original thermometers are calibrated for melting at a pressure of 4 GPa. 
To derive absolute temperatures, ratios are projected linearly up and down in pressure along the 
wet-sediment solidus (Cooper et al., 2012). To do so requires an assumption about the pressure at 
which the fluid was produced. If vertical melt transport is assumed, this depth is the slab depth. 
However, if trenchward melt migration occurred, the pressure would be higher. To avoid such 
assumptions, we focus on the temperature relative to the H2O saturated solidus (ΔT in Fig. 8). To 
calculate this temperature, we employ the thermometers of Hermann and Spandler (2007) and 
Plank et al. (2009), and we subtract 730 °C from the calculated temperature, which is the wet-
sediment solidus at 4 GPa (Plank et al., 2009). 
In the central-eastern Aleutians, H2O/Ce and H2O/K2O of the slab component are strongly 
anti-correlated with slab depth (Fig. 8). Temperatures relative to the wet-sediment solidus (ΔT) 
calculated using H2O/K2O and H2O/Ce yield very consistent results (Fig. 8c). Modeled 
temperatures are all above the wet-sediment solidus, ranging progressively from a ΔT of 50 °C at 
Seguam to 150-200 °C at Shishaldin and Fisher (Fig. 8c). This finding is consistent with observed 
values of Th/La, which are enriched relative to MORB and require sediment melting. While we 
are focusing on temperatures relative to the wet-sediment solidus, we also note that these trends 
are consistent with the intuitive notion that slab temperature increases with depth. If applied, the 
pressure correction would amplify this trend because slab melts produced at a greater slab depth 
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would require higher temperatures to remain above the wet-sediment solidus, which increases in 
temperature with pressure. 
Results of slab thermometry help explain the observed relationship between slab depth and 
Dy/Yb in central-eastern Aleutian magmas (Fig. 5c). Low Dy/Yb is typically attributed to garnet 
in the source (Davidson et al., 2007), which has a significantly higher partition coefficient for 
heavy rare earth elements (e.g., Yb) than middle rare earth elements (e.g., Dy). One possible 
control on Dy/Yb is melt fraction. If melt fraction is low and garnet is in the residue, high values 
of Dy/Yb are expected. Interestingly, the highest values of Dy/Yb are found where slab depth is 
the greatest, which is where the greatest extent of melting is expected because the height of the 
column of mantle between the slab and the base of the Moho relates to slab depth. Increased melt 
fraction would lead to decreased Dy/Yb. Instead of variability in melt fraction, Dy/Yb could relate 
to variable addition of melts enriched in Dy/Yb. Greater temperatures of the to the east slab predict 
melting deeper into the slab, thereby increasing the volume of ocean crust melt. If garnet is present 
in the ocean crust, then the melts produced would have elevated values of Dy/Yb. Therefore, the 
eastward increase in Dy/Yb reflects addition of ocean crust melts enriched in Dy/Yb. 
5.4. The pressure and temperature of melt equilibration 
 Central-eastern Aleutian magmas show a well-defined relationship between Si5 (i.e., the 
SiO2 concentration of the melt at 5 ±1 wt.% MgO) and slab depth (Fig. 5d). It’s long been known 
that there is an overall negative correlation between melt equilibration pressure and SiO2 
(Albarede, 1992; Haase, 1996). The basis for the relationship is the reaction of SiO2
melt and olivine 
to form orthopyroxene. At high pressure orthopyroxene is stabilized, and SiO2-poor melts are 
generated. This relationship is the basis for the barometer of Lee et al. (2009), which improves 
upon earlier barometers by considering the silica activity rather than the concentration. Lee et al. 
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(2009) also presents a thermometer based on Mg exchange between olivine and melt. We apply 
the model of Lee et al. (2009) to central-eastern Aleutian melts. Melt inclusions hosted in olivine 
with >4 wt.% MgO were used to perform the calculation. The first stage of the calculation involves 
equilibrating the melt composition with Fo90 olivine by olivine addition or subtraction. To 
perform this calculation, we used Fe-speciation results from our V-partitioning analysis (Table 
A4), and we assumed a value of Kd, which describes Fe-Mg partitioning between olivine and melt, 
of 0.32. 
 Thermobarometry results are shown in Fig. 9. As slab depth increases, the pressure and 
temperature of melt equilibration also increase. The change in equilibration conditions vary 
dramatically from west to east. Equilibration temperatures range from 1200 °C (Seguam) to 1450 
°C (Shishaldin). These temperatures are fairly consistent with temperatures predicted for the core 
of the mantle wedge if the coupling depth is set to 50 km and vertical melt transport is assumed 
(Fig. 9). This coupling depth is significantly shallower than the commonly assumed depth of 80 
km, which has been suggested to be relatively universal based on heat flow data (Wada and Wang, 
2009). Equilibration pressures range from 1 GPa (Seguam) to 2.5 GPa (Shishaldin). These results 
indicate that melts in the east (Shishaldin) equilibrate at pressures in the wedge, and the pressure 
of equilibration progressively decreases until the pressure of equilibration is at the base of the crust 
in the west (Seguam). There is a mismatch between the pressures and temperatures of equilibration 
and results of the thermal model (Fig. 8), implying at either the chemical components 
representative of temperature (i.e., MgO) and pressure (i.e., SiO2) equilibrated under different 
conditions at physically different locations or the thermal model does not capture the correct 
conditions. 
5.5. Melt transport in the wedge 
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It is well known that corner flow in the mantle wedge may cause the trenchward migration 
of ascending magmas (Spiegelman and McKenzie, 1987), and this has been suggested for Mount 
St. Helens (Hansen et al., 2016). Therefore, a first-order question to address is whether the range 
of slab depths observed across the corridor are due to (1) variable extents of trenchward migration 
of magma produced at a similar slab depth or (2) magma generation at a range of slab depths. 
Central-eastern Aleutian magma have systematic relationships between slab depth and major, 
trace, and volatile elements (e.g., Figs. 5, 6). The simplest model to explain these observations is 
that melt transport is uniform (e.g., vertical), and the chemical trends we observe reflect changes 
in the physical conditions of the slab and overlying wedge. One key observation is the decrease 
H2O/Ce and H2O/K2O with an increase in slab depth, consistent increased slab temperature with 
slab depth. If scenario 1 were the case, we would need to explain why slab temperature proxies 
vary while the depth of melt generation is constant. Slab age, perhaps the most important control 
on the thermal structure of the slab (van Keken et al., 2002), is unlikely to cause variability in slab 
thermal structure because slab age is relatively constant in the central-eastern Aleutians (Syracuse 
and Abers, 2006). It has been shown that the slab-mantle coupling depth has a profound influence 
on the thermal structure of the wedge (Syracuse et al., 2010). However, it is unclear whether the 
coupling depth influences the downdip temperature of the slab to the same extent. The most likely 
explanation for the range in implied slab temperatures is that melt is generated at a range of slab 
depths, supporting scenario 2. 
6. Conclusions 
We have shown evidence for systematic relationships between slab depth and magma 
composition in the central-eastern Aleutian arc. H2O/Ce and H2O/K2O thermometry indicates that 
slab temperatures are 50 °C above the H2O-saturated sediment solidus at 65 km depth and 200 °C 
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above the solidus at 100 km depth. Sediment and fluid components (e.g., Th/La and Ba/La) 
decrease with increasing slab depth, which likely reflects decreasing trenchfill sediment thickness. 
Calculated temperatures of melt equilibration are most consistent with equilibration in the core of 
the mantle wedge if the commonly assumed slab-mantle coupling depth of 80 km is moved to a 
depth of 50 km. Variability in slab depth in the central-eastern Aleutians is unlikely to be due to a 
variable slab-mantle coupling depth or variable lateral melt transport in the wedge. 
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Figure 1. Our study area in the central-eastern Aleutian arc. (a) Map of the central-eastern Aleutian 
arc with an inset map of the entire Alaska-Aleutian arc (AMZ: Amlia fracture zone). Dashed lines 
are slab depth contours from Syracuse and Abers (2006). Plate boundary is from Bird (2003). 
Velocity vectors are for relative motions of the Pacific and North American plate and were 
calculated using the GSRM v2.1 plate velocity model (Kreemer et al., 2014). The basemap is from 
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the GeoMapApp program. (b) Plot of slab depths for the studied volcanoes (Sg – Seguam, Cl – 
Cleveland, Vs – Vsevidof, Ok – Okmok, Bg – Bogoslof, Mk – Makushin, Ak – Akutan, Wd – 
Westdahl, Fs – Fisher, Sh – Shishaldin). Open squares are our new results for slab depth, and filled 
circles are results from Syracuse and Abers (2006). (c) Global compilation of slab depths below 




Figure 2. Water content of melt inclusions. (a) Water contents of melt inclusions: n = 332 (this 
study; Rasmussen et al., 2018; Werner et al., in prep), n = 440 (Zimmer et al., 2010), n = 26 (Larsen 
et al., 2013), n = 24 Newcombe et al. (in prep), and n = 15 (Moore et al., 2015). Colored symbols 
indicate the maximum water content at a given slab depth for samples associated with the main 
vent, and labels are the same as those in Fig. 1. Black symbols plot all values for summit samples 
and open circles and X markers indicate melt inclusion data from side cones. Melt inclusions 
plotted with an X marker have high CaO (>12 wt.%). Slab depths are from our analysis. (b) Global 
compilation of the water contents of primitive arc magmas (Plank et al., 2013). (c) Relationship 
between tholeiitic index (THI) and H2O content. THI is an index of thoellitic vs. calc-alkaline 
differentiation (Zimmer et al., 2010). Values greater than 1 indicate tholeiitic differentiation. H2O 




Figure 3. Correlation between H2O/Ce and trace-element ratios. Volcano labels are the same as 
those in Fig. 1. H2O content is the maximum measured H2O content of melt inclusions from 
samples associated with the main vent at a given volcano. The strong correlations give evidence 
that maximum water content melt inclusions record melt compositions relatively unaffected by 
diffusive loss of H+ or degassing. Trace element data are averages of trace element concentrations 
of bulk rock samples with the same MgO content (±1 wt.%) as the maximum-H2O melt inclusions. 
We use these data because most of the maximum water content melt inclusions do not have trace 





Figure 4. S-P times for earthquakes that have catalog depths below the Moho in the central-eastern 
Aleutians. S-P times are the travel time differences between the arrival of P and S waves. Seismic 
stations are plotted individually, and each occurs on a different volcano: CLES – Cleveland, OKFG 
– Okmok, MNAT – Makushin, AKRB – Akutan, WEBT – Westdahl, and SSLS – Shishaldin. 
Higher S-P times indicate a greater depth of origin. Minimum S-P times at each station are assumed 
to represent the top of the slab, which is shown with a dashed line. Moving east the minimum S-P 
times increase, indicating an increasing slab depth. Slab depths calculated using our preferred VP 





Figure 5. Relationship between slab depth and major and trace elements. Volcano labels are the 
same as those in Fig. 1. Trace-element ratios are average trace-element ratios of bulk rock samples 
with 5 ±1 wt.% MgO, and Si5 is the average SiO2 concentration of bulk rock samples with 5 ±1 
wt.% MgO. Trace-element ratios are tracers of various components of the slab. Th/La traces 
sediment, Ba/La fluid, and Dy/Yb may trace melting of the ocean crust. All these signatures 




Figure 6. Slab fluid and sediment tracers. Volcano labels are the same as those in Fig. 1. Th/Nb is 
a common sediment tracer, and Ba/La and Li/Y are typically used to track slab fluids. The overall 
correlation between fluid and sediment tracers in the Aleutians has been previously identified 
(Kelemen et al., 2003), and the implication is that fluid and sediment components are not 




Figure 7. Unmixing mantle and slab components of H2O/Ce and H2O/K2O. Volcano labels are the 
same as those in Fig. 1. (a, b). We use the method of Cooper et al. (2012) to determine the 
composition of the slab-fluid component. E-MORB is assumed to be representative of the mantle 
component (Plank, 2005; Cooper et al., 2012). Nb, Ce, and K2O contents of E-MORB are from 
Gale et al. (2013). H2O contents of the mantle are from Dixon et al. (2002). H2O/Ce and H2O/K2O 
are assumed to not fractionate during mantle melting. Nb/Ce for the slab fluid is assumed to be 
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0.04 (Cooper et al., 2012) and an arbitrarily small number (1) for Nb/K2O. (c, d). Correlations 
between H2O/Ce and Nb/Ce and Ba/La using the H2O/Ce of the slab fluid endmember.  
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Figure 8. Relationship between slab depth and both H2O/K2O and H2O/Ce. Volcano labels are the 
same as those in Fig. 1. H2O/K2O and H2O/Ce are calculated slab fluid endmembers (Fig. 7). 
H2O/K2O and H2O/Ce can be used as slab-surface thermometers (Hermann and Spandler, 2007; 
Plank et al., 2009). Higher ratios indicate lower temperatures. Results shown in (a) and (b) indicate 
that slab temperature increases with depth, as expected. (c) Plot of temperature relative to the fluid 
saturated sediment solidus derived from H2O/K2O and H2O/Ce ratios. We used the pressure 




Figure 9. Relationship between slab depth and both the temperature (Tequil) and pressure (Pequil) 
of melt equilibration in the mantle. Volcano labels are the same as those in Fig. 1. Melt inclusions 
with >4 wt.% MgO were corrected to Fo90-equilibrated compositions. Temperature and pressure 
of mantle equilibration for these melts was calculated using the thermobarometer of Lee et al. 
(2009). Plotted values are averages of the results. Tequil are generally consistent with melt 
equilibration in the core of the wedge if the mantle-slab coupling depth is set to 50 km. Pequil for 
western volcanoes record shallower pressures of equilibration (near Moho at Seguam), and Pequil 




Figure 10. Thermal model for the Aleutians with a coupling depth of 50 km (P. Van Keken, pers. 
comm.). White stars indicate the pressure of melt equilibration along a vertical path from the slab 
to the volcano, black stars show the temperature of melt equilibration, and yellow diamonds show 
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